
Chapter 2
Thermal Properties of Rocks and Density
of Fluids

2.1 Thermal Conductivity

Thermal conductivity or the thermal conductivity coefficient of a material defines
its ability to transfer heat. Consider an infinite plane wall of a certain material with
a thickness of one unit in length. The sides of the wall are maintained at constant
temperatures and the temperature difference is equal to 1 �C.

Let us also assume that a sensor can measure the amount of heat per unit of the
area of the wall per unit of time. In this case the amount of heat measured will be
numerically equal to the thermal conductivity coefficient (k) of the given material.
The dimension of this quantity in SI is J m-1 s-1 K-1 or W m-1 K-1.

It was found experimentally that the amount of heat transferred through the wall
(qA) is proportional to the area (A) and to ratio of the temperature difference (DT)
to the wall thickness (Dx). This statement is known as Fourier’s law (or equation)
of thermal diffusion. In the differential form, the Fourier law for a unit of area may
be expressed by the formula,

q ¼ �k
oT

ox
; ð2:2:1Þ

where q is the heat flow rate in the direction of x. The negative sign is due to the
fact that heat flows in the direction of lower temperatures.

Thus, the coefficient of proportionality in Eq. (2.2.1) is the thermal conductivity
(in the direction of x) coefficient. In the hydrodynamics of flow of incompressible
fluids through porous media, an analogous equation was suggested by Darcy. In
the Darcy equation, the flow rate is proportional to the pressure gradient and the
coefficient proportionality is the permeability and hydrodynamic viscosity ratio
(mobility). Similarly, in electrical current conduction, according to Ohm’s for-
mula, the current is proportional to the voltage gradient. The coefficient of pro-
portionality here is the specific electrical conductivity. Thus there is a
correspondence between the thermal conductivity coefficient, mobility, and
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specific electrical conductivity. The thermal conductivity of formations is depen-
dent on temperature, pressure, porosity, composition, and properties of pore-filling
fluids and gases. Values of thermal conductivity coefficients range widely for rocks
and pore-filling substances (Table 2.1).

All pore-filling fluids have lower k values than rocks and this causes the overall
thermal conductivity to decrease with increasing porosity (Poelchau et al. 1997).
Examples of the effect of porosity are presented in Fig. 2.1.

For low porosity formations, temperature has a major effect on variation of
thermal conductivity (Fig. 2.2, Table 2.2).

Table 2.1 Thermal conductivitiesa of some geological materials (Poelchau et al. 1997)

Material Wm-1 K-1 Source

Earth’s crust 2.0–2.5 Mean value, Kappelmeyer and Hänel (1974)
Rocks 1.2–5.9 Sass et al. (1971)
Sandstone 2.5 Clark (1966)
Shale 1.1–2.1 Clark (1966), Blackwell and Steele (1989)
Limestone 2.5–3 Clark (1966), Robertson (1979)
Water 0.6 at 20 �C Birch et al. (1942)
Oil 0.15 at 20 �C Birch et al. (1942)
Ice 2.1 Gretener (1981)
Air 0.025 CRC (1974) Handbook
Methane 0.033 CRC (1974) Handbook
a Please take into account that measured conductivities and some other thermal properties of
rocks observed in various regions (and even within the same regions) may vary due to influence
of different physical-chemical factors

Fig. 2.1 Thermal conductivity of sandstone as a function of porosity and pore fluid at ambient
temperature and pressure (Poelchau et al. 1997)
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Birch and Clark (1940) suggested that the reciprocal of thermal conductivity
(thermal resistivity) might be a linear function of the temperature. Blesh
et al. (1983) found that the agreement between the best-fit line and experimental
data for several rocks for temperatures up to 300 �C is acceptable, and does not
vary by more than 3 %. Coefficients of the equation

Fig. 2.2 Variation of the
thermal conductivity of salt
with temperature (Blesh et al.
1983)

Table 2.2 Temperature effect on thermal conductivity (values are given in 10-3 cal/cm s �C;
1 9 10-3 cal/cm s �C = 41.86 m Wm-2) of sedimentary rocks (Kappelmeyer and Hänel 1974)

Formation q (g/
cm3)

0 �C 50 �C 100 �C 200 �C 300 �C 400 �C 500 �C

Dolomite 2.83 11.9 10.30 9.30 7.95
Limestone 2.60 7.20 6.14 5.53 4.77
Limestone, parallel 2.60 8.24 7.55 7.04 6.54
Limestone, perpend. 2.69 6.09 5.68 5.41
Quartz-sandstone, parallel 2.64 13.6 11.80 10.60 9.00
Quartz-sandstone, perpend. 2.65 13.1 11.40 10.30 8.65
Shale 2.17 2.25 2.38 2.54 2.68 2.83
Slate, parallel 2.70 6.35 6.05 5.85 5.50 5.20 4.95 4.80
Slate, perpend. 2.76 4.83 4.40 4.23 4.08
Calcite, parallel 27.3 22.40 19.00 15.1 12.30 10.30
Calcite, perpend. 16.3 13.50 11.80 9.70 8.40 7.40
Halite 2.16 14.6 12.00 10.05 7.45 5.95 4.98
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k�1 ¼ a0 þ a1T ð2:1:2Þ

are presented in Table 2.3.
As shown in Table 2.3 the thermal conductivity for shale parallel to bedding is

higher than the vertical thermal conductivity. For sedimentary rocks, thermal
anisotropy ratios (horizontal to vertical) up to 2.5 have been reported (Kappel-
meyer and Hänel 1974; Gretener 1981; Popov et al. 1995). Kutas and Gor-
dienko (1971) proposed the following empirical formula for estimating the
thermal conductivities of sedimentary formations at temperatures of up to 300 �C,

kT ¼ k20 � k20 � 3:3ð Þ exp 0:725
T � 20

T þ 130

� �
� 1

� �
; ð2:1:3Þ

where k20 is the thermal conductivity coefficient at 20 �C in 10-3 cal s-1 cm-1 �C.
This formula is accurate within 5–10 %. Only one value of kT is needed to use the

latter formula. For example, let assume that the value of the thermal conductivity
coefficient at T = 50 �C is known. Then from the equation above the value of k20 is
calculated. The increase in thermal conductivity with pressure (p) can be accounted
for by the following equation (Kappelmeyer and Hänel 1974):

k ¼ k0 1þ dpð Þ; ð2:1:4Þ

where k0 is the thermal conductivity coefficient at normal pressure, and r is the
pressure coefficient of the thermal conductivity.

Very few experiments have been conducted to estimate the values of r. From
experiments at pressures up to 10,000–12,000 kg cm-2 the calculated values of r
were small: for rocksalt 3.6 9 10-5; for dry and wet limestone with a density of
2.31 g/cm3 9.5 9 10-5 and 1.35 9 10-5; and for dry and wet sandstone with a
density of 2.64 g/cm3 respectively 2.5 9 10-4 and 5.7 9 10-5 kg-1 cm2 (Kap-
pelmeyer and Hänel 1974). However, at lower pressures (up to 205 kg cm-2)
higher values of d were obtained (Hurtig and Brugger 1970, Table 2.4).

The average values of heat conductivity for certain rocks are presented in
Table 2.5.

It should be noted that in Table 2.5 the values of heat conductivity listed for some
rocks (for example for granites, gneisses, amphibolites, limestones) reproduced
from Sharma (2002) are too high relative to other data. For example the average
value of heat conductivity of granites is 3.07 W/(m K) and has a range of
2.3–3.6 W/(m K) (Sharma 2002) conflicts with the value of 2.2 W/(m K) presented

Table 2.3 Coefficients of the
least-squares fit for thermal
conductivity data (Blesh et al.
1983)

Rock a0 (m �C/W) a1 9 104 (m/W)

Salt 0.1605 7.955
Granite 0.3514 3.795
Basalt 0.8684 -6.146
Shalevert 0.5297 2.215
Shalehor 0.7167 2.949
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in Lide (2005), which is completely out of the range reported by Sharma (2002).
The value of heat conductivity for granites 2.5–2.6 W/(m K) presented by Côté and
Konrad (2005) is also much smaller. At the same time, the average heat conductivity
value for basalts presented by Sharma (2002) of 1.69 W/(m K) [with a range of
1.12–2.38 W/(m K)] appears too low compared even to the value of 2 W/(m K)
presented in Lide (2005). However these discrepancies could have been caused by
the local characteristics of the rocks and/or sampling dependence. For instance, the
ranges of heat conductivity values for some rocks presented in Sharma (2002) are
very wide [such as 1.35–4.86 W/(m K) for andesite; 1.82–4.73 W/(m K) for
amphibolite, 1.63–6.26 W/(m K) for limestone], which can definitely render the
average value sample-dependent.

Another explanation for these different and elevated values may be the varying
degrees of water saturation in the samples. It is well established that samples
saturated with water have much higher values of heat conductivity than dry
samples (Pribnow et al. 1996; Cho et al. 2009; Shim et al. 2010). Porosity also
significantly affects values of heat conductivity. Cho et al. (2009) reported that
values of heat conductivity of dry granites range from 2.12 W/(m K) for rocks with
high porosity to 3.12 W/(m K) for those with low porosity. The heat conductivity
of rocks also depends on their mineralogical composition. For example, the heat
conductivity of granites depends considerably on their quartz [*7.69 W/(m K)]
and albite [2.14 W/(m K)] (Kim et al. 2007) content, two key components of this
rock. In addition, in different localities even the same kinds of rock could have
been formed under different conditions and can have significantly different heat

Table 2.4 Effect of pressure
on thermal conductivity of
sedimentary rocks. Thermal
conductivity data (Hurtig and
Brugger 1970)

Sample k at 0.4 kg/cm2

(10-3 cal/cm s �C)
Pressure
(kg/cm2)

d (10-3 kg/cm2)

Sandstone
No. 172 6.84 0.4–164 0.434
No. 224 5.51 0.4–164 0.612
No. 234 6.69 0.4–164 0.626
No. 286 7.50 0.4–164 0.931
No. 313 9.44 0.4–164 0.905
No. 343 8.51 0.4–41 3.43
Limestone
No. 19 5.06 0.4–164 0.599
No. 34 4.22 0.4–164 0.185
No. 102 7.67 0.4–164 0.406
No. 260 4.33 0.4–123 0.808
No. 270 3.53 0.4–164 0.579
Dolomite
No 103 7.62 0.4–123 1.71
No. 365 6.18 0.4–123 0.928

After Kappelmeyer and Hänel (1974)
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conductivity values. The average heat conductivity of gabbro from the Mid-
Atlantic ridge is 2.20 W/(m K) (calculated using data from Cannat et al. 1995;
Kelemen et al. 2004), but its value from the East Pacific Rise is 2.58 W/(m K)
(calculated using data from Gillis et al. 1993).

Such discrepancies prove that it is wise to use data obtained from local rocks to
conduct geothermal calculations and analyze the geothermal regime of a region,
since applying published average values not related specifically to the rocks and
conditions of the target area can clearly lead to significant error.

Table 2.5 Average values of heat conductivity k of certain rocks [in W/(m K)]

Rock From published dataa After Sharma (2002)

No. of samples Average heat
conductivity

Average heat
conductivity

Sand 1,149 1.79 1.1–2.1
Siltstone 476 1.58 –
Argillite, clay schist 783 1.67 2.09
Clay 660 1.43 0.8–1.5
Marl 217 1.78 –
Limestone 781 2.37 3.44
Chock 21 1.63
Granite 383 2.68 3.07
Granodiorite 83 2.79 2.63
Porphyrite 137 1.74 –
Diorite 78 2.10 2.5
Andesites, andesite-

basalt
81 1.87 2.26

Basalt 98 2.11 1.69
Diabase 67 2.50 2.2
Gabbro 116 2.47 2.57
Schist 181 2.55 –
Gneiss 88 2.41 2.7–3.1
Amphibolite 47 2.39 3.33
Gneiss-granite 35 2.04 –
Quartzite – 5.00 5.03
Anhydrite – – 5.43
Harzburgite 106 2.69 –
Dunites 23 2.77 –
Olivine gabbro 55 2.65 –
Gabbro-norite 36 2.22 –
a Compiled using data from (Birch et al. 1942; Dakhnov and Dyakonov 1952; Lubimova et al.
1964; Magnitsky 1965; Clark 1966; Lubimova 1968b; Dmitriev et al. 1969; Aliev and Mekhtiev
1970; Kutas and Gordienko 1971; Mekhtiev et al. 1971, 1972, 1973; Starikova and Lubimova
1973; Lubimova and Smirnova 1974; Aliev et al. 1977; Zinger and Kotrovsky 1979; Gillis et al.
1993; Cannat et al. 1995; Kelemen et al. 2004)
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2.2 Thermal Capacity

This parameter is defined as the amount of energy required to raise the temperature
of a unit of the mass of a substance by 1�. The specific heat indicates the capability
of the formations to store heat. The dimension of specific heat in the SI is: J/kg K.

The specific heat can be measured at constant pressure (cp) or at constant
volume (cv). For an incompressible material the specific heats are equal to one
another, c(T) = cp(T) = cv(T). The c(T) is a weak function of the temperature and
for a wide temperature interval it can be approximated by a linear equation,

c Tð Þ ¼ c Tið Þ þ b T � Tið Þ; ð2:2:1Þ

where Ti is the initial temperature, and b is the coefficient.
From experimental data (Somerton 1958) we calculated parameters in Eq. (2.2.1)

for several rocks. For the 70 �F (21 �C)–620 �F (327 �C) interval we obtained the
following values for sandstone c (70 �F) = 0.197 Btu/lbm-1 �F-1 and
b = 1.24 9 10-4 Btu lbm-1 �F-2. The corresponding values of c (70 �F) and b are:
0.190 and 1.43 9 10-4 for shale; and 0.203 and 1.12 9 10-4 for siltstone. Very
often a density and specific heat product (qc)—volumetric heat capacity is used. For
fluid-saturated rocks at high temperatures the effective specific heat of the reservoir
(cR) can be estimated from the following equations (Prats 1982):

cR ¼
MR

qa
ð2:2:2Þ

MR ¼ 1� uð ÞMd þ u SoMo þ SwMwð Þ þ uSg

� fMg þ 1� fð Þ qsLv

DT
þ qsCw

� �� �
; DT ¼ 1 �C

8><
>:

9>=
>;; ð2:2:3Þ

qa ¼ qd 1� /ð Þ þ / Soqo þ Swqw þ Sgqg

� �
; ð2:2:4Þ

where qa is the average density, MR is the effective volumetric capacity, a is
porosity, f is the volume fraction of non-condensable gas in the vapor phase; Mr,
Mo, Mw, and Mg are the isobaric volumetric heat capacities of the solid, oil, water,
and gas respectively; So, Sw and Sg are the saturation of the fluid and gas phases; Lv

is the latent heat of vaporization of water; cw is the isobaric specific heat capacity
of water; qs is the steam density, qr, qo, qw and qg are the densities of the solid, oil,
water, and gas phases, respectively.

Some values of the thermal capacity of typical formations have been presented
in the literature (Kappelmeyer and Hänel 1974; Proselkov 1975; Somerton 1992)
Some thermal properties after Proselkov (1975) are presented in Tables 2.6, 2.7.

The average values of specific heat capacity (c) for certain rocks are presented
in Tables 2.8 and 2.9. Published data were used to compile Table 2.8 (Birch et al.
1942; Dakhnov and Dyakonov 1952; Lubimova et al. 1964; Magnitsky 1965;
Clark 1966; Lubimova 1968b; Dmitriev et al. 1969; Aliev and Mekhtiev 1970;
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Kutas and Gordienko 1971; Mekhtiev et al. 1971, 1972, 1973; Starikova and
Lubimova 1973; Lubimova and Smirnova 1974; Aliev et al. 1977; Zinger and
Kotrovsky 1979).

Schärli and Rybach (2001) reported values of specific heat cp of 752 J/(kg K)
for granodiorite, 775 J/(kg K) for diorite, 720 J/(kg K) for granite, and 827–855 J/
(kg K) for peridotite.

2.3 Thermal Diffusivity

Under transient conditions this parameter determines how fast the temperature
field of a solid changes with time. The coefficient of thermal diffusivity (a) is
expressed by the formula

Table 2.7 Thermal properties of rocks (average data), after Proselkov (1975)

Formation q 9 10-3 (kg/m3) a 9 107 (m2/s) k (W/m �C) c 910-3 (J/kg �C)

Chalk 1.810 4.73 0.82 0.959
Chalk, compacted 1.920 5.80 1.02 0.922
Marl 1.970 4.04 1.38 1.734
Dolomite 2.753 9.95 2.11 0.802
Clayey limestone 2.644 9.05 1.96 0.844
Limestone 2.714 9.60 2.20 0.851
Clay 2.080 3.21 1.42 2.127
Sandy shale 2.057 3.21 1.42 2.151
Argillite 2.555 9.94 2.25 0.838
Sandstone, oil-bearing 2.198 11.57 1.70 0.737
Clayey siltstone 2.566 10.80 2.22 0.795
Quartzite schist 2.710 18.00 4.19 0.858

Table 2.6 Thermal properties of rocks in the Romashkino oil field (Russia), after Proselkov
(1975)

Formation q 9 10-3 (kg/
m3)

a 9 107 (m2/
s)

k [W/
(m �C)]

c 9 10-3 (J/
kg �C)

Dolomite 2.75 9.95 2.11 0.802
Limestone 2.70 9.6 2.2 0.851
Clayey limestone 2.65 9.05 1.96 0.844
Argillite 2.3 9.94 2.25 0.838
Siltstone 2.55 10.8 2.22 0.795
Siltstone, oil-bearing 2.3 12.9 2.8 0.88
Clayey sandstone 2.5 14.3 3.36 0.915
Sandstone, fine-grained 2.55 7.19 1.55 0.844
Sandstone, fine-grained 2.4 10.5 1.85 0.845
Sandstone, oil-bearing 2.09 12.54 2.28 0.876
Sandstone, oil saturated 2.2 11.57 1.7 0.737
Sandstone, water

saturated
2.3 12.8 2.46 0.84
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a ¼ k
qc
: ð2:3:1Þ

The dimension of thermal diffusivity is m2/s. In hydrodynamics, the analogous
quantity is hydraulic diffusivity (the ratio of mobility to the product of porosity and
total system compressibility). Some values of the thermal properties of certain
formations have been presented in the literature (Birch and Clark 1940;
Clark 1966; Kappelmeyer and Hänel 1974 (Table 2.10); Somerton 1992).

The average values of thermal diffusivity (a) for certain rocks are listed in
Table 2.11 from published data (Birch et al. 1942; Dakhnov and Dyakonov 1952;

Table 2.8 Average values of
specific heat capacity [c in
10-3 J/(kg K)] for some
rocks

Rock N c

Sand 130 0.96
Siltstone 42 0.87
Argillite, clay schist 18 0.86
Clay 116 1.10
Marl 19 1.55
Limestone 108 0.89
Chock 13 1.86
Granite 87 0.95
Granodiorite 11 1.02
Porpyrite 11 0.91
Diorite 4 1.00
Basalt 12 1.23
Diabas 12 0.87
Gabbro 13 0.98
Schist 95 1.10
Gneiss 14 1.02
Amphibolite 7 1.13
Gneiss-granite 15 1.11

Table 2.9 Average values of
specific heat capacity [c in
10-3 J/(kg K)] for some
rocks (after ETB 2011)

Rock, mineral Specific heat capacity (Cp) [kJ/(kg K)]

Augite 0.8
Basalt rock 0.84
Dolomite rock 0.92
Garnet 0.75
Granite 0.79
Hornblende 0.84
Hypersthene 0.8
Labradorite 0.8
Lava 0.84
Limestone 0.84
Sand 0.8
Sandstone 0.92
Serpentine 1.09
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Lubimova et al. 1964; Magnitsky 1965; Clark 1966; Lubimova 1968b; Dmitriev
et al. 1969; Aliev and Mekhtiev 1970; Kutas and Gordienko 1971; Mekhtiev et al.
1971, 1972, 1973; Starikova and Lubimova 1973; Lubimova and Smirnova 1974;
Aliev et al. 1977; Zinger and Kotrovsky 1979).

2.4 Melting Points of Rocks and Minerals

The melting point of a substance is the temperature at which the solid and liquid
phases exist in equilibrium and the substance can be transformed from one of these
states into the other. Transformations of one state to another are known as the

Table 2.10 Thermal properties of sedimentary rocks at temperature of 50 �C (Kappelmeyer and
Hänel 1974)

Material n q, qaver (g/cm3) k, kaver (10-3

cal/cm s �C)
n c, caver

(cal/g �C)
a, aaver

(10-3 cm2/s)

Anhydrite 7 2.65–2.91 9.80–14.50 7 – 17.00–25.7
2.80 12.61 – 22.41

Clay 3 2.49–2.54 5.20–5.40 3 0.213–0.240 8.53–10.18
2.52 5.30 0.223 9.50

Clay marl 7 2.43–2.64 4.14–6.15 7 0.186–0.234 8.01–11.66
2.54 4.87 0.205 9.34

Claystone 15 2.36–2.83 4.17–8.18 9 0.197–0.223 8.24–15.80
2.60 5.68 0.211 12.18

Dolomite 6 2.53–2.72 6.01–9.06 6 0.220–0.239 10.75–14.97
2.63 7.98 0.228 11.17

Schistose clay 3 2.42–2.57 4.60–5.50 3 0.218–0.222 8.10–10.24
2.49 5.13 0.220 9.37

Limestone 11 2.41–2.67 4.05–6.40 0.197–0.227 8.24–12.15
2.55 5.28 0.204 10.54

Limestone 6 2.58–2.66 5.58–8.38 6 0.197–0.220 10.78–15.21
2.62 6.75 0.210 12.18

Lime marl 2 2.43–2.62 4.40–5.74 2 0.200–0.227 9.04–9.64
2.53 5.07 0.214 9.34

Marl 3 2.59–2.67 5.55–7.71 3 0.217–0.221 9.89–13.82
2.63 6.44 0.219 11.18

Marly clay 2 2.46–2.49 4.21–4.82 3 0.183–0.236 7.17–10.72
2.47 4.52 0.210 8.94

Clay slate 2.62–2.83 3.45–8.79 5 0.205–0.205 6.42–15.15
5 2.68 5.13 0.205 9.26

Salt 2.08–2.28 10.7–13.7 14 – 25.20–33.80
14 2.16 13.19 – 30.60

Salt slate 2.13–2.57 3.00–10.00 7 – 6.38–21.70
7 2.37 6.59 – 13.90

Sandstone 2.35–2.97 5.20–12.18 31 0.182–0.256 10.94–23.62
54 2.65 7.75 0.197 16.45
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fusion point, freezing point or crystallization point. The melting point of rocks and
minerals is an extremely important feature because it characterizes the temperature
at which different rocks and minerals change from a solid to a liquid and back. The
process of melting and solidification of rocks and minerals can also be defined by
the liquids and solidus temperatures of a substance, which together with the
melting point are fundamental physical properties of every rock and mineral. The
solidus temperature is the temperature (or curve on a phase diagram) below which
a substance is completely solid. It quantifies the temperature at which the melting
of a substance begins, while not yet completely melted. Conversely, the liquidus
temperature is the temperature at which a substance is completely melted and
homogeneous. No crystals can exist within the substance above this temperature.
Similarly, below the liquidus temperature the crystallization of a substance begins
while it is not yet completely solid.

Merely reaching the melting point temperature does not guarantee that the
substance will begin melting, since the melting process requires additional heat
energy to convert it from a solid to a liquid state. The amount of additional energy
needed is termed the latent heat of fusion; i.e., the amount of energy absorbed by a
substance during a change of state from a solid to a liquid. In the case of the
solidification of a melt, the latent heat of fusion (crystallization) represents the
amount of heat released during the conversion of the melt to a solid state at the
melting point. The latent heat of fusion is also a characteristic physical parameter
that varies for different rocks and minerals.

Thus, overall, the melting point, the solidus and liquidus temperatures, and the
latent heat of fusion are parameters expressing the heat energy of rock and/or

Table 2.11 Average values
of thermal diffusivity (a, in
10-7 m2/s) for some rocks

Rock N a

Sand 154 9.57
Siltstone 45 10.28
Argillite, clay schist 23 9.76
Clay 126 7.30
Marl 26 7.53
Limestone 115 10.92
Chock 13 4.77
Granite 92 9.13
Granodiorite 16 5.15
Porpyrite 23 9.54
Diorite 10 6.38
Basalt 13 5.34
Diabas 13 9.93
Gabbro 21 9.70
Schist 106 9.60
Gneiss 15 7.98
Amphibolite 9 6.84
Gneiss–granite 18 7.24
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mineral at the temperature when it transforms from a solid to a liquid or vice versa.
These parameters are crucial for analyzing the heat capacity and level of heat
transfer during the formation of magma, the uplift of magma to the surface,
magma eruption, and other related processes. The melting point of different rocks
and minerals is important for estimating the amount of heat energy contained
within the magma-ocean, the amounts released during differentiation and solidi-
fication of the magma-ocean, the rates of cooling of different layers of the magma-
ocean, the amounts of heat energy needed to form magma chambers within solid
crustal layers, the amount of heat transferred by erupting magma, etc. The melting
point can also reveal which mineral would be first to solidify within the magma-
ocean and in what sequence others would follow within its different layers or
magma chambers. The melting points of some key minerals and rocks are pre-
sented in Tables 2.12 and 2.13.

Note that the melting point of any rock or mineral increase with increases in
pressure, and therefore with depth. See for example Table 2.14.

On the other hand, it is well-known that the melting point of rocks and minerals
drops significantly with increases in water, carbon dioxide or iron content. For
instance, at a depth of about 100 km, peridotite begins to melt at a temperature of

Table 2.12 Melting points of some rock-forming minerals

Mineral Melting point (K) References

Fayalite 1,490 Hewins et al. (1996)
Fayalite 1,478 Yoder (1976)
Forsterite 2,163 Hewins et al. (1996)
Forsterite 2,163 Yoder (1976)
Forsterite 2,171 Speight (2005)
Enstatite 1,830 Speight (2005)
Clinoenstatite 1,830 Hewins et al. (1996)
Ferrosilite 1,413 Speight (2005)
Albite 1,391 Hewins et al. (1996)
Albite 1,393 Hall (1995)
Anorthite 1,830 Hewins et al. (1996)
Christobalite 1,996 Hewins et al. (1996)
Diopside 1,664 Hewins et al. (1996)
Diopside 1,665 Wenk and Bulakh (2004)
Fe metal 1,889 Hewins et al. (1996)
Wollastonite 1,813 Nikonova et al. (2003)
Augite 1,440–1,455 Thy et al. (1999)
Low-Ca pyroxene 1,386–1,426 Thy et al. (1999)
Olivine (Fo82) 1,955 Del Gaudio et al. (2009)
Olivine (Fo85) 1,993 Del Gaudio et al. (2009)
Pyrope 1,575–1,609 Van Westrenen et al. (2001)
Pyrope 1,570 Téqui et al. (1991)
K-feldspar 1,423 Best (2002)
Pure leucite 1,958 Best (2002)
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about 1,073 K with the presence of excess water, but at the same depth, dry
peridotite will start melting at about 1,773 K (Grove et al. 2006). The solidus
temperature of lherzolite containing 5 % water is about 1,273 K at *0.5 GPa, and

Table 2.13 Melting points of some rocks

Rock Melting point (K) References

Basalts *1,473 Adylov and Mansurova (1999)
Basic rocks with Fe# = 0.35 *1723 Yoder (1976)
Basic rocks with Fe# = 0.50 *1,503 Yoder (1976)
Basic rocks with Fe# = 1.00 1,273 Yoder (1976)
Basalt (beginning of melting at 0.1 MPa) 1,273 Yoder (1976)
Basalt 1,343 Hall (1995)
Basalt 1,413 Hall (1995)
Basalts 1,473 Faure (2000)
Basalt, gabbro 1,473 Bayly (1968)
Rhyolite, granite 1,073 Bayly (1968)
Granites 973–1,123 Attrill and Gibb (2003)
Granite 1,173 Hall (1995)
Granite 1,223 Hall (1995)
Komatiites 2,063 Grove and Parman (2004)
Andesite 1,373 Tamura et al. (2003)
Andesite 1,343 Hall (1995)
Eclogite 1,573 Anderson (2007)
Tonalite 1,173 Hall (1995)
Tholeiitic basalta 1,423–1,498 Hall (1995)
Basaltic andesitea 1,293–1,383 Hall (1995)
Leucite basalta 1,368 Hall (1995)
Rhyolitea 1,008–1,163 Hall (1995)
Rhyodacitea 1,173–1,198 Hall (1995)
Andesite pamicea 1,213–1,263 Hall (1995)
Dacitea 1,198 Hall (1995)
Peridotite 1,363 Faure and Mensing (2007)
MORBa 1,516–1,624 Falloon et al. (2007)
OIBa 1,559–1,645 Falloon et al. (2007)

a Extrusion temperatures of lavas

Table 2.14 Melting point of peridotites at different pressures

Peridotite Pressure (GPa) Melting point (K) References

0 1,363 Faure and Mensing (2007)
Dry peridotite *3 1,613 Faure and Mensing (2007)

*13.2 1,973 Faure and Mensing (2007)
1 1,483 Lee et al. (2009)

Dry lherzolite solidus *3 1,713 Lee et al. (2009)
*6 1,973 Lee et al. (2009)

Dry peridotite 0 1,400 Schubert et al. (2001)
*3 1,700 Schubert et al. (2001)
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about 1,653 K at *4 GPa (Lee et al. 2009). However, the solidus temperature of
lherzolite containing 10 % water is about 1,273 K at 1.25 GPa, and about 1,543 K
at *4 GPa (Lee et al. 2009). At standard pressure, peridotites melt at tempera-
tures of *1,400 K in the absence of water and other volatiles, and their solidus
increases with pressure to around 1,700 K at *3 GPa (Schubert et al. 2001).
However, even concentrations of H2O as low as only 0.1 % reduce the standard
pressure melting point to *1,340 K, and it actually continues to decrease with
pressure, reaching a minimum near 1,270 K at about 3 GPa (Schubert et al. 2001).
At higher pressures and greater water content, the melting point of peridotite can
drop by about 300–400 K (Schubert et al. 2001).

Experiments document that in the presence of carbon dioxide, the peridotite
solidus temperature decreases by *200 K at a depth of about 70 km, whereas at
greater depths the carbon dioxide present can reduce the initial melting temper-
atures of a carbonated peridotite by about 450–600 K compared to the same
composition devoid of carbon dioxide (Dasgupta and Hirschmann 2007). Schubert
et al. (2001) also indicated that the presence of CO2 lowers the melting point.

Lastly, the increase of iron content also significantly lowers the melting point of
silicates (Kushiro et al. 1968; McCall 1973; Pilchin and Eppelbaum 2004, 2006).
We can see this by comparing the melting points of Mg-rich to Fe-rich olivines
(forsterite and fayalite) to orthopyroxenes (enstatite and ferrosilite). See
Table 2.12, which reveals this trend.

2.5 Effect of Thermal Anisotropy

The term ‘‘anisotropy’’ can be defined as an observed difference when measure-
ments are made on different axes of a given material (in our case geological rock).
The thermal anisotropic properties of graphitic, coal, pyritized and other shale,
stratified clays and sandstone, some types of sulphide ores, igneous (for instance,
xenoliths) and metamorphic rocks were identified some years ago (Lubimova
1968a, b; Cheremensky 1977; Brigaud 1989; Clauser and Huenges 1995). Sim-
mons (1961) underlined that the thermal conductivity calculated in a single
borehole through anisotropic rock will not correspond to the thermal conductivity
parallel to the borehole.

Clauser and Huenges (1995) suggested the following three-tier classification:

1. Anisotropic of minerals (microscopic scale),
2. Anisotropy of rocks (laboratory scale). However, even if rocks are composed of

anisotropic minerals, the common random orientation of the crystals within the
rock may affect the rock’s thermal conductivity isotropically,

3. Anisotropy of rock complexes (areal or regional scale). Tectonic processes such
as folding, orogeny, displacement etc., the thermal conductivity of the resulting
rock formation may be either isotropic as or anisotropic.
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It should be noted that methods of anisotropy calculation have been studied in
detail in electric prospecting (e.g., Dakhnov 1972) which makes it possible to
transfer the obtained solution (with necessary modifications) to thermal data
analysis.

In a first approximation, anisotropic rock may be present as two-component
medium consisting of interbedding of alternations with a thickness of h1 and h2

and thermal conductivities k1 and k2. Thus we can calculate a coefficient of
thermal anisotropy j:

j ¼

ffiffiffiffiffi
ks

kn

s
¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1þ m 1� mð Þ k1 � k2ð Þ2

k1k2

s
; m ¼ h1

h1 þ h2
; ð2:5:1Þ

where kT and kn are the longitudinal jjð Þ and transversal ?ð Þ thermal conductiv-
ities, respectively. In any case kT C kn. The value of j increases with increasing
number of alterations and reaches its maximum value by m = 0.5 (Fig. 2.3). The
relation kT/kn for claystone and limestone of Donbas (Ukraine) were found to be
1.6 and 1.4, respectively (Kutas and Gordienko 1971). Popov et al. (2003)
described the significant effect of thermal anisotropy of sedimentary rocks on other
physical parameters and underlined the advantage of using the component kT.

2.6 Effect of Temperature and Pressure on the Thermal
Properties of Rocks and Minerals

Analysis of experimental data on the variance of thermal parameters with
increases in temperature and pressure shows that in general, heat conductivity (k)
declines, heat capacity (Cp) increases and thermal diffusivity (a) decreases con-
siderably with increases in temperature. Stated differently, at low and moderate
temperatures (up to 573–773 K) the value of heat conductivity varies propor-
tionally with the reciprocal of the temperature (Lubimova 1968b; Clauser and
Huenges 1995, amongst others), but the actual relationships between these two

Fig. 2.3 Relationships:
a between the coefficient of
thermal anisotropy j and
parameter m, b between the
maximal value of j and ratio
k2=k1 (after Cheremensky
1977)
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parameters are more complicated. For example, Eucken’s empirical law (1911)
shows that the thermal resistivity (l/kl) of a crystalline dielectric at T C h is
directly proportional to its absolute temperature (Petrunin and Popov 1995):

1
k1
¼ const � T ; ð2:6:1Þ

which can be described by the equation (Litovsky and Shapiro 1992):

k ¼ C þ DTð Þ�1; ð2:6:2Þ

where C and D are the material-dependent constants.
To determine the thermal conductivity of most rocks in the upper crust, Čermak

and Rybach (1982) used the equation:

k ¼ k0

1þ cT
; ð2:6:3Þ

where k0 is the thermal conductivity at 0 �C (273.15 K) and near-surface pressure
conditions, and c is a material constant (in the range of 0–0.003 �C-1) determined
through experimental studies on rock samples (for the actual study, c was assumed
to be 0.001 �C-1 for the upper crust).

Zoth and Hänel (1988) suggested that a relationship existed of the form:

k Tð Þ ¼ Aþ B

350þ T
; ð2:6:4Þ

where k is given in W/(m K), T in �C, and the empirical constants A and B are
determined from a least-squares plot of measured data for different rock types.

Experimental research on the dependence of heat conductivity on temperature by
Vosteen and Schellschmidt (2003) showed that the mean values of k drop for
magmatic, metamorphic, and sedimentary rocks from 2.4, 2.6 and 2.75 Wm-1 K-1

respectively at 273 K, to 1.5, 1.4, and 1.6 Wm-1 K-1 respectively at 573 K. Other
studies have shown (Clark 1966) that at a temperature of 473 K, the values for
granite, tonalite, and syenite can drop to as low as 2.14, 2.31, and 2.09 Wm-1 K-1,
respectively. For sedimentary rocks at temperatures of up to 573 K, there is a
reduction of heat conductivity by nearly a factor of two (Clauser 2006, 2009). For
quartzite this decline is very rapid, by nearly a factor of three up to a temperature
of *773 K (Clauser 2009). There are some reports (Clauser and Huenges 1995;
Clauser 2009) that at high temperatures the radiative component of heat conductivity
appears and balances and in some cases even inverts the decreasing trend of heat
conductivity with the increase in temperature at about 1,273–1,473 K. Clauser and
Huenges (1995) showed that with increases in temperature up to 573 K, there is a
reduction of heat conductivity by nearly a factor of two for both clastic and carbo-
naceous sediments, while above 573 K the decrease is much slower. They also noted
that the heat conductivity of volcanic rocks decreases to about 1,173 K, at which
point it is about 50 % of its value at ambient temperature, and that at temperatures
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above 1,073–1,273 K the radiative component of thermal conductivity starts to rise,
although they did not find a very significant radiative contribution in plutonic rocks.

At the same time, radiation only becomes a very efficient form of heat transfer
above 1,473 K (Clauser 2006). Ray et al. (2008) stated that in granulites, the
radiative heat transfer is negligible up to 823 K. Similarly, Kukkonen et al. (1999)
failed to find a radiative heat-transfer effect to be present below 1,150 K for mafic
granulites. Aronson et al. (1970) also showed that opacity significantly decreases
the magnitude of radiative thermal conductivity. Another study demonstrated that
radiation is more effective for rocks with a larger mean free path of radiation
corresponding to smaller values of their absorption coefficient and opacity (Cla-
user 1988, 2006). For metamorphic rocks, the heat conductivity at *473 K
decreases by about 33 % of its value at ambient temperature, and then drops again
by about an additional 33 % of its value at ambient temperature with increases in
temperature to *1,023 K (Clauser and Huenges 1995). Pribnow et al. (1996)
showed that the thermal conductivity of water-saturated rocks from the KTB Pilot
Hole took longer to decline with increasing temperatures than dry rocks. Differ-
ences in heat conductivity with increases in temperature for some typical rocks are
presented in Fig. 2.4.

Research (Vosteen and Schellschmidt 2003) showed that the mean values and
ranges of the variable specific heat capacity cp at constant pressure for magmatic,
metamorphic, and sedimentary rocks increases respectively from about 760, 770
and 810 J kg-1 K-1 at 273 K, to about 970, 970, and 1,010 J kg-1 K-1 at 573 K.
Sometimes parameters such as the thermal capacity (r � Cp, where r is the density)
are used to characterize the thermal properties of rocks and minerals. However,
since the thermal volume expansion coefficient of rocks and minerals is very small
(on the order of *10-5 K-1), the variable density with increases in temperature
will also be extremely insubstantial and so may be ignored. The value of density
can therefore be accepted as a constant (Vosteen and Schellschmidt 2003).

The thermal diffusivity, which describes the equilibration of a temperature
imbalance, is a function of thermal conductivity k, density r, and specific heat
capacity Cp at a constant pressure: a ¼ k

Cpk
: The temperature-dependence of

thermal diffusivity is usually proportional to the reciprocal of the absolute tem-
perature (Seipold and Gutzeit 1980). Given that with temperature increasing, the
thermal conductivity decreases, the specific heat capacity increases whereas the
density does not change significantly. Thus it is clear from the definition of thermal
diffusivity that it will decline sharply with temperature increasing. In reality,
experimental data on variable thermal parameter values with increase of temper-
ature show that for magmatic, metamorphic, and sedimentary rocks within a
temperature interval of 273–573 K, the thermal conductivity decreases by
25–44 % and the thermal diffusivity decreases by 42–54 %.

Thermal diffusivity (in mm2/s) for all the rocks investigated in Whittington et al.
(2009) went from *1.8–2.2 at *298 K to *0.3–0.5 at 1,200–1,250 K. They also
provide data demonstrating that it drops substantially from 1.5–2.5 mm2/s at
ambient conditions to about 0.5 mm2/s at mid-crustal temperatures which goes to
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show that the hot middle-lower crust is a very effective thermal insulator. Ray et al.
(2008) reported a decrease of the thermal diffusivity of granulites and amphibolite
facies gneisses of about 35–45 % with temperature increasing from 293 to 723 K.
Analysis of the thermal diffusivity of rocks of different origin shows that the value
varies inversely with temperature, and is 50–75 % lower at 800 K than at ambient
temperature (Hanley et al. 1978). At the same time, research shows that at ambient
temperature rocks saturated with water have their thermal diffusivity increased by
as much as 24 % (Hanley et al. 1978). Pertermann and Hofmeister (2006) reported
results showing that the substitution of *10 % Fe for Mg in forsterite lowers the
thermal diffusivity (a) by *50 %, and that the a of olivines and olivine-rich rocks
can decrease to about 20 % of its value at ambient temperature at 1,163–1,353 K.
Hofmeister and Pertermann (2008) stated that thermal diffusivity decreases with
increasing temperature, and approaches a constant at about 1,400 K. Their research
also shows that for clinopyroxenes it decreases from *3.9 mm2/s at 298 K to
about 0.5–0.9 mm2/s at *1,400 K. The variable thermal diffusivity with increase
of temperature for some typical rocks is presented in Fig. 2.5.

Fig. 2.4 Variable heat
conductivity with increases in
temperature for some rocks:
a and h granites; b dunite;
c limestone; d and g diabase;
e and f gabbro [data for
samples a, b, c, d, and e taken
from Clark (1966); and for
samples f, g and h taken from
Dmitriev et al. (1969)]
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Though its effect is much weaker than increases in temperature, increases in
pressure lead to a general increase in heat conductivity as well. Clark (1966) also
pointed out this weak influence of pressure on heat conductivity. Clauser and Hu-
enges (1995) showed that for granite and metamorphic rocks, there is about a 10 %
increase in heat conductivity over the entire range of pressures from 0 to 500 MPa,
but the increase is the greatest over the first 50 MPa. The effect of pressure on the
value of heat conductivity is mostly dependent on fractures, micro-cracks and
porosity (Clauser 2006). Depending on the volume of space within these features,
heat conductivity can increase by up to 20 %, with an increase in pressure to
*15 MPa; whereas a further increase in pressure to *40 MPa typically does not
lead to a change in heat conductivity. However, when the pressure is increased from
50 to 500 MPa it will lead to an additional increase of *10 % (Clauser 2006).
Seipold and Gutzeit (1980) showed that in many cases thermal conductivity
increases linearly with rising pressure from a rate of around 10-5–10-4 MPa-1.
Linear relationships between thermal transfer parameters and pressure for pressures
ranging from 50 to 1,000 MPa were reported for metamorphic rocks of the Saxonian
Granulite Mountains with pressure coefficients of (0.75 ± 0.35) 9 10-4 MPa-1 for
thermal conductivity and (0.61 ± 0.22) 9 10-4 MPa-1 for thermal diffusivity
(Seipold and Huenges 1998; Seipold 2002).

At the same time, certain researchers have suggested that the effects of pressure on
the heat capacities of solids can be neglected (Waples and Waples 2004). The esti-
mated pressure derivatives for clinopyroxenes are q(ln k)/qP = (4.2–4.7)
9 10-5 MPa-1 (Hofmeister and Pertermann 2008).

Durham et al. (1987) reported results showing that diffusivity in all cases rose
or remained steady with increasing confining pressure, and that the effect of
pressure was the strongest with the lowest pressures and vanished between 10 and

Fig. 2.5 Variable thermal
diffusivity with increases in
temperature for some rocks:
a gabbro; b diabase; c granite;
d granite-gneiss [using data
from Dmitriev et al. (1969)]
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100 MPa, depending on rock type. Analysis of the combined influence of pressure
and temperature on the value of the heat conductivity of marl also showed that the
role of temperature is dominant (Lubimova et al. 1978). The differences in relative
values of heat conductivity with pressure for some minerals are presented in
Table 2.15.

2.7 The Impact of High Pressures and Temperatures
on Fluid Density in a Porous Space Within Rocks
and Rock Layers

Of all the types of rocks in the upper crust, sedimentary rocks have the highest
porosity value which can reach 45 % for some clays. For instance, the average
porosity of sedimentary layers in Azerbaijan is about 25 %. Porosity is generally
expressed by the porosity coefficient Kp, which is calculated as the ratio of porous
volume to the total volume of rock. Porous space is usually filled with some fluid,
in most cases water; but in some instances it can be filled with oil, gas, and their
mixtures with water. Conversely, magmatic and metamorphic rocks usually have
very low porosity unless they are located in layers with pressures under 15 MPa.
Since in the great majority of cases the porous space of rock is filled with water,
the normal porous pressure (P0), known as the hydrostatic pressure, is usually
calculated using the equation:

P0 ¼ 0:1 H; ð2:7:1Þ

where H is depth in meters (m) and the normal hydrostatic pressure P0 is in 100 kPa.

Table 2.15 Pressure
derivatives of thermal
conductivity for some
minerals (after Hofmeister
2007)

Mineral Pmax (MPa) k-1qk/qP (10-4 MPa-1)

Mg2SiO4 500 16.0
Mg1.8Fe0.2SiO4 200 12.0
Mg1.8Fe0.2SiO4 1,000 9.0–12.0
Mg1.8Fe0.2SiO4 4,800 *4.8
Mg1.8Fe0.2SiO4 5,600 6.0–7.0
Mg1.8Fe0.2SiO4 5,600 5.0–6.0
Mg1.8Fe0.2SiO4 8,300 3.2–3.8
Mg1.8Fe0.2SiO4 9,000 5.5
Mg1.8Fe0.2SiO4 10,000 4.4
Mg0.85Fe0.15O3 5,600 7.0
MgO 5,000 2.0–4.0
MgO 1,200 5.0
Coesite 4,000 3.9
Coesite 5,600 1.4–4.4
Py25Al74Gr1 (garnet) 8,300 4.6
NaAlSi2O6 3,000 4.6
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Thermodynamic conditions (P-T-conditions) regulate the density of porous
fluid, and this can be used in some cases to determine and/or analyse the P-T-
conditions present within a rock or rock layer.

It is crucial to note that in crystalline rocks the porous volume is held by the
crystalline lattice, whereas in sedimentary rocks it is held by fluid-filled pores and
their thermodynamic conditions. In sedimentary layers, there are conditions that
allow a porous fluid to move more or less freely through the porous space (sands,
sandstones, limestones, etc.), as well as conditions preventing the fluid from
moving freely within the pores (sediments capped by clays, salt or frozen layers; in
clays most of water is bound to clay minerals).

Knowing the lithostatic pressure value is extremely important in any study of
the P-T-conditions of a porous fluid, since in most cases it is capable of squeezing
some amount of porous fluid out of porous space, thereby reducing the space. A
similar effect can take place in tectonically active regions when an external tec-
tonic force (typically horizontal) can squeeze fluid out of porous space. This effect
can cause the porous pressure to increase to the value of the lithostatic pressure to
achieve an equilibrium (Pilchin 1983). Such a situation would definitely lead to the
formation of pressures within a porous fluid that are greater than its hydrostatic
value determined by Eq. (2.7.1), a condition usually called overpressure or
abnormally high stratum pressure (AHSP). The presence of AHSP is an enormous
problem for drilling wells in oil and gas fields. It should be noted that in some
cases one of the hallmarks of AHSP is abnormally low porous pressures, which are
usually found within the first few hundred meters from the surface, as well as in
some cooling layers.

To analyze the density and/or volume of any fluid or any other matter under
given P-T-conditions, coefficients such as volume thermal expansion (a) and
compressibility (b) are usually employed:

a ¼ oV=oTð ÞP
V0

; ð2:7:2Þ

b ¼ oV=oTð ÞT
V0

; ð2:7:3Þ

where V and V0 are volume and initial volume, respectively.
It was shown (Pilchin 1978a; Kerimov et al. 1980; Mekhtiev et al. 1982; Pilchin

and Eppelbaum 2009) that the relationship between the primary thermodynamic
parameters Pressure-Temperature-Volume (P-T-V) for any type of matter, without
any preconditions, can be described by the equation:

P ¼ P0 þ
a
b

T � T0ð Þ � 1
b

DV

V0
; ð2:7:4Þ

where P is the real pressure, P0 is the lithostatic or hydrostatic pressure, T is
temperature, T0 is the normal temperature (the normal temperature for matter is
determined using the condition for the equilibrium line (V/V0 = 1), as shown in
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Fig. 2.6, DV is the change in volume (V - V0), and V0 is the initial volume. The
second term on the right side of the equation a=bð Þ T � T0ð Þ characterizes the
dependence of pressure on the temperature of the rock or rock layer. It is clear that
temperatures greater than T0 will lead to an increase of pressure compared to the
lithostatic or hydrostatic value, whereas temperatures lower than T0 will lead to
pressures below the lithostatic or hydrostatic value. The third term on the right side of
the equation 1=bð Þ � DV=V0ð Þ represents pressure unloading (when DV [ 0). This
unloading can take place when some porous fluid is forced out by increasing porous
pressure; for instance, by pumping out water, oil, or gas during well exploitation, etc.
At the same time, there are possible cases where DV \ 0, which would lead to an
increase in pressure and could represent such processes as tectonic compression.
There are also possible scenarios where DV = 0; this represents a state of equilib-
rium and is used to determine the normal temperature T0. For equilibrium conditions,
Eq. (2.7.4) can be simplified into the following equation:

P ¼ P0 þ
a
b

T � T0ð Þ: ð2:7:5Þ

A plot of the change in the volume unit of water (V/V0) with variable P-T-
conditions is presented in Fig. 2.6. The equilibrium condition DV = 0 is repre-
sented on the graph by the line V/V0 = 1; conditions with DV [ 0 are represented
by lines V/V0 [ 1, and DV \ 0 are represented by lines V/V0 \ 1 respectively.

It is clear from Eq. (2.7.5) that conditions of equilibrium can only be achieved
when the real pressure is equal to its lithostatic or hydrostatic value. This is used to

Fig. 2.6 Change in a unit of
volume of water under a wide
range of pressures and
temperatures, calculated
using data from Clark (1966)

120 2 Thermal Properties of Rocks and Density of Fluids



determine the normal temperature (T0) for different types of matter, because a case
of P = P0 necessarily has T = T0. Calculating the lithostatic (Pilchin and Ep-
pelbaum 2002, 2009) or hydrostatic pressure using Eq. (2.7.1) for different depths
and substituting it for P0 in Eq. (2.7.5) can be used to find the value of the normal
temperature T0 for the rock or mineral at the depth for which P0 was determined. It
is clear that for each depth there is only one pair of P0 and T0 values, represented
by the line of equilibrium (V/V0 = 1) in Fig. 2.6.

From the definition of the density r of matter, which is its mass (m) divided by
its volume (V) (or as the mass of a unit volume of matter), it is obvious that the
condition of equilibrium DV = 0 results in:

Dr ¼ 0; ð2:7:6Þ

where Dr ¼ r� r0ð Þ is the change of density of the rock, mineral, etc.
Given the relationship between variable volume and variable density (e.g.,

Pilchin and Eppelbaum 2009):
DV

V0
¼ �Dr

r
: ð2:7:7Þ

Equation (2.7.4) can be rewritten as:

P ¼ P0 þ
a
b

T � T0ð Þ þ 1
b

Dr
r
: ð2:7:8Þ

Another important relationship between the relative change in volume and
relative change in density is (Pilchin and Eppelbaum 2009):

DV

V0
¼ � Dr=r0

1þ Dr=r0ð Þ : ð2:7:9Þ

It should be pointed out that the values of the coefficients of volume heat
expansion (a) and compressibility (b) also depend on pressure and temperature,
and these relationships are presented in Figs. 2.7 and 2.8.

These figures show that neither P0 nor T0 is constant, and that both are depth
dependent parameters. This means that the relationship described by Eq. (2.7.4)
indicates the dependence of pressure (P) not on the temperature (T), but rather on
the excess temperature (T - T0). The use of the P0, T0 pairs for each depth thus
provides an opportunity to use compatible and correlated values to analyze both
pressure and temperature conditions simultaneously.

Another advantage of using both P0 and T0 in analyzing the thermodynamic
conditions of porous fluids is the elimination of the dependence on depth of such
parameters as KaP (coefficient of abnormality of pressure defined as KaP = PAHSP/
P0), KaT (coefficient of abnormality of temperature defined as KaT = T/T0), the
excess of pressure (P - P0), the excess of temperature (T - T0), etc. (Kerimov and
Pilchin 1986b). In fact, both the excess of pressure and the excess of temperature
could have the same values at different depths, which would obviously produce
different effects and create problems in interpreting these values together. In order
to avoid such problems, it was suggested (Pilchin 1983; Kerimov and Pilchin
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1986b) to use dimensionless relative values (P - P0)/P0 and (T - T0)/T0 for the
analysis of P-T-conditions of porous fluids which are compatible for data analysis
and not depth dependent. For example, the scatter plot composed of values (P -

P0)/P0 and (T - T0)/T0 from measurements at various depths of the Kyurovdag
area of the Lower Kura Depression presented in Fig. 2.9 shows the strong corre-
lation for the area between these relative values, with a correlation coefficient of
r = 0.77 (n = 159). However, there was no correlation found between values of
(P - P0) and (T - T0).

Interestingly, a correlation between the same parameters for a number of other
oil and gas areas also yielded a strong correlation coefficient of r = 0.78 (n = 347;

Fig. 2.8 Changes in the
coefficient of compressibility
of water [105 9 b, 1/
(102 kPa)] under a wide range
of pressures and
temperatures, calculated
using data from Clark (1966)
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Fig. 2.7 Changes in the coefficient of volume expansion of water (104 9 a, 1/�C) under a wide
range of pressures and temperatures, calculated using data from Clark (1966)
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Pilchin 1983). Similar analyses that have been conducted for such areas as the
Sangachaly Sea—Duvanniy Sea—Bulla Island (Caspian Sea, Azerbaijan),
Bragooni and Hayan Kort (Chechen and Ingush Republics) (r = 0.78, n = 29;
Mekhtiev et al. 1985), Western Turkmenian Depression (Turkmenistan) (r = 0.87,
n = 59; Mekhtiev et al. 1985) and Dowletabad area of Turkmenistan (r = 0.81 for
73 fields; Mekhtiev et al. 1985) also indicate a very high correlation between
(P - P0)/P0 and (T - T0)/T0. Given the evidence, there is clearly a strong rela-
tionship between the relative excess of pressure and the relative excess of tem-
perature. This is also consistent with Eqs. (2.7.4) and (2.7.5) showing functional
relationship between these parameters. At the same time, it is obvious from
Eq. (2.7.4) that the unloading of pressure can compromise this relationship, at least
partially, which is demonstrated by the correlations.

In the case of DV [ 0, water contained in porous matter tends to expand, which
could lead to partial unloading of pressure by moving part of the water out of the
porous space. However, if such unloading cannot take place, for example when
water-saturated rock is surrounded or capped by clay or a salt layer, the tendency
of water to expand could in fact lead to an increase of porous pressure (Kerimov
et al. 1980; Pilchin 1983) without a change in the porous volume. This thermo-
dynamic state would be in a forced condition of equilibrium, because DV = 0,

Fig. 2.9 Scatter plot of
values (P - P0)/P0 versus
(T - T0)/T0 for oil and gas
fields in the Kyurovdag area
of the lower Kura depression
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which corresponds to Eq. (2.7.5). In such a case, the porous pressure would be
maximal under conditions without external forces, since there would be no
unloading of pressure.

Let us analyze the state of porous fluid under thermodynamic conditions at
great depths. Any arbitrary volume V0 of a rock composed of a solid part and its
porous space VP0 is characterized by the volume coefficient of porosity KP = VP0/
V0. The porous space is usually filled with water, in which case the solid part of the
rock would have the following volume (Vs):

Vs ¼ 1� Kpð ÞV0: ð2:7:10Þ

According to Volarovich (1978), this type of rock can be treated as a two-
component system, by analyzing the solid and the fluid-filled porous parts of the
rock separately. Under conditions of heating (T - T0 [ 0), the solid part of the
volume of a rock tends to expand according to the equation:

DV1 ¼ as T � T0ð Þ 1� KPð ÞV0; ð2:7:11Þ

where as is the coefficient of volume expansion and T0 is the normal temperature
of the solid part of the volume V0.

Moreover, under pressure P, the solid part of the volume is under compression
according to the following equation:

DV2 ¼ bs P� P0ð Þ 1� KPð ÞV0; ð2:7:12Þ

where bs is the coefficient of compressibility of the solid part of the volume V0, and
P0 is the lithostatic pressure.

At the same time, any volume of rock is surrounded by other rocks that tend to
expand as well and could prevent the target volume from expanding (Pilchin 1983;
Pilchin and Eppelbaum 2002). In other words, any change in the volume of the
solid part of a rock can only take place at the expense of the volume of the fluid-
filled porous space of the volume V0. Possible changes to the porous space can be
defined by the equation:

DV3 ¼ bp P� PAHPPð ÞKPV0; ð2:7:13Þ

where bp is the coefficient of compressibility of the porous space, after Volarovich
(1978), and PAHPP is the value of abnormally high porous pressure (AHPP).

By the same token, the effect of temperature and pressure on the volume of
water in the porous space of a rock can be defined by the following equations:

DV4 ¼ aw T � Tw0ð ÞKPV0; ð2:7:14Þ

DV5 ¼ bw PAHHP � Pw0ð ÞKPV0; ð2:7:15Þ

where aw is the coefficient of volume expansion, bw is the coefficient of com-
pressibility of the porous water, Tw0 is the normal temperature of water, and Pw0 is
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the hydrostatic pressure. A state of forced equilibrium DV = 0 for an analyzed
volume of rock requires these conditions of equilibrium:

DV1 � DV3 ¼ DV2; DV4 þ DV3 ¼ DV5: ð2:7:16Þ

This leads to a condition of equilibrium between the solid part of the volume
and the porous water:

DV1 þ DV4 ¼ DV2 þ DV5; DV4 þ DV3 ¼ DV5: ð2:7:17Þ

Substituting the values of DV1, DV2, DV4 and DV5 by their values from
Eqs. (2.7.12–2.7.15), dividing both sides of Eq. (2.7.17) by V0 and solving the
equation for PAHPP produces (Mekhtiev et al. 1982):

PAHPP ¼ Pw0 þ
aw

bw
T � Tw0ð Þ þ 1� KP

KP

as

bw
T � T0ð Þ � 1� KP

KP

bs

bw
P� P0ð Þ:

ð2:7:18Þ

Given that as and bs should be on the same order of magnitude as similar
coefficients for minerals (Mekhtiev et al. 1982), their values should be around
as * 10-6–10-5 1/K and bs * 10-6–10-5 1/MPa (Clark 1966). Values of similar
coefficients for water are on the order of aw * 10-4–10-3 1/K and bw * 10-4–
10-3 1/MPa. Comparing these values and taking into consideration that the average
porosity for the upper part of sedimentary cover of the Kura Depression is
KP = 0.25, the value of (1 - KP)/KP = 3, and that the value of lithostatic pressure
is less than 2.5 times the hydrostatic pressure, it is clear that term 3 and term 4 in
Eq. (2.7.18) would be negligible, yielding a result fairly similar to Eq. (2.7.5).

Another important case is when DV \ 0. If this condition were applied to the
entire volume of a rock, it would mean that the rock is under the influence of
external forces (e.g., tectonic forces), where according to Eq. (2.7.4) the pressure
of this volume would even exceed the maximum pressure for situations devoid of
external forces, as defined by Eq. (2.7.5). However, if DV \ 0 were applied to the
porous fluid alone, it would mean that the pores are not completely filled with fluid
and have extra space available for either fluid expansion or additional fluid. Such
circumstances can exist in continental areas at depths up to 0.5–1.0 km or in some
oil and gas fields with abnormally low stratum pressure (ALSP) (Pilchin 1983).
Since Eqs. (2.7.4) and (2.7.5) do not require any limitations or preconditions about
the type of rock, mineral, initial or border conditions, they can be used for any
volume and any type of matter. For example, if the porous fluid is oil, its coeffi-
cient of compressibility boil would be in the range of 7–140 9 10-4 MPa-1

(Dortman 1976), and the coefficient of volume heat expansion aoil in the tem-
perature range of 273–323 K would be about 8.54 9 10-4 K-1 (calculated using
data in Driatskaya et al. 1971, 1972). A comparison of these values to the values of
similar coefficients for water (aw, bw) shows that the coefficient of compressibility
for oil is greater on average than that of water by one order of magnitude, whereas
the coefficient for volume thermal expansion remains roughly on the same order as
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that of water. This means that the ratio aoil/boil for oil would be on average about
one order of magnitude less than that of water (aw/bw). Therefore, according to
Eqs. (2.7.4) and (2.7.5) the value of the AHPP would be greater in pores filled with
water than in pores filled with oil and/or gas for the same thermal conditions. This
is consistent with data obtained from measurements in the oil and gas fields of
Azerbaijan (see Table 2.16), and Turkmenistan and Tajikistan (see Table 2.17).

Tables 2.16 and 2.17 show that cases with KaP \ 1 (where the pressure P is less
than the hydrostatic pressure P0) are only present in pores of sedimentary rocks
filled with either gas, oil, both gas and oil, or gas and gas condensate. At the same
time, KaP is maximal in water-filled pores in collector rocks and clays. Moreover,
KaP is the highest in clays (see Table 2.16) since they contain water bound in clay
minerals which cannot be easily forced out, whereas water in collector rocks can
be forced out by AHSP or AHPP. It is also clear from Tables 2.16 and 2.17 that oil
and gas fields containing water do not have KaP \ 1. Research also shows (Pilchin
1983; Pilchin and Kerimov 1986) that the highest values of AHSP are found in
fields of PreCaucasian and Middle Asia, where the thermal regime is characterized
by very high temperatures and geothermal gradients (G). By contrast, the lowest
values of AHSP are found in fields characterized by low temperature values and
geothermal gradients.

In numerous cases, there are signs pointing to the presence of pressures greater
than the lithostatic pressure in one sector of the fields in some regions. It is obvious
that in such cases AHSP played significant role in the tectonic evolution of the
region. At the same time, very small values of AHSP have been found in a number
of cases in active thermal fields. Such instances could be related to the fact that the
values of AHSP were so high in the past that they caused an unloading of
overpressure by forcing part of the porous fluid out, but subsequent cooling of

Table 2.16 Values of KaP of
pressure in collector rocks
with different degrees of
saturation (Azerbaijan) (after
Pilchin and Kerimov 1986)

Kind of fluid in layers Number of wells
investigated

KaP

Gas, condensed gas 44 0.30–1.33
Oil, oil and gas 115 0.63–1.37
Water with oil and/or gas 59 1.13–1.62
Water in collectors 49 1.22–2.11
Water in clays 68 1.47–2.23

Table 2.17 Values of KaP of
pressure in collector rocks
with different degrees of
saturation Turkmenistan
(n = 214) and Tajikistan
(n = 217) (after Pilchin and
Kerimov 1986)

Kind of fluid in layers KaP (Turkmenistan) KaP

(Tajikistan)

Gas, condensed gas 0.84–1.30 –
Oil, oil and gas 0.92–1.35 0.78–1.09
Oil 0.96–1.47 0.83–1.05
Water with oil and/or gas 1.26–1.80 1.14–2.17
Water in collectors up to 2.00 1.20–2.41
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sedimentary layers in these regions led to the decline of KaP under Eqs. (2.7.4) and
(2.7.5), since the thermal regime in these fields was under conditions of DT \ 0.
These facts show how important it is to analyze the thermodynamic regime in
fields under maximum possible values of AHSP (or KaP), and compare these
values to the lithostatic pressure to determine the change of fluid volume (DV/V0),
which characterizes both the unloading of pressure [see Eq. (2.7.4)] and the
amount of fluid forced out of pores by AHSP. It should also be noted that the
formation of AHSP exceeding the lithostatic pressure could lead to the emergence
of fractures and the destruction of cap rock layers as a consequence of unloading
the extremely high fluid pressure. For instance, such effects are well known in
regions of mud volcano formation.

In the 1960s the stress–dilatancy relationship was put forward for some sedi-
mentary rocks (Rowe 1962; Roscoe et al. 1963; Roscoe and Burland 1968), and
later served to derive the dilatancy theory of earthquake prediction in the 1970s
(Nur 1972, 1975; Anderson and Whitcomb 1973; Scholz et al. 1973; Cherry et al.
1975). Problems related to dilatancy models will be discussed in detail in Sect. 4.4;
hence the role of porous fluid on dilatancy is only mentioned here briefly.

Dilatancy is the process by which the volume of rock increases under stress
(during deformation). It is derived from the word dilation which refers to the
volume expansion of brittle rock. It corresponds to an increase of volume caused
by the opening of cracks, increases in porosity, and/or microfracturing of rocks.
Sibson (1981) defined hydro-fracture dilatancy essentially as a low differential
stress phenomenon. Aleinikov et al. (2000) proposed a new physical-mathematical
conception describing the rock destruction process as a phase transition.

The significance of dilatancy in some physical applications was first pointed out
by Reynolds (1885), but the stress-dilatancy theory/model was only introduced in
1962 for sands (Rowe 1962) and subsequently for soft clays (Roscoe et al. 1963).
The theory would later be summarized by Roscoe and Burland (1968), Schofield
and Wroth (1968), Chu et al. (2004), etc. The idea behind the stress-dilatancy
theory/model is based on the experimentally discovered relationship between the
main effect of dilatancy and shear strength (Rowe 1962), which thus links the
stress ratio to the dilatancy rate.

It was found that at low confining pressures, dilatancy has a major influence on
the shear strength of coarse-grained soils, and is largely influenced by stress level
and the packing state of the soil particles (Charles 1991). Rowe (1962) showed that
the stress-dilatancy relationship is more appropriate in the case of dense sand.
Pender (1978) also suggested a plastic dilatancy relationship for over-consolidated
clays which reveal the development of positive pore pressures in lightly and
normally over-consolidated clays and negative pore pressures in heavily over-
consolidated clays. This effect in clays is also discussed in Chu et al. (2004). Wan
and Guo (2004) showed that under particular strain paths and fabric conditions,
relatively dense sand can give way to instability or liquefaction under conditions
other than isochoric. This phenomenon is consistent with laboratory experiments
demonstrating that dilation (or compaction) can be controlled by modulating the
amount of water flowing in or out of a sand specimen during shearing. Some
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studies help relate the plastic dilatancy ratio to the development of pore pressures
in clay soils (Chu et al. 2004). Authors have also noted the importance of effective
pressure, which is defined as the total pressure minus the porous pressure, for
saturated and dry rocks (e.g., Scholz et al. 1973) in analyzing dilatancy.

From all of the above, it is clear that dilatancy is strongly related to the porosity
of sedimentary rocks and porous pressure. It is also evident that Eq. (2.7.4) can be
used to determine or estimate the relative volume change (DV/V0) that can be used
to characterize dilatancy in sedimentary rocks and rock layers. From this point of
view, it also seems important to analyze the variable volume (DV/V0) in relation to
maximal porous pressure for sedimentary layers in different regions with varying
thermodynamic regimes.

Equation (2.7.4) can be used to calculate the relative change of volume (DV/V0)
of porous fluid.

In fact, solving Eq. (2.7.4) for DV/V0 yields:

DV

V0
¼ a T � T0ð Þ � b P� P0ð Þ: ð2:7:19Þ

It is clear from Eq. (2.7.19) that it can be used to determine the amount of water
forced out by AHSP/AHPP in a case where (T - T0) [ 0, as well as the relative
reduction in fluid volume (and/or amount of porous volume available for addi-
tional fluid) in a case where (ALSP/ALPP) of (T - T0) \ 0. Thus if (T - T0) [ 0,
the amount of fluid (usually water) forced out of pores by AHSP/AHPP is defined
as the difference between the values V1/V0 and V2/V0 shown in Fig. 2.6 for cases
where there is no fluid unloading (DV = 0 and PAHPP is maximal without
unloading), and real volume conditions (with the measured value of PAHPP),
respectively. For example, such a determination for well 558 of the Duvanniy Sea
area is presented in Fig. 2.10.

Fig. 2.10 Changes in a unit of volume of water (V/V0) under different temperatures and
pressures for well 558 of the Duvanniy Sea area: a curve of conditions for water at V/V0 = 1.00;
b curve of conditions in the well with unloading of layer from excess water (V2/V0); c curve of
conditions in the well without unloading of layer from excess water (V1/V0); d curve of condition
of water with V/V0 = 1.01
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The relative change of the volume of water (DV12) for each pair of P and
T values can be determined from the equation:

V12

V0
¼ V1

V0
� V2

V0
: ð2:7:20Þ

It should be taken into account that changes in the volume of porous water do
not imply changes in the porous volume, since even though in most cases part of
the water would be forced out by the AHSP/AHPP, the remaining water would fill
the porous volume. However, the density of the remaining water would be dif-
ferent from that of the porous water prior to unloading. If under certain P-T-
conditions the initial volume of water V0 has a density r0, the average change in
density with variable volume V would be:

Dr ¼ KP
V0 � V

V
r0: ð2:7:21Þ

Depending on the thermodynamic conditions, a volume of water could
decrease, leading to an increase in its density and a positive gravity effect. Con-
versely, an increase in volume is also possible, which would lead to decreased
density in the case of unloading of part of the water from the porous volume. Using
geothermal data and Figs. 2.6 and 2.10, the change in a unit of volume (V/V0) and
the corresponding change in density (Dr) for each 1 km interval to a depth of
4 km, and subsequently the average values of V/V0 and Dr for the upper 4 km
layer were calculated for some regions of the Kura Depression (Azerbaijan) and
adjacent areas of the Caspian Sea (see Table 2.18). Data on variable density were
also used to determine the gravity effect of such a change in density for selected oil
and gas fields, as also presented in Table 2.18. A maximum depth of 4 km for the
estimates was selected for the following reasons: (1) a significant distance from the
surface layers below a depth of 4 km would have a very small effect on the gravity
field; (2) at depths of over 4 km, porosity can be much smaller, and likewise
produce a much smaller effect; (3) if the upper 4 km layer showed some significant
gravity effect, including lower layers could only serve to increase this effect,
whereas the purpose of these estimates is first and foremost to verify the presence
of a gravity effect.

It can be seen from Table 2.18 that the values of both V/V0 and Dr are very
small, but they create quite a significant gravity effect Dg, on the same order of
magnitude as the gravity effect caused by oil and gas fields, which enables the use
of high definition gravity for prospecting for oil and gas fields. Note that the value
of the density change of water is negative for all these areas, which points to the
unloading of some water from the porous volume. However, this effect may simply
be typical of the region, and not useful for further interpretation. To verify this
possibility, the gravity effect caused by variable density under thermodynamic
conditions was estimated for different parts (crest and slope) of anticline structures
on the Muradkhanly and Kyursangya areas (Azerbaijan). The results of these
estimates are presented in Table 2.19.
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Table 2.19 indicates that the gravity effect for these areas is considerable and
the difference between its effect for the crest and the slope of these anticline
structures is -0.23 mGal for the Muradkhanly area and -0.29 mGal for the
Kyursangya area. These values are significant and can be measured with gravi-
meters. Moreover, these values are on the order of the gravity effect formed by oil
and gas fields, and consequently in some cases anomalies in the gravity field
caused by the reduction of density of water under thermodynamic conditions could
be mistaken for ones caused by oil and gas fields.

From Eq. (2.7.5), accepting P1 as the maximal possible pressure defined as the
pressure without unloading (see above), P1 can be defined as:

P1 ¼ P0 þ
a
b

T � T0ð Þ: ð2:7:22Þ

Table 2.18 Average changes in the density of water, and gravity effect caused by these changes
under the thermodynamic conditions of some oil and gas areas of the Kura depression and
adjacent areas of the Caspian sea

Area Average change
of unit of volume
of water (V/V0)

Average change
of density of water
[Dr (kg/m3)]

Value of gravity
effect (Dg in mGal)

Borsunly 1.030 -6.1 -1.00
Sovetlyar 1.023 -4.7 -0.73
Zardob 1.017 -3.5 -0.54
Muradkhanly 1.022 -4.5 -0.69
Sor-Sor 1.012 -2.7 -0.38
Dzharly 1.011 -2.6 -0.38
Padar 1.010 -2.5 -0.37
Kalamadin 1.006 -1.5 -0.31
Kyurovdag 1.009 -2.3 -0.36
Karabagly 1.002 -0.6 -0.13
Kyursangya 1.009 -2.3 -0.36
Sangachali Sea 1.016 -3.5 -0.54
Garadag 1.016 -3.5 -0.54
Duvanniy Sea, Bulla island 1.016 -3.5 -0.54

Table 2.19 Estimates of the gravity effect caused by changes in the density of porous water for
the Muradkhanly and Kyursangya areas

Area Average change of unit of
volume of water (V/V0)

Average change of density
of water [Dr (kg/m3)]

Value of gravity
effect (Dg in mGal)

Muradkhanly
Crest 1.023 -4.7 -0.72
NE Slope 1.015 -3.1 -0.49
Kyursangya
Crest 1.013 -3.0 -0.49
Slope 1.005 -1.3 -0.20
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Equation (2.7.22) can be written as:

b P1 � P0ð Þ ¼ a T � T0ð Þ: ð2:7:23Þ

Substituting a(T - T0) from Eq. (2.7.23) into Eq. (2.7.19) and solving it for
P gives:

P ¼ P1 �
1
b

DV

V0
: ð2:7:24Þ

Finally, Eq. (2.7.24) can be presented as (Mekhtiev et al. 1982):

DV

V0
¼ b P1 � Pð Þ: ð2:7:25Þ

Equation (2.7.25) was used for compiling Fig. 2.11, which can be used to
determine the DV/V0 of water for different P-T-conditions (Mekhtiev et al. 1982).

In order to determine the value of total possible unloading of porous volume
from water caused by P-T-conditions in Eq. (2.7.24), note that P should be
replaced by P0. Determining the DV/V0 for both P and P0 can serve to estimate the
excess fluid (water) contained in porous volumes under the given P-T-conditions.
It can also be used to estimate the quantity (reserves) of fluid/water in a layer.

Equation (2.7.24) was used to analyze the amount of unloading of layers in some
oil and gas areas of West and East PreCaucasian. Research shows that in Azerbaijan,
the highest values of unloading of porous volume in layers are found in areas of
Middle Kura Depression (Pilchin 1983). Estimates made for 23 wells of Mur-
adkhanly area returned a value of water volume change of DV/V0 = 0.035–0.070
or 3.5–7.0 % of the total porous fluid. Significantly lower DV/V0 values were

Fig. 2.11 Chart for
determining the change in
volume of water [in -lg(DV/
V0)]
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obtained for areas of the Lower Kura Depression: for 51 wells in Kyurovdag area
DV/V0 = 0.005–0.027 (or 0.5–2.7 %); 21 wells of Kalmas area DV/
V0 = 0.003–0.011 (or 0.3–1.1 %); 7 wells of Mishovdag area DV/
V0 = 0.0005–0.0120 (or 0.05–1.2 %). Very low values of DV/V0 were found for
areas of the Caspian Sea: for well 550 in the Sangachaly Sea area DV/
V0 = 0.0005–0.0050 (or 0.05–0.5 %); well 558 in the Duvanniy Sea area DV/
V0 = 0.0023 (or 0.23 %). Similar estimates of the unloading of porous volume from
an excess of fluid for the PreCaucasian (Mekhtiev et al. 1982) yielded the following
values: DV/V0 = 0.001–0.070 (or 0.1–7.0 %) for 21 wells of Hayan Kort area and
DV/V0 = 0.045–0.086 (or 4.5–8.6 %) for the Braguni area. As a whole, the Western
PreCaucasian (30 wells) and Eastern PreCaucasian (55 wells) values of DV/V0 were
0.022–0.091 (or 2.2–9.1 %) and 0.018–0.177 (or 1.8–17.7 %), respectively. These
values indicate that high temperatures in the layers of the PreCaucasian force out up
to 17.7 % of their normal volume from their porous space. For a better understanding
of the influences of the variable volume of fluid DV/V0, the relationships between
values of DV/V0 and P1/P0 are presented in Figs. 2.12 and 2.13 for oil and gas fields
in Azerbaijan and the PreCaucasian, respectively. From the definition of P1 (see
above), it is clear that the value of P1/P0 represents the maximum possible value of
KaP in the high temperature regime in a region.

Figures 2.12 and 2.13 show that for both regions increased values of KaP = P1/
P0 go hand in hand with increased DV/V0 values.

Interestingly, for the 23 wells of the Muradkhanly area P1/P0 = 3.09–6.25, the
lithostatic pressure Plit at the same depths is only *2.5 times greater than the
hydrostatic pressure P0 (Plit/P0 = 2.5). This means that in the oil and gas fields of
the Muradkhanly area, the value of PAHSP could have been greater than the
lithostatic pressure Plit. Such a situation could have led to the formation of the
types of cracks and dilatancy discussed above. This is consistent with results of
studies by Sibson (1981) reporting arrays of parallel extension fractures and veins

Fig. 2.12 Dependence of values of relative change in the volume DV/V0 on the maximal value of
KaP = P1/P0 for oil and gas fields of Azerbaijan
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associated with exhumed faults that appear to be the product of repeated hydro-
fracturing under a shared stress regime, which can only occur in association with
thrusts when fluid pressures exceed the lithostatic load. Moreover, it is clear that
the highest possible value of AHSP/AHPP could have been 2.5 times greater than
the lithostatic pressure. However, such high pressures could not have actually been
collected prior to the start of its unloading, since porous pressure primarily gen-
erates tensile stress, whereas the tensile stress limits of any rocks and especially
sedimentary rocks is very low (e.g. Clark 1966). The presence of significant
pressure unloading is also proven by data from other authors (e.g., Magara 1978).
The value of AHSP/AHPP would increase gradually and likewise be gradually
unloaded. In other words, even though the maximal possible AHSP/AHPP could
be very high it would unload throughout the entire period of evolution of the layer.

In the oil and gas fields of the Lower Kura Depression areas (Pilchin 1983), the
maximum possible AHSP/AHPP is much lower, and the value of P1/P0 is
1.18–3.50 (for 51 wells of the Kyurovdag area); 1.42–4.00 (for 8 wells of the
Mishovdag area); 1.42–2.94 (for 21 wells of Kalmas area). For well 550 in the
Sangachaly Sea area, the value of P1/P0 is in the range of 1.55–2.11; i.e., in layers
of the Sangachaly Sea area (Azerbaijan) AHSP/AHPP was never greater than the
lithostatic pressure PLit. For areas of the PreCaucasian, the values of possible
maximum AHSP/AHPP are very high and the value of P1/P0 is 2.26–6.80 for 116
readings, and values of P1/P0 \ 3.0 have only been determined for 9 points. For
areas of Turkmenistan (Kerimov and Pilchin 1986b), these values are Western
Turkmenistan DV/V0 = 0.0020–0.0203, P1/P0 = 1.69–2.64 (for 24 wells); Central
Turkmenistan DV/V0 = 0.0020–0.0263, P1/P0 = 3.68–7.79 (for 68 wells); and
Eastern Turkmenistan DV/V0 = 0.0129–0.0610, P1/P0 = 3.57–6.53 (for 84 wells).

Fig. 2.13 Dependence of the value of the relative change in volume DV/V0 on the maximal value
of KaP = P1/P0 for oil and gas fields of the PreCaucasian
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It should be stated that in all cases, the highest P1/P0 ratio and the relative
change of volume DV/V0 are regulated by the thermal regime in the sedimentary
layers. For example, in the Kura Depression the geothermal gradient is about
39–43 K/km in its westernmost part, drops to 20–30 K/km in the central part of
the Middle Kura Depression, and further declines to 18–20 K/km in the eastern
part of the Lower Kura Depression (Mekhtiev et al. 1985; Kerimov and Pil-
chin 1986a). In depression zones of the Northern Caucasus (including the Pre-
Caucasian), the geothermal gradient is in the range of 25–60 K/km, and in some
isolated cases even greater (Mekhtiev et al. 1985; Kerimov and Pilchin 1986a).
The geothermal gradients for areas of Western Turkmenistan are within the range
of 21–28 K/km, increasing in areas of the Central Turkmenistan and reaching
40–60 K/km, and then declining to 31–39 K/km in areas of Eastern Turkmenistan
(Mekhtiev et al. 1985; Kerimov and Pilchin 1986a).

Thus overall, dilatancy indeed exists and has been found to take place in a wide
range of regions. If the dilatancy effect were not present, the obtained pressure
values in all cases would be equal to the maximum possible value of P1. However,
in fact, all these pressures were much lower than the maximum of AHSP/AHPP.
Thus, unloading of pressure took place in all the cases mentioned above, and
according to Eq. (2.7.4) the value of the change in volume DV was never zero. It is
also clear that if at very shallow depths (up to 500–1,000 m, at which the zone of
AHSP/AHPP usually begins) the pores were permeable all the way through to the
surface, it would allow the unloading fluid flow to reach the surface without
forming cracks and fractures. However, such a situation would not be possible for
fluid within layers capped by impermeable layers (e.g., clay or salt layers). At the
same time, most of the data used for the above analysis were taken from mea-
surement values of temperatures and pressures in layers containing oil and gas
fields, which are most certainly capped by clay layers in Azerbaijan, the Caspian
Sea, Western Turkmenistan and the PreCaucasian, and capped by salt layers in
Eastern Turkmenistan and Uzbekistan. Additionally, it can be seen from Tables
(2.16) and (2.17) that in all cases, pressures in fields, including fields filled with
water, are much lower than the maximum possible pressure under the present
thermal regime. Data from other regions of Russia, Ukraine, Kazakhstan and
Uzbekistan also support this trend (Table 2.20).

Such values (Table 2.20) are only possible if dilatancy took place, since in
layers below the cap layer an increase in volume is possible only by forming
cracks and fractures. Since the average density of the upper sedimentary layers is
about 2,350 kg/m3, it follows that the lithostatic pressure (Plit) in such layers
should be about 2.35 times greater than the hydrostatic pressure (P0), and Plit/
P0 = 2.35. At the same time, it was shown above that the maximum values of
KaP = P1/P0 can be as high as 7.79 for Central Turkmenistan. This means that the
total possible maximum values of AHSP/AHPP (P1) can be greater than the
lithostatic pressure (P1/Plat) by up to 2.7 times for the Middle Kura Depression, 1.7
times for the Lower Kura Depression, 2.9 times for the PreCaucasian, 1.1 times for
the Western Turkmenistan, 3.3 times for Central Turkmenistan and 2.8 times for
Eastern Turkmenistan. Naturally, at such shallow depths the lithostatic pressure
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would be unable to maintain such enormous pressures. This also means that
dilatancy was in most cases caused by an increase of AHSP/AHPP.

The highest value of DV/V0 taken from the above results is 17.7 %. Since this is
the change in the fluid part of the volume alone, for sedimentary rock with a
porosity of *25 % it would yield a maximum change of the rock volume of about
4.425 %. We can then conclude that the value of dilatancy in all cases was no
more than 4.425 %. At the same time, as was shown earlier, the maximal possible
pressure cannot be accumulated completely until the start of its unloading, and it
would continue unloading bit by bit as it was increasing. Given that this volume
was growing a little at a time over millions and tens of millions of years (e.g., the
Muradkhanly oil and gas field are within Mesozoic layers in Central Azerbaijan), it
is obviously very difficult to measure this effect in nature. Pinpointing the dilat-
ancy effect in depressional regions through seismological investigation is hence a
very complicated task.

It was mentioned above that in the case of regional tectonic activity, the value
of DV/V0 may be less than zero, indicating an additional pressure increase beyond
its maximum possible value as a result of the thermal regime. Such cases were
reported by Kerimov and Pilchin (1986b) based on water density values under
layer conditions for wells 666 and 680 (at depths of 1.51 and 4.45 km, respec-
tively) of the Starogroznenskiy area and well 503 (depth 3.35 km) of the Orliniy
area of the Tersko-Sunzhensk Depression, for all of which the value of the ratio
Dr/r[ 0. This feature, in addition to the positive value of compressibility (b[ 0)

Table 2.20 Values of KaP of pressure in fields with different kinds of fluid saturation for some
areas of Russia, the Ukraine, Kazakhstan, and Uzbekistan

Region Kind of porous fluid No.
of
tests

Gas,
condensed
gas

Gas, oil Oil Hydrocarbons
and water

Water

Permian province – 0.88–1.14 0.9–1.13 – – 52
Bashkirtystan – 0.55–1.03 0.74–1.35 – – 161
Orenburg province 0.84 0.72–1.19 1.03–1.11 – – 30
Kuybishev province – 0.79–1.14 0.81–1.19 – – 65
Komi republic – 0.64–1.04 0.75–1.12 – – 29
Stavropol province – 0.96–1.22 0.98–1.19 – – 38
Krasnodar province – 0.51–1.32 0.47–1.45 – – 60
Sakhalin Island – 0.84–1.16 0.64–1.17 – – 118
Napsko-Botuobinskiy 0.71–1.23 – 0.72–1.43 – – 59
Dnieper-Donets 0.95–1.26 0.76–1.13 1.00–1.16 – up to 1.8 106
PreCarpathian 0.81–1.49 0.44–1.12 0.67–1.52 1.31–1.61 to 2.02 67
Crimea 0.50–1.19 0.75–1.02 1.03–1.52 1.02–1.88 to 2.19 58
Precaspian – – 0.53–1.39 1.25–1.55 – 163

– 1.00–1.35 – 1.21–1.46 – 17
South-Mangyshlak 1.10–1.20 0.55–1.32 0.56–1.40 1.23–1.77 – 52
Fergana
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in Eq. (2.7.8) points to an additional increase in pressure above and beyond the
value caused solely by the thermal regime. This means that in these cases, tectonic
stresses in sedimentary layers contributed significantly to the abnormal pressure
values.

Kerimov and Pilchin (1986b) showed that analysis of the geothermal regime of
layers at great depths can be used to identify conditions related to the presence of
oil and gas in different layers. Theoretically, this problem can be solved as follows.
Assume that there is a two-component field containing oil and water, characterized
by a field pressure P1, temperature T1 and coefficients of expansion and com-
pressibility for oil ao, bo and water aw, bw, respectively. If the thermodynamic
conditions within the field were to somehow change to pressure P2 and temper-
ature T2, there would be a re-distribution of the initial volumes of oil (Vo0) and
water (Vw0). The relative change in volumes of oil and water respectively, would
be characterized by the state equations:

DV0

Vo0
¼ ao T2 � T1ð Þ � bo P2 � P1ð Þ: ð2:7:26Þ

DVw

Vw0
¼ aw T2 � T1ð Þ � bw P2 � P1ð Þ: ð2:7:27Þ

Under these changes to the components, the initial volumes in the field value of
the total volume of both fluids would be constant:

Vo0 þ Vw0 ¼ const: ð2:7:28Þ

Thus, changes to one component of the fluid mixture in the field could only take
place at the expense of a volume change in the other component:

DVo ¼ �DVw: ð2:7:29Þ

Dividing Eq. (2.7.27) by Eq. (2.7.26) and taking into account the condition in
Eq. (2.7.29), one gets:

Vo0

Vw0
¼ � aw T2 � T1ð Þ � bw P2 � P1ð Þ

ao T2 � T1ð Þ � bo P2 � P1ð Þ : ð2:7:30Þ

Let us term the value of the ratio Vo0=Vw0 the coefficient of relative oil content
l:

l ¼ Vo0

Vw0
: ð2:7:31Þ

It is clear from Eq. (2.7.31) that for l = 1, the initial volumes of oil and water
are equal; for l[ 1 oil has a higher volume than water in the field. In such a case,
Ko [ Kw. In particular, in a case where l ? ?, there would be very little water
content in that field. At the same time, for l\ 1 the volume of water would be
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greater than that of oil, and if l ? 0 the field would contain very little oil. Thus,
by using the coefficient of the relative oil content, it is also possible to estimate the
coefficient of the oil saturation of rocks (Ko) from:

Ko ¼
1

1þ 1
l

: ð2:7:32Þ

2.8 Density of Fluids in the Early Earth Atmosphere

As it was discussed in Sect. 1.1, various sources generated energy during the
Earth’s formation and evolution, the most significant of which were planetary
accretion, planetary differentiation, bombardment by huge astronomic objects
(planetesimals, asteroids, etc.), and the radioactive decay of short-lived and
long-lived radioisotopes (Lubimova 1968a; Pollack 1997). Estimates of the
combined energy produced by these processes, even disregarding the Earth’s
possible collision with a Mars-sized body, show that the energy was sufficient to
melt the entire planet during its accretion (Lubimova 1968a, b; Pollack 1997;
Valley et al. 2002).

It is generally accepted that for some period in its early evolution, the Earth was
entirely covered by a magma-ocean (Abe 1997; Li and Agee 1996; Pollack 1997;
Labrosse et al. 2007; Righter and Drake 1997b; Sleep et al. 2001; Solomatov 2000;
Valley et al. 2002; Pilchin and Eppelbaum 2006, 2009), which was between
several hundred (Walter and Trønnes 2004) up to about 1,000 km deep (Li and
Agee 1996; Labrosse et al. 2007). Some scientists believe that this magma-ocean
could only have existed for about 1–10 million years (Spohn and Schubert 1991),
while others argue that it could have remained for 100–200 million years (Abe
1997; Pollack 1997), and could have persisted for even a few hundred million
years in the case of a thick early atmosphere (Abe 1997; Solomatov 2000). This
type of magma-ocean was also present at one time on other terrestrial planets and
the Moon (Matsui and Abe 1986; McSween 1993).

The content and composition of the early Earth’s atmosphere above this
magma-ocean would have been determined by the stability conditions of the
chemical compounds existing in the solar nebula and the developing planetesi-
mals, asteroids and other cosmic objects. Previous studies have shown that the
early Earth’s atmosphere was rich in carbon dioxide and water vapor (Table 2.21).

Numerous compounds (chlorides, hydrides, oxides, sulfides, sulfates, sulfites,
nitrates, etc.) decompose at temperatures lower than those of the magma-ocean
(Lide 2005; Speight 2005; Pilchin and Eppelbaum 2006). For example, K2O
decomposes at 623 K (Lide 2005), Na2O at 1,445 K (Lide 2005), Ni2O3 at 873 K
(Lide 2005), NaH at 698 K (Lide 2005), etc. This means that some compounds and
even pure elements would have been in the atmosphere over the magma-ocean,
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since they have relatively low boiling points of 1,032 K for K (potassium),
1,156 K for Na, 717.7 K for S, and 1,180 K for Zn (Lide 2005; Speight 2005).

As was discussed earlier, even though other compounds have greater temper-
atures of decomposition, they could still have sunk in the magma-ocean to hotter
depths where they would have decomposed and released volatiles, which would
once again have eventually ended up in the atmosphere. All of this means that the
atmosphere above the magma-ocean was rich in all the typical atmospheric gases,
volcanic gases, as well as numerous other compounds which would have existed in
a gaseous state at those temperatures.

Observing gases released during different magmatic activities reveals (Hall
1995; Stoiber 1995; Textor et al. 2004) that H2O, SO2 and CO2 are by far the chief
components of any volcanic process. This makes an examination of the conditions
of stability of carbon and sulfur compounds, as well as water, a key to any
investigation of the composition of the early atmosphere.

Analyses of published experimental data show (Pilchin and Eppelbaum 2006)
that none of the main carbonate rocks (limestone, dolomite, calcite, siderite,
magnesite, K2CO3, Na2CO3, etc.) are stable at temperatures above 1,173–1,193 K,
and that the temperatures for their stability are generally a great deal lower (Lide
2005; Speight 2005; Pilchin and Eppelbaum 2009). This means that at the time of
the magma-ocean, none of these carbonates would have survived and must have
decomposed, releasing CO2.

A similar analysis of publications on the conditions of pyrite stability shows
that the maximum temperature at which it is stable is about 1,016 K, and is usually

Table 2.21 Estimates of the partial pressure of carbon dioxide and water vapor in the early
Earth’s atmosphere

Atmosphere Age Partial
pressure
(MPa)

References
Component

Carbon dioxide, CO2 Hadean 1 Morse and Mackenzie (1998)
After end of accretion A few MPa Abe (1993)
First several hundred

Ma
1–2 Kasting and Ackerman (1986)

Early earth atmosphere 10–100 Sukumaran (2001)
Early earth atmosphere 1 Walker (1985)
Proto-atmosphere 10 Liu (2004)
Early earth atmosphere Up to 4.35 Pilchin (2011)

Water vapor, H2O Hadean All water was
vaporized

Pollack (1997)

Right after accretion 20–30 Abe (1993)
Early earth atmosphere 10–30 Zahnle et al. (1988)
Early earth atmosphere 27 Zahnle et al. (1988)
Proto-atmosphere 56 Liu (2004)
Early earth atmosphere *30 Genda and Ikoma (2008)
Early earth atmosphere *26 Pilchin and Eppelbaum (2009)
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much lower (Lide 2005; Pilchin and Eppelbaum 2006; Speight 2005). Experi-
mental data also show that pyrrhotite is unstable above *1,463 K, and pyrite is
stable below *873 K (Lide 2005; Speight 2005). Furthermore, pyrite decomposes
at temperatures of 743 K in a CO2 atmosphere (Golden et al. 2004). As such, since
neither pyrite nor pyrrhotite could have been stable within the magma-ocean,
elemental sulfur would have been released into the atmosphere after their
decomposition. It can be seen from data presented in (Lide 2005; Speight 2005)
that a number of sulfides, sulfites and sulfates would likewise have been unstable
under such conditions. For example, iron(III) sulfate decomposes at a temperature
of *1,451 K (Speight 2005) and nickel sulfate decomposes at a temperature
of *1,113 K (Lide 2005).

Analysis of the composition of magmatic gases collected from basaltic lavas
during eruptions (Hall 1995) shows that their main components are H2O, SO2 and
CO2, and that the average content of SO2 is second by volume to water and first by
weight. Textor et al. (2004) further indicated that the dominant sulfur component
of volcanic gases is sulfur dioxide (SO2). Furthermore, given the immense tem-
peratures, no liquid water could have existed on the Earth’s surface at the time of
the magma-ocean, and it all would have been in vaporous form in the atmosphere.

All of the above shows that during the formation and evolution of the magma-
ocean there would have been a very dense and thick atmosphere. This corresponds
to other studies showing that the primitive atmosphere and ocean appear to have
been formed from gases arising from the magma-ocean (Drake 2000).

Estimates of the pressure generated by such an atmosphere indicate a minimum
value of *35 MPa (Pilchin and Eppelbaum 2006). This estimate represents the
absolute minimal possible atmospheric pressure, because the amount of water used
for the calculations was that of the current day ocean and subsurface underground
content. For example, the partial pressure of water alone calculated using estimates
of its content in the biosphere, hydrosphere and crust presented in (Holland 1984)
is *39 MPa. Estimates by Zhang and Zindler (1993) show that the amount of
carbon dioxide currently bound in carbonate rocks is sufficient to generate an
additional partial pressure of *21.5 MPa. The estimated partial pressure of carbon
oxides within the early Earth’s atmosphere to determine the abundance of carbon
presently within the crust alone indicate 2.99 MPa for carbon as CO, and 4.35 MPa
for carbon as CO2 (Pilchin 2011). Similar estimates of the partial pressure within
the early Earth’s atmosphere from such elements as F, Cl, and S, as well as their
compounds using the abundance values of these elements within the present crust
alone (Pilchin 2011) indicate minimal values of 4.35 MPa for elemental F2,
2.72 MPa for elemental Cl2, 2.72 MPa for elemental S0, and 5.44 MPa for sulfur as
SO2.

Some studies have concluded that the water content on Earth at the time could
have been equal to about 5–6 current Earth oceans, and even up to 50 Earth oceans
[see review in Drake (2005)]. Stimpfl et al. (2004) and Drake (2005) calculated
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that the amount of water adsorbed in the Earth during accretion could have been as
much as 1–3 Earth oceans. Needless to say, this would have dramatically increased
the atmospheric pressure. At the same time, both the temperature and pressure
within the Earth’s atmosphere are variable with altitude. This means that at dif-
ferent altitudes within the early Earth’s atmosphere there would have been dif-
ferent values of pressure, temperature, and therefore density. It is also important to
note that the key components of the early Earth’s atmosphere (H2O, SO2, CO2,
etc.) would have been under supercritical conditions (Table 2.22).

Table 2.22 Critical properties of some fluids after (Rau et al. 1973; Reid et al. 1987; Lide 2005;
Speight 2005; Yaws 2001, 2008)

Fluid Temperature (K) Pressure (MPa) Density (kg/m3)

Carbon dioxide, CO2 304.1 7.38 468
Water, H2O 647.3 22.12 322
Methane, CH4 190.4 4.60 162
Hydrogen sulfide, H2S 373.2 8.94 349
Sulfur dioxide, SO2 430.7 7.88 525
Sulfur trioxide, SO3 491.1 8.20 633
Oxygen, O2 154.6 5.04 436
Carbon monoxide, CO 132.9 3.50 1,465
Carbon disulfide, CS2 552.0 7.90 476
Chlorine dioxide, ClO2 465.0 8.61 690
Sulfuric acid, H2SO4 925.0 6.40 552
Sulfur monochloride, S2Cl2 659.4 6.28 554
Trisulfur dichloride, S3Cl2 489.7 3.58 560
Carbonyl sulfide, COS 378.8 6.35 445
Chlorine, Cl2 417.0 7.71 573
Sulfur, Sn 1,313.0 18.2 563

Fig. 2.14 Changes in the
density of H2O, CO2, and
SO2 with increases in
temperature under pressure of
10 MPa: (1) H2O, (2) CO2,
(3) SO2 from experimental
data (Ihmels et al. 2003), (4)
SO2 calculated using
thermodynamic methods for
fluids
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Naturally, not all the water in the atmosphere would have been under super-
critical conditions, but rather only the portion under a pressure higher than the
critical pressure of water. Since H2O, CO2 and SO2 were by far the main

Fig. 2.15 Changes in the
density of H2O, CO2, and
SO2 with increases in
temperature under pressure of
25 MPa: (1) H2O, (2) CO2,
(3) SO2 from experimental
data (Ihmels et al. 2003), (4)
SO2 calculated using
thermodynamic methods for
fluids
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Fig. 2.16 Changes in the
density of H2O, CO2, and
SO2 with increases in
temperature under pressure of
35 MPa: (1) H2O, (2) CO2,
(3) SO2 from experimental
data (Ihmels et al. 2003), (4)
SO2 calculated using
thermodynamic methods for
fluids

Table 2.23 Temperature range within which the density of water is greater or about the same as
the densities of SO2, CO and CO2 at different pressures (adapted from Pilchin 2011)

Atmosphere component Temperature range (in K) at pressure

10 MPa 25 MPa 35 MPa 50 MPa 100 MPa

SO2, calculated *400–600 *500–600 Nonea Nonea Nonea

SO2, from experimental data *400–? *450–? *500–550 – –
CO2 \*600 *280–650 *300–700 *315–760 360–780
Co – – *415–630 – –
a Below this pressure the densities of SO2 calculated using thermodynamic methods for fluids are
greater than the density of water at any temperature; however experimental data show that
conditions in which the density of water is greater than that of SO2 are possible
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components of the early Earth’s atmosphere, analysis of their densities has been
conducted for different temperatures and pressures of 10, 25, and 35 MPa
(Figs. 2.14, 2.15, 2.16). Data from (Clark 1966; Kerimov et al. 1980; Lide 2005;
Speight 2005) were used to calculate the density of H2O and CO2, and experi-
mental data reported in (Ihmels et al. 2003) for SO2. Thermodynamic calculation
methods were used to derive the density of SO2 (Pilchin 2011). This analysis is
important for modeling both the conditions at different levels within the atmo-
sphere, and conditions during processes of surface cooling and decline of atmo-
spheric pressures.

The results shown in Fig. 2.16 indicate that the density of water reaches a value
of about 75.8 % of the normal density of water (NDW) at 573 K, and decreases
drastically to 14.4 % of the NDW at 773 K. Along with the further increase of
temperature, the density of water begins to drop much more slowly to a value of
about 6 % of the NDW at 1,273 K. Figures 2.14, 2.15 and 2.16 highlight that
under specific P-T-conditions, the density of water becomes greater than that of
SO2 and CO2 (see Table 2.23).

Problems related to the evolution of the early Earth’s atmosphere during the
cooling of the Earth and the formation of the water ocean are discussed in Sect. 6.2.
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