
2Isotope Fractionation Processes
of Selected Elements

The foundations of stable isotope geochemistry were laid in 1947 by Urey’s classic
paper on the thermodynamic properties of isotopic substances and by Nier’s
development of the ratio mass spectrometer. Before discussing details of the nat-
urally occurring variations in stable isotope ratios, it is useful to describe some
generalities that are pertinent to the field of non-radiogenic isotope geochemistry as
a whole.

1. Isotope fractionation is pronounced when the mass differences between the
isotopes of a specific element are large relative to the mass of the element.
Therefore, isotope fractionations are especially large for the light elements.
Recent developments in analytical techniques have opened the possibility to
detect small variations in elements with much higher mass numbers. The
heaviest element for which natural variations have been reported is uranium.

2. All elements that form solid, liquid, and gaseous compounds stable over a wide
temperature range are likely to have variations in isotopic composition. Gen-
erally, the heavy isotope is concentrated in the solid phase in which it is more
tightly bound. Heavier isotopes tend to concentrate in molecules in which they
are present in the highest oxidation state.

3. Mass balance effects can cause isotope fractionations because modal proportions
of substances can change during a chemical reaction. They are especially
important for elements in situations where these coexist in molecules of reduced
and oxidized compounds. Conservation of mass in an n component system can
be described by

dðsystemÞ ¼ R xi di ð2:1Þ

where “xi” is the mole fraction of the element in question for each of n phases
within the system.
4. Isotopic variations in most biological systems are mostly caused by kinetic

effects. During biological reactions (e.g. photosynthesis, bacterial processes) the
lighter isotope is very often enriched in the reaction product relative to the
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substrate. Most of the fractionations in biological reactions generally take place
during the so-called rate determining step, which is the slowest step. It com-
monly involves a large reservoir, where the material actually used is small
compared to the size of the reservoir.

2.1 Hydrogen

Until 1931 it was assumed that hydrogen consists of only one isotope. Urey et al.
(1932) detected the presence of a second stable isotope, which was called deute-
rium. (In addition to these two stable isotopes there is a third naturally occurring but
radioactive isotope, 3H, tritium, with a half-life of approximately 12.5 years.)
Rosman and Taylor (1998) gave the following average abundances of the stable
hydrogen isotopes:

1H: 99:9885%
2D: 0:0115%

The isotope geochemistry of hydrogen is particular interesting, for two reasons:

(1) Hydrogen is omnipresent in terrestrial environments occurring in different
oxidation states in the forms of H2O, H3O

+, OH−, H2 and CH4, even at great
depths within the Earth. Therefore, hydrogen is envisaged to play a major role,
directly or indirectly, in a wide variety of naturally occurring geological
processes.

(2) Hydrogen has by far the largest mass difference relative to the mass of the
element between its two stable isotopes. Consequently hydrogen exhibits the
largest variations in stable isotope ratios of all elements.

The ranges of hydrogen isotope compositions of some geologically important
reservoirs are given in Fig. 2.1. It is noteworthy that all rocks on Earth have
somewhat similar hydrogen isotope compositions, which is a characteristic feature
of hydrogen, but not of the other elements. The reason for this overlap in isotope
composition for rocks is likely due to the enormous amounts of water that have
been cycled through the outer shell of the Earth.

2.1.1 Methods

Determination of the D/H ratio of water is performed on H2-gas. There are two
different preparation techniques: (i) equilibration of milliliter-sized samples with
gaseous hydrogen gas, followed by mass-spectrometric measurement and back
calculation of the D/H of the equilibrated H2 (Horita 1988). Due to the very large
fractionation factor (0.2625 at 25 °C) the measured H2 is very much depleted in D,
which complicates the mass-spectrometric measurement. (ii) water is converted to
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hydrogen by passage over hot metals (uranium: Bigeleisen et al. 1952; Friedman
1953 and Godfrey 1962, zinc: Coleman et al. 1982, chromium: Gehre et al. 1996).
This is still the classic method and commonly used.

A difficulty in measuring D/H isotope ratios is that, along with the H2
+ and HD+

formation in the ion source, H3
+ is produced as a by-product of ion-molecule

collisions. Therefore, a H3
+ correction has to be made. The amount of H3

+ formed is
directly proportional to the number of H2 molecules and H+ ions. Generally the H3

+

current measured for hydrogen from ocean water is on the order of 16 % of the total
mass 3. The relevant procedures for correction have been evaluated by Brand
(2002).

Analytical uncertainty for hydrogen isotope measurements is usually in the range
±0.5 to ±3 ‰ depending on different sample materials, preparation techniques and
laboratories.

Burgoyne and Hayes (1998) and Sessions et al. (1999) introduced the contin-
uous flow technique for the D/H measurement of individual organic compounds.
Quantitative conversion to H2 is achieved at high temperatures (>1400 °C). The
precise measurement of D/H ratios in a He carrier poses a number of analytical
problems, related to the tailing from the abundant 4He+ onto the minor HD+ peak as
well as on reactions occurring in the ion source that produce H3

+; these problems
have been overcome, however, and precise D/H measurements of individual
organic compounds are possible.

An alternative to mass-spectrometry represents the direct measurement of D/H,
17O/16O and 18O/16O isotope compositions of water vapour by laser absorption
spectroscopy, also called Cavity Ring-Down Spectroscopy (CRDS) (Kerstel et al.
2002; Brand et al. 2009a, b; Schmidt et al. 2010 and others). The CRDS technique
is fast and easy in operation and allows the direct analysis of water vapour with
high precisions comparable to the classic continuous flow techniques (Brand et al.
2009a, b).
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Fig. 2.1 δD variation ranges of geologically important reservoirs (Fig. 2.1, 6th edition, p. 37)
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2.1.2 Standards

There is a range of standards for hydrogen isotopes. The primary reference stan-
dard, the zero point of the δ-scale, is V-SMOW, which is virtually identical in
isotopic composition with the earlier defined SMOW, being a hypothetical water
sample orginally defined by Craig (1961b).

V-SMOW has a D/H ratio that is higher than most natural samples on Earth, thus
δD-values in the literature are generally negative. The other standards, listed in
Table 2.1, are generally used to verify the accuracy of sample preparation and mass
spectrometry.

2.1.3 Fractionation Processes

2.1.3.1 Water Fractionations
The most effective processes in the generation of hydrogen isotope variations in the
terrestrial environment are phase transitions of water between vapor, liquid, and ice
through evaporation/precipitation and/or boiling/condensation in the atmosphere, at
the Earth’s surface, and in the upper part of the crust. Differences in H-isotopic
composition arise due to vapor pressure differences of water and, to a smaller
degree, to differences in freezing points. Because the vapor pressure of HDO is
slightly lower than that of H2O, the concentration of D is lower in the vapor than in
the liquid phase. In a simple, but elegant experiment Ingraham and Criss (1998)
have monitored the effect of vapor pressure on the rate of isotope exchange between
water and vapor, which is shown in Fig. 2.1. Two beakers with isotopically dif-
fering waters were juxtaposed in a sealed box to monitor the exchange process at
different temperatures (in this case 21 and 52 °C). As shown in Fig. 2.1 in the 52 °C
experiment the isotopic composition of the water changes rapidly and nearly
reaches equilibrium in only 27 days.

Horita and Wesolowski (1994) have summarized experimental results for the
hydrogen isotope fractionation between liquid water and water vapor in the tem-
perature range 0–350 °C (see Fig. 2.2). Hydrogen isotope fractionations decrease
rapidly with increasing temperatures and become zero at 220–230 °C. Above the

Table 2.1 Hydrogen isotope
standards

Standards Description δ-value

V-SMOW Vienna standard mean 0

Ocean water

GISP Greenland ice sheet

Precipitation −189.9

V-SLAP Vienna standard light

Antarctic precipitation −428

NBS-30 Biotite 65
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crossover temperature, water vapor is more enriched in deuterium than liquid water.
Fractionations again approach zero at the critical temperature of water (Fig. 2.2).

From experiments, Lehmann and Siegenthaler (1991) determined the equilib-
rium H-isotope fractionation between ice and water to be +21.2 ‰. Under natural
conditions, however, ice will not necessarily be formed in isotopic equilibrium with
the bulk water, depending mainly on the freezing rate.

In all processes concerning the evaporation and condensation of water, hydrogen
isotopes are fractionated in a similar fashion to those of oxygen isotopes, albeit with
a different magnitude, because a corresponding difference in vapor pressures exists
between H2O and HDO in one case and H16

2 O and H18
2 O in the other.

Therefore, the hydrogen and oxygen isotope distributions are correlated for
meteoric waters. Craig (1961a) first defined the generalized relationship:

dD ¼ 8d18Oþ 10;

which describes the interdependence of H- and O-isotope ratios in meteoric waters
on a global scale.

This relationship, shown in Fig. 2.3, is described in the literature as the “Global
Meteoric Water Line (GMWL)”.

Neither the numerical coefficient 8 nor the constant 10, also called the deuterium
excess d, are constant in nature. Both may vary depending on the conditions of
evaporation, vapor transport and precipitation and, as a result, offer insight into
climatic processes. The deuterium excess d is a valuable tool to derive information
on relative humidities (see discussion on p. 242).
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Fig. 2.2 δD-values versus time for two beakers that have equal surface areas and equal volumes
undergoing isotopic exchange in sealed systems. In both experiments at 21 and 52 °C isotope
ratios progress toward an average value of −56 ‰ via exchange with ambient vapour: solid curves
are calculated, points are experimental data (after Criss 1999) (Fig. 2.2, 6th edition, p. 39)
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2.1.3.2 Equilibrium Reactions
D/H fractionations among gases are extraordinarily large, as calculated by Bottinga
(1969) and Richet et al. (1977) and plotted in Fig. 2.4. Even in magmatic systems,
fractionation factors are sufficiently large to affect the δD-value of dissolved water
in melts during degassing of H2, H2S or CH4. The oxidation of H2 or CH4 to H2O
and CO2 may also have an effect on the isotopic composition of water dissolved in
melts due to the large fractionation factors (Fig. 2.5).

With respect to mineral-water systems, different experimental studies obtained
widely different results for the common hydrous minerals with respect to the
absolute magnitude and the temperature dependence of D/H fractionations (Suzuoki
and Epstein 1976; Graham et al. 1980; Vennemann and O’Neil 1996; Saccocia
et al. 2009). Suzuoki and Epstein (1976) first demonstrated the importance of the
chemical composition of the octahedral sites in crystal lattices to the mineral
H-isotope composition. Subsequently, isotope exchange experiments by Graham
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Fig. 2.3 Experimentally determined fractionation factors between liquid water and water vapour
from 1 to 350 °C (after Horita and Wesolowski 1994) (Fig. 2.3, 6th edition, p. 39)
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et al. (1980, 1984) suggested that the chemical composition of sites other than the
octahedral sites can also affect hydrogen isotope compositions. These authors
postulate a qualitative relationship between hydrogen-bond distances and hydrogen
isotope fractionations: the shorter the hydrogen bond, the more depleted the mineral
is in deuterium.

On the basis of theoretical calculations, Driesner (1997) proposed that many of
the discrepancies between the experimental studies were due to pressure differences
at which the experiments were carried out. Thus for hydrogen, pressure is a variable
that must be taken into account in fluid-bearing systems. Later, Horita et al. (1999)
presented experimental evidence for a pressure effect between brucite and water.

Chacko et al. (1999) developed an alternative method for the experimental
determination of hydrogen isotope fractionation factors. Instead of using powdered
minerals as starting materials, these authors carried out exchange experiments with
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Fig. 2.4 Global relationship between monthly means of δD and δ18O in precipitation, derived for
all stations of the IAEA global network. Line indicates the global Meteoric Water Line
(MWL) (after Rozanski et al. 1993) (Fig. 2.4, 6th edition, p. 40)
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large single crystals and then analyzed the exchanged rims with the ion probe.
Although the precision of the analytical data is less than that for conventional bulk
techniques, the advantage of this technique is that it allows the determination of
fractionation factors in experiments in which isotopic exchange occurs by a dif-
fusional process rather than by a combination of diffusion and recrystallization.

In summary, as discussed by Vennemann and O’Neil (1996), discrepancies
between published experimental calibrations in individual mineral-water systems
are difficult to resolve, which limits the application of D/H fractionations in
mineral-water systems to estimate δD-values of coexisting fluids. As shown by
Méheut et al. (2010) first-principles calculations of D/H fractionations may repro-
duce experimental calculations within a range of about 15 ‰. These authors also
demonstrated that internal fractionations between inner-surface and inner hydroxyl
groups may be large and even opposite in sign.

2.1.3.3 Fractionations During Biosynthesis
Water is the ultimate source of hydrogen in all naturally organic compounds pro-
duced by photosynthesis. Thus D/H ratios in organic matter contain information
about climate (see Sect. 3.11). During biosynthetic hydrogen conversion of water to
organic matter, large H-isotope fractionations with δD-values between −400 and
+200 ‰ have been observed (Sachse et al. 2012).

δD-variations in individual compounds within a single plant or organism can be
related to differences in biosynthesis. Accurate isotope fractionation factors among
organic molecules and water are difficult to be determined, although tremendous
progress has been achieved through the introduction of the compound specific
hydrogen isotope analysis (Sessions et al. 1999; Sauer et al. 2001; Schimmelmann
et al. 2006), which allows the δD analysis of individual biochemical compound.
Further details are discussed in Sect. 3.10.1.2.

Using a combination of experimental calibration and theoretical calculation
Wang et al. (2009a, b) estimated equilibrium factors for various H positions in
molecules such as alkanes, ketones, carboxyl acids and alcoholes. By summing
over individual H positions, equilibrium fractionations relative to water are −90 to
−70 ‰ for n-alkanes and about −100 ‰ for pristane and phytane. Wang et al.
(2013a, b) extended his approach to cyclic compounds and observed total equi-
librium fractionations of −100 to −65 ‰ for typical cyclic paraffins being similar to
linear hydrocarbons. These numbers, however, are very different to typical bio-
synthetic fractionations that are between −300 and −150 ‰ due to kinetic isotope
fractionations.

The biosynthesis of lipids as one of the most common group of organic material
involves complex enzymatic reactions in which hydrogen may be added, removed
or exchanged, all potentially leading to H isotope fractionations. Lipids with the
smallest D depletion relative to water are n-alkyl lipids. Isoprenoid lipids show
depletions by 200–250 ‰ and phytol and related compounds have the largest
D-depletion.
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2.1.3.4 Other Fractionations
In salt solutions, isotopic fractionations can occur between water in the “hydration
sphere” and free water (Truesdell 1974). The effects of dissolved salts on hydrogen
isotope activity ratios in salt solutions can be qualitatively interpreted in terms of
interactions between ions and water molecules, which appear to be primarily related
to their charge and radius. Hydrogen isotope activity ratios of all salt solutions
studied so far are appreciably higher than H-isotope composition ratios. As shown
by Horita et al. (1993), the D/H ratio of water vapor in isotope equilibrium with a
solution increases as salt is added to the solution. Magnitudes of the hydrogen
isotope effects are in the order CaCl2 > MgCl2 > MgSO4 > KCl * NaCl > NaSO4

at the same molality.
Isotope effects of this kind are relevant for an understanding of the isotope

composition of clay minerals and absorption of water on mineral surfaces. The
tendency for clays and shales to act as semipermeable membranes is well known.
This effect is also known as “ultrafiltration”. Coplen and Hanshaw (1973) postu-
lated that hydrogen isotope fractionations may occur during ultrafiltration in such a
way that the residual water is enriched in deuterium due to its preferential
adsorption on the clay minerals and its lower diffusivity.

2.2 Lithium

Lithium has two stable isotopes with the following abundances (Rosman and
Taylor 1998):

6Li 7:59%

7Li 92:41%

Lithium is one of the rare elements where the lighter isotope is less abundant
than the heavier one. In order to be consistent with the other isotope systems lithium
isotope ratios are reported as δ7Li-values.

The large relative mass difference between 6Li and 7Li of about 16 % is a
favorable condition for their fractionation in nature. Taylor and Urey (1938) found a
change of 25 % in the Li-isotope ratio when Li-solutions percolate through a zeolite
column. Thus, fractionation of Li-isotopes might be expected in geochemical set-
tings in which cation exchange processes are involved. Li is only present in the +1
valence state, so redox reactions do not influence its isotope composition. A recent
review about natural Li isotope variations has been given by Burton and Vigier
(2011).

Lithium isotope geochemistry is characterized by a difference close to 30 ‰
between ocean water (δ7Li +31 ‰) and bulk silicate earth with a δ7Li-value of 3.2
‰ (Seitz et al. 2007). In this respect lithium isotope geochemistry is very similar to
that of boron (see p. 59). The isotopic difference between the mantle and the ocean
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can be used as a powerful tracer to constrain water/rock interactions (Tomaszak
2004). Figure 2.6 gives an overview of Li-isotope variations in major geological
reservoirs.

2.2.1 Methods

Early workers had to struggle with serious lithium fractionation effects during mass
spectrometric analysis. Li isotopes have been analysed with TIMS (James and
Palmer 2000) and ion microprobe (Kasemann et al. 2005a, b). Most workers use the
multicollector sector ICP-MS technique first described by Tomascak et al. (1999),
modified by Millot et al. (2004) and Jeffcoate et al. (2004). In order to avoid
interferences and matrix effects, Li has to be separated from the rest of the sample.
During elution, a 100 % yield is necessary, even a small loss of Li may shift the
δ7Li value by several ‰.

Unfortunately, there are no internationally accepted Li isotope values for rocks
or waters. James and Palmer (2000) have determined nine international rock
standards ranging from basalt to shale relative to the so-called NIST L-SVEC
standard. In addition, Jeffcoate et al. (2004) and Gao and Casey (2011) presented
δ7Li values for other reference materials.

2.2.2 Diffusion

Li isotope variations have been interpreted—like other isotope systems—in terms
of isotope equilibrium between minerals and fluids, however, the analysis of natural
samples and experimental studies have shown that Li isotope variations may be
very often kinetically controlled due to the large differences in 6Li and 7Li diffu-
sivities that may far exceed Li isotope variations produced by equilibrium pro-
cesses. Diffusive Li isotope fractionation has been reported to occur on a meter to
micrometer scale during cooling processes (Lundstrom et al. 2005; Teng et al.
2006; Jeffcoate et al. 2007; Parkinson et al. 2007). In silicate minerals 6Li diffuses
3 % faster than 7Li, consistent with experiments by Richter et al. (2003). Dohmen
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et al. (2010) measured Li diffusion rates in olivine and observed a complex dif-
fusion behaviour, that can be described by a model that partitions Li between two
sites: an octahedral and an interstitial site. Published Li isotope data indicate that the
interstitial mechanism is unlikely to be the dominant system (Seitz et al. 2004;
Jeffcoate et al. 2007).

In summary, diffusion at magmatic temperatures is a very effective mechanism
for generating large variations in 7Li/6Li ratios (Lundstrom et al. 2005; Teng et al.
2006; Rudnick and Ionov 2007). Although diffusion profiles will relax with time,
the existence of sharp δ7Li-profiles suggest diffusional Li isotope fractionation over
short timescales (days to a few months) and therefore diffusion profiles in mantle
minerals may be used as geospeedometers (Parkinson et al. 2007). At the same time
diffusion may obliterate primary mantle signatures.

2.2.3 Magmatic Rocks

High temperature equilibrium Li isotope fractionations have been investigated
experimentally (Wunder et al. 2006, 2007) and theoretically (Kowalski and Jahn
2011). Calculated fractionation factors between staurolite, spodumene, mica and
aqueous fluids are in good agreement with experimentally derived fractionation
factors.

Mantle-derived basalts have a relatively uniform composition with δ7Li values
of 4 ± 2 ‰ (Tomaszak 2004; Elliott et al. 2004), close to undepleted upper mantle
(Jeffcoate et al. 2007). The δ7Li range for MORB is relatively narrow, but larger
than for mantle peridotites. On the other hand, some peridotites have a wide range
in δ7Li values from values as low as −17‰ (Nishio et al. 2004) to values as high as
+10 ‰ (Brooker et al. 2004). This large range might be explained by diffusion
controlled Li exchange.

Mantle minerals show a typical order of 7Li enrichment: olivines and orthopy-
roxenes have ± the same isotope composition, whereas clinopyroxenes are enriched
in 7Li and more variable. Olivines generally keep the mantle signatures whereas
clinopyroxenes are more sensitive to metasomatic overprint leading to isotope
variations, which can be explained by diffusion processes that may affect clino-
pyroxenes during melt migration (Parkinson et al. 2007).

Because Li isotopes may be used as a tracer to identify the existence of recycled
material in the mantle, systematic studies of arc lavas have been undertaken
(Moriguti and Nakamura 1998; Tomascak et al. 2000; Leeman et al. 2004 and
others). However, most arc lavas have δ7Li values that are indistinguishable from
those of MORB. Thus Li seems to be decoupled from other fluid mobile elements,
because Li can partition into the Mg-silicates, pyroxene, olivine (Tomascak et al.
2002).

Granites of various origin display an average δ7Li value slightly lighter than the
mantle (Teng et al. 2004, 2009). Considering the small Li isotope fractionation at
high temperature during igneous differentiation processes (Tomaszak 2004),
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pristine continental crust should not be too different in Li isotope composition from
the mantle. Because this is not the case, the isotopically light crust must have been
modified by secondary processes, such as weathering, hydrothermal alteration and
prograde metamorphism (Teng et al. 2007a, b).

Li isotope distribution through the oceanic crust reflects the varying conditions
of seawater alteration with depth (Chan et al. 2002; Gao et al. 2012). At low
temperatures, altered volcanic rocks have heavier Li isotope compositions than
MORB whereas at higher temperatures in deeper parts of the oceanic crust
δ7Li-values become similar to MORB. Gao et al. (2012) concluded that the Li
isotope pattern in drilled oceanic sections reflects variations in water/rock ratios in
combination with increasing downhole temperatures.

During fluid-rock interaction, Li as a fluid-mobile element will enrich in aqueous
fluids. It might therefore be expected that δ7Li enriched seawater incorporated into
altered oceanic crust should be removed during subduction zone metamorphism.
Continuous dehydration of pelagic sediments and altered oceanic crust results in
7Li-depleted rocks and in 7Li enriched fluids. A subducting slab therefore should
introduce large amounts of 7Li into the mantle wedge. To quantitatively understand
this process Li isotope fractionation factors between minerals and coexisting fluids
must be known (Wunder et al. 2006, 2007).

2.2.4 Weathering

Li is relatively mobile during weathering. The best evidence for Li isotope frac-
tionation during weathering is the systematic 7Li enrichment of natural waters
relative to their source rocks (Burton and Vigier 2011). During weathering 7Li is
preferentially mobilized, whereas 6Li becomes enriched in the weathering residue.
The range of δ7Li values in river waters can be quite large (from +6 to +33 ‰, Huh
et al. 1998, 2004). The major control of Li isotopic composition is the balance
between primary mineral dissolution and secondary mineral formation, where 6Li is
preferentially taken up by the solid, driving the fluid to heavy values (Wimpenny
et al. 2010). The magnitude of fractionation seems to depend on the extent of
weathering: large Li isotope fractionations seem to occur during superficial
weathering while little fractionation is observed during prolonged weathering in
stable environments (Millot et al. 2010a, b). Rudnick et al. (2004) have demon-
strated that Li isotope fractionation correlates directly with the degree of weathering
leading to very light δ7Li-values in soils.

Preferential weathering of primary minerals does not generate significant Li
isotope fractionations. Wimpenny et al. (2010) demonstrated that dissolution of
basaltic glass and olivine does not result in measurable Li isotope fractionation.
Secondary mineral formation and adsorption on mineral surfaces are regarded to be
the major process responsible for the high δ7Li values in waters. Considerable Li
isotope fractionations, for instance, have been observed during chemical sorption of
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Li on the surface of gibbsite (Pistiner and Henderson 2003) or on clay minerals
(Zhang et al. 1998; Millot et al. 2010a, b).

2.2.5 Ocean Water

Lithium is a conservative element in the ocean with a residence time of about one
million year. Its isotope composition (δ7Li: 31 ‰) is maintained by inputs of
dissolved Li from rivers (average δ7Li +23 ‰, Huh et al. 1998) and
high-temperature hydrothermal fluids at ocean ridges at one hand and low tem-
perature removal of Li into oceanic basalts and marine sediments at the other.
Precipitation of carbonates does not play a major role due to the low
Li-concentrations of carbonates. This fractionation pattern explains, why the Li
isotope composition of seawater is heavier than its primary sources (continental
weathering: 23 ‰; Huh et al. 1998) and high-temperature hydrothermal fluids (6–
10 ‰, Chan et al. 1993).

In this connection it is interesting to note that ocean water is not the major Li
supplier in rainwater (Millot et al. 2010a, b). Rainwater has low Li concentrations,
but very variable Li isotope compositions. High δ7Li values have been explained by
anthropogenic contamination from fertilizers in agriculture (Millot et al. 2010a, b).

Any variance in Li sources and sinks during geologic history should cause
secular variations in the isotope composition of oceanic Li. And indeed Misra and
Froelich (2012) reconstructed the Li isotope composition of ocean water for the last
68 Ma and observed an 9 ‰ increase from the Paleocene to the present requiring
changes in continental weathering and/or low temperature ocean crust alteration
(see p. 268). By extending this approach, Wanner et al. (2014) presented a model
that revealed a close relationship between δ7Li and CO2 consumption by silicate
weathering.

2.3 Boron

Boron has two stable isotopes with the following abundances (Rosman and Taylor
1998).

10B 19:9 %

11B 80:1%

The large mass difference between 10B and 11B and large chemical isotope
effects between different species (Bigeleisen 1965) make boron a very promising
element to study for isotope variations. The utility of boron isotopes as a geo-
chemical tracer stems from the high mobility of boron during high- and
low-temperature fluid-related processes, showing a strong affinity for silicate melts
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and aqueous fluids. B is preferentially hosted in phyllosilicates; common mantle
and crustal minerals except tourmaline have low B concentrations.

Boron isotope geochemistry is characterized by distinct isotope signatures:

(i) strong enrichment of 11B in seawater (+39.6 ‰, Foster et al. 2010).
(ii) depletion of 11B in the continental crust and marine sediments
(iii) slight depletion of 11B in the upper mantle (Chaussidon and Marty 1995)

The lowest δ11B-values of around −70 ‰ have been observed for certain coals
(Williams and Hervig 2004), whereas the most enriched 11B-reservoir has been
found in brines from Australia and Israel (Dead Sea) which have δ11B-values of up
to 60 ‰ (Vengosh et al. 1991a, b). A very characteristic feature of boron geo-
chemistry is the isotopic composition of ocean water with a constant δ11B-value of
39.6 ‰ (Foster et al. 2010), which is about 50 ‰ heavier than the average con-
tinental crust of −10 ± 2 ‰ (Chaussidon and Albarede 1992). Isotope variations of
boron in some geological reservoirs are shown in Fig. 2.7.

2.3.1 Methods

In recent years 3 different methods have been used for boron isotope analysis:
(i) thermal ionisation mass-spectrometry (TIMS), either with positively charged
(P-TIMS) or negatively charged (N-TIMS) ions, (ii) multi-collector-ICP mass
spectrometry and (iii) secondary ion mass spectrometry (SIMS).

(i) Two different methods have been developed for TIMS. The positive thermal
ionization technique uses Na2BO2

+ ions (McMullen et al. 1961). Subse-
quently, Spivack and Edmond (1986) modified this technique by using
Cs2BO2

+ ions (measurement of the masses 308 and 309). The substitution of
133Cs for 23Na increases the molecular mass and reduces the relative mass
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difference of its isotopic species, which limits the thermally induced mass
dependent isotopic fractionation. This latter method has a precision of about
±0.25 ‰, which is better by a factor of 10 than the Na2BO2

+ method. In
negative ion mode (N-TIMS), boron isotopes are analysed as BO2

− (masses 42
and 43). N-TIMS has the advantage that no chemical separation of boron from
the sample matrix is required.

(ii) Lecuyer et al. (2002) first described the use of MC-ICP-MS for B isotopic
measurements of waters, carbonates, phosphates and silicates with an external
reproducibilty of ±0.3 ‰, improvement in reproducibility has been achieved
by Guerrot et al. (2011) and Louvat et al. (2011). Le Roux et al. (2004)
introduced an in situ laser ablation ICP-MS method at the nanogram level. The
amount of boron measured are two orders of magnitude lower than P-TIMS
and acid solution ICP-MS methods.

(iii) Chaussidon and Albarede (1992), performed boron isotope determinations
with an ion-microprobe having an analytical uncertainty of about ±2 ‰.
Significant improvements with SIMS analysis have been described by Rollion
and Erez (2010).

As analytical techniques have been consistently improved in recent years, the
number of boron isotope studies has increased rapidly. δ11B-values are generally
given relative NBS boric acid SRM 951, which is prepared from a Searles Lake
borax. This standard has a 11B/10B ratio of 4.04558 (Palmer and Slack 1989).

2.3.2 Isotope Fractionation Mechanism

(a) pH dependence of isotope fractionations

Boron is generally bound to oxygen or hydroxyl groups in either triangular (e.g.,
BO3) or tetrahedral (e.g., B(OH)4

−) coordination. The dominant isotope fraction-
ation process occurs in aqueous systems via an equilibrium exchange process
between boric acid (B(OH)3) and coexisting borate anion (B(OH)4

−). At low
pH-values trigonal B(OH)3 predominates, at high pH-values tetrahedral B(OH)4

− is
the primary anion. The pH-dependence of the two boron species and their related
isotope fractionation is shown in Fig. 2.8 (after Hemming and Hanson 1992). The
pH dependence has been used reconstructing past ocean pH-values by measuring
the boron isotope composition of carbonates e.g. foraminifera. This relies on the
fact that mainly the charged species B(OH)4

− is incorporated into carbonate min-
erals with small to insignificant fractionations (Hemming and Hanson 1992; Sanyal
et al. 2000). In corals, Rollion-Bard et al. (2011), however, observed both coor-
dination species in the coral microstructure.

Because of the inability to quantitatively separate the two species in solution, a
theoretically calculated fractionation factor of about 1.0194 at 25 °C has been
widely used for pH estimates (Kakihana et al. 1977). As recently shown by Zeebe
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(2005) and Klochko et al. (2006), the equilibrium fractionation factor appears to be
significantly larger than the theoretical value of Kakihana et al. (1977) used in
paleo-pH studies. Klochko et al. (2006), for instance, reported a fractionation factor
of 1.0272. Furthermore, it has to be assumed that no “vital effect” occurs during
incorporation of borate into the carbonate lattice or the species-specific fractionation
effect is known and can be corrected for.

This approach has been not only used to indirectly estimate the seawater pH
from δ11B of foraminifera, but to estimate from the pH proxy the past atmospheric
CO2 concentrations (i.e. Pearson and Palmer 1999, 2000; Pagani et al. 2005). An
increase in atmospheric CO2 results in increased dissolved CO2 in ocean water,
which in turn causes a reduction in oceanic pH, well known as ocean acidification.
A note of caution was presented by Lemarchand et al. (2000), who suggested that
boron isotope variations in foraminifera depend at least in part on variations in the
supply of riverine boron to the ocean during the geologic past. And indeed the
boron isotope composition of rivers can be extremely variable (Rose et al. 2000;
Lemarchand et al. 2002).

(b) Adsorption

Significant isotope fractionations may occur when aqueous boric acid absorbs on
solid surfaces, as shown by Lemarchand et al. (2005) and others. Boron isotopic
compositions are controlled by ion exchange rates at the mineral/water interface.
The extent of B isotope fractionation depends on B aqueous speciation and on the
structure of surface complexes. High values of B isotope fractionation are observed
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at low pH, lower values are observed at high pH, which is due to the change in
coordination from trigonal to tetrahedral.

2.3.3 Fractionations at High Temperatures

Experimental studies of boron isotope fractionation between hydrous fluids, melts
and minerals have shown that 11B preferentially partitions into the fluid relative to
minerals or melts (Palmer et al. 1987; Williams et al. 2001; Wunder et al. 2005;
Liebscher et al. 2005), ranging from about 33 ‰ for fluid-clay (Palmer et al. 1987),
to about 6‰ for fluid-muscovite at 700 °C (Wunder et al. 2005) and to a few‰ for
fluid-melt above 1000 °C (Hervig et al. 2002). The main fractionation effect seems
to be due to the change from trigonal boron in neutral pH hydrous fluid to tetra-
hedrally coordinated boron in most rock forming minerals.

At high temperatures, B isotope fractionations during crystal fractionation and
melting are small. Boron like lithium are useful tracers for mass transfer in sub-
duction zones. Both elements are mobilized by fluids and melts and display con-
siderable isotope fractionation during dehydration reactions. Concentrations of B
are low in mantle derived materials, whereas they are high in sediments and altered
oceanic crust. Any input of fluid and melt from the subducting slab into the
overlying mantle has a strong impact on the isotope composition of the mantle
wedge and on magmas generated there. Recycled marine boron, for instance, may
lead to an enrichment of 11B in sources for arc volcanic rocks (Tonarini et al. 2011).

2.3.4 Tourmaline

Tourmaline is the most abundant reservoir of boron in metamorphic and magmatic
rocks. Tourmaline is stable over a very large p-T range and forms where crustal
rocks interact with fluids or melts. Thus, its isotope composition provides a record
of fluids and melts from which it crystallized. Swihart and Moore (1989), Palmer
and Slack (1989), Slack et al. (1993), Smith and Yardley (1996) and Jiang and
Palmer (1998) analyzed tourmaline from various geological settings and observed a
large range in δ11B-values which reflects the different origins of boron and its high
mobility during fluid related processes.

Boron isotope compositions of tourmalines vary from about +30 ‰ to values
below −20 ‰ (Marschall and Jiang 2011). High δ11B-values can be related to
seawater, whereas low δ11B-values are either derived from nonmarine evaporites or
produced by interaction between rocks and fluids during metamorphic dehydration.
Tourmalines in most granites and pegmatites show δ11B-values around −10 ‰
close to the average composition of the continental crust (Marschall and Jiang
2011).
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Since volume diffusion of B isotopes is insignificant in tourmalines (Nakano and
Nakamura 2001), isotopic heterogeneities of zoned tourmalines should be preserved
up to at least 600 °C. By using the SIMS method, Marschall et al. (2008) dem-
onstrated that boron isotopes in zoned tourmalines, indeed, may reflect different
stages of tourmaline growth. Besides, the large chemical variability of tourmaline
can be used as a fingerprint for a large number of other isotope systems including O,
H, Si, Mg and Li (Marschall and Jiang 2011).

2.3.5 Tracer for Anthropogenic Pollution

Boron is widely used in industry; most commonly in the form of sodium perborate
as an oxidative bleaching agent in cleaning products. The abundant use results in
boron accumulation in waste effluents. Borate minerals and synthetic borate
products are characterized by a narrow range in δ11B-values that are distinctly
different from boron isotope values in unpolluted groundwater (Vengosh et al.
1994; Barth 1998). Thus, boron isotopes may identify or even quantify contami-
nation of surface waters.

Although the concentration of B in rain water is low, improved analytical
techniques have allowed the determination of very precise B isotope data (Chetelat
et al. 2009; Millot et al. 2010a, b). δ11B values in rain show a large variation
depending on the sampling site (coastal vs. inland). Near coastal stations reflect the
marine origin of boron, variably influenced by evaporation-condensation fraction-
ation processes, For inland stations, crustal, anthropogenic and biogenic boron
sources have to be included.

2.4 Carbon

Carbon occurs in a wide variety of compounds on Earth, from reduced organic
compounds in the biosphere to oxidized inorganic compounds like CO2 and car-
bonates. The broad spectrum of carbon-bearing compounds involved in low- and
high-temperature geological settings can be assessed on the basis of carbon isotope
fractionations.

Carbon has two stable isotopes (Rosman and Taylor 1998)

12C ¼ 98:93 % reference mass for atomic weight scaleð Þ
13C ¼ 1:07%

The naturally occurring variations in carbon isotope composition are greater than
120 ‰, neglecting extraterrestrial materials. Heavy carbonates with δ13C-values >
+20 ‰ and light methane of <−100 ‰ have been reported in the literature.
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2.4.1 Analytical Methods

The gases used in 13C/12C measurements are CO2 or CO obtained during pyrolysis.
For CO2 the following preparation methods exist:

(a) Carbonates are reacted with 100 % phosphoric acid at temperatures between
20 and 90 °C (depending on the type of carbonate) to liberate CO2 (see also
“oxygen”).

(b) Organic compounds are generally oxidized at high temperatures (850–1000 °C)
in a stream of oxygen or by an oxidizing agent like CuO. For the analysis of
individual compounds in complex organic mixtures, a gas chromatography—
combustion—isotope ratio mass-spectrometry (GC-C-IRMS) system is used,
first described by Matthews and Hayes (1978). This device can measure
individual carbon compounds in mixtures of sub-nanogram samples with a
precision of better than ±0.5 ‰.

2.4.1.1 Standards
As the commonly used international reference standard PDB has been exhausted for
several decades, there is a need for introducing new standards. Even though several
different standards are in use today, the international standard the δ-values are
referred to remains to be the V-PDB-standard (Table 2.2).

2.4.2 Fractionation Processes

The two main terrestrial carbon reservoirs, organic matter and sedimentary car-
bonates, have distinctly different isotopic characteristics because of the operation of
two different reaction mechanisms:

1. Isotope equilibrium exchange reactions within the inorganic carbon system
“atmospheric CO2—dissolved bicarbonate—solid carbonate” lead to an
enrichment of 13C in carbonates.

2. Kinetic isotope effects during photosynthesis concentrate the light isotope 12C in
the synthesized organic material.

Table 2.2 δ13C-values of
NBS-reference samples
relative to V-PDB

NBS-18 Carbonatite −5.00

NBS-19 Marble +1.95

NBS-20 Limestone −1.06

NBS-21 Graphite −28.10

NBS-22 Oil −30.03
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2.4.2.1 Carbonate System
The inorganic carbonate system is comprised of multiple chemical species linked
by a series of equilibria:

CO2 aqð Þ þ H2O$H2CO3 ð2:2Þ

H2CO3 $Hþ þ HCO3
� ð2:3Þ

HCO�
3 $Hþ þ CO3

2� ð2:4Þ

The carbonate (CO3
2�) ion can combine with divalent cations to form solid

minerals, calcite and aragonite being the most common

Ca2þ þ CO3
2�¼CaCO3 ð2:5Þ

An isotope fractionation is associated with each of these equilibria, the
13C-differences between the species depend only on temperature, although the
relative abundances of the species are strongly dependent on pH. Several authors
have reported isotope fractionation factors for the system dissolved inorganic car-
bon (DIC)—gaseous CO2 (Vogel et al. 1970; Mook et al. 1974; Zhang et al. 1995).
The major problem in the experimental determination of the fractionation factor is
the separation of the dissolved carbon phases (CO2aq, HCO3

−, CO3
–) because

isotope equilibrium among these phases is reached within seconds. The generally
accepted carbon isotope equilibrium values between calcium carbonate and dis-
solved bicarbonate are derived from inorganic precipitate data of Rubinson and
Clayton (1969), Emrich et al. (1970), and Turner (1982). What is often not ade-
quately recognized is the fact that systematic C-isotope differences exist between
calcite and aragonite. Rubinson and Clayton (1969) and Romanek et al. (1992)
found calcite and aragonite to be 0.9 and 2.7 ‰ enriched in 13C relative to
bicarbonate at 25 °C. Another complicating factor is that shell carbonate—pre-
cipitated by marine organisms—is frequently not in isotopic equilibrium with the
ambient dissolved bicarbonate. Such so-called “vital” effects can be as large as a
few permil (see discussion on p. 307).

Carbon isotope fractionations under equilibrium conditions are important not
only at low-temperature, but also at high temperatures within the system carbonate,
CO2, graphite, and CH4. Of these, the calcite-graphite fractionation has become a
useful geothermometer (e.g., Valley and O’Neil 1981; Scheele and Hoefs 1992;
Kitchen and Valley 1995) (see discussion on p. 339).

Figure 2.9 summarizes carbon isotope fractionations between various geologic
materials and gaseous CO2 (after Chacko et al. 2001).

2.4.2.2 Organic Carbon System
Early reviews by O’Leary (1981) and Farquhar et al. (1989) have provided the
biochemical background of carbon isotope fractionations during photosynthesis,
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with more recent accounts by Hayes (2001), Freeman (2001) and Galimov (2006).
The main isotope-discriminating steps during biological carbon fixation are (i) the
uptake and intracellular diffusion of CO2 and (ii) the biosynthesis of cellular
components. Such a two-step model was first proposed by Park and Epstein (1960):

CO2ðexternalÞ $CO2ðinternalÞ ! organic molecule

From this simplified scheme, it follows that the diffusional process is reversible,
whereas the enzymatic carbon fixation is irreversible. The two-step model of carbon
fixation clearly suggests that isotope fractionation is dependent on the partial
pressure of CO2 of the system. With an unlimited amount of CO2 available to a
plant, the enzymatic fractionation will determine the isotopic difference between the
inorganic carbon source and the final bioproduct. Under these conditions, 13C
fractionations may vary from −17 to −40 ‰ (O’Leary 1981). When the concen-
tration of CO2 is the limiting factor, the diffusion of CO2 into the plant is the slow
step in the reaction and carbon isotope fractionation of the plant decreases.

Atmospheric CO2 first moves through the stomata, dissolves into leaf water and
enters the outer layer of photosynthetic cells, the mesophyll cell. Mesophyll CO2 is
directly converted by the enzyme ribulose biphosphate carboxylase/oxygenase
(“Rubisco”) to a 6 carbon molecule, that is then cleaved into 2 molecules of
phosphoglycerate (PGA), each with 3 carbon atoms (plants using this photosyn-
thetic pathway are therefore called C3 plants). Most PGA is recycled to make
ribulose biphosphate, but some is used to make carbohydrates. Free exchange
between external and mesophyll CO2 makes the carbon fixation process less effi-
cient, which causes the observed large 13C-depletions of C3 plants.
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C4 plants incorporate CO2 by the carboxylation of phosphoenolpyruvate
(PEP) via the enzyme PEP carboxylase to make the molecule oxaloacetate which
has 4 carbon atoms (hence C4). The carboxylation product is transported from the
outer layer of mesophyll cells to the inner layer of bundle sheath cells, which are
able to concentrate CO2, so that most of the CO2 is fixed with relatively little carbon
fractionation.

In conclusion, the main controls on carbon fractionation in plants are the action
of a particular enzyme and the “leakiness” of cells. Because mesophyll cells are
permeable and bundle sheath cells are less permeable, C3 versus C4 plants have
13C-depletions of −18 ‰ versus –4 ‰ relative to atmospheric CO2 (see Fig. 2.10).

The final carbon isotope composition of naturally synthesized organic matter
depends on a complex set of parameters. (i) the 13C-content of the carbon source,
(ii) isotope effects associated with the assimilation of carbon, (iii) isotope effects
associated with metabolism and biosynthesis and (iv) cellular carbon budgets
(Hayes 1993, 2001).

Even more complex is C-isotope fractionation in aquatic plants. Factors that
control the δ13C of phytoplankton include temperature, availability of CO2(aq), light
intensity, nutrient availability, pH and physiological factors such as cell size and
growth rate (Laws et al. 1995, 1997; Bidigare et al. 1997; Popp et al. 1998 and
others). In particular the relationship between C-isotope composition of phyto-
plankton and concentration of oceanic dissolved CO2 has been subject of consid-
erable debate because of its potential as a palaeo-CO2 barometer (see discussion
p. 278).

Since the pioneering work of Park and Epstein (1960) and Abelson and Hoering
(1961), it is well known that 13C is not uniformly distributed among the total
organic matter of plant material, but varies between carbohydrates, proteins and
lipids. The latter class of compounds is considerably depleted in 13C relative to the
other products of biosynthesis. Although the causes of these 13C-differences are not
entirely clear, kinetic isotope effects seem to be more plausible (De Niro and
Epstein 1977; Monson and Hayes 1982) than thermodynamic equilibrium effects
(Galimov 1985a, 2006). The latter author argued that 13C-concentrations at
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individual carbon positions within organic molecules are principally controlled by
structural factors. Approximate calculations suggested that reduced C–H bonded
positions are systematically depleted in 13C, while oxidized C–O bonded positions
are enriched in 13C. Many of the observed relationships are qualitatively consistent
with that concept. However, it is difficult to identify any general mechanism by
which thermodynamic factors should be able to control chemical equilibrium within
a complex organic structure. Experimental evidence presented by Monson and
Hayes (1982) suggests that kinetic effects will be dominant in most biological
systems.

2.4.2.3 Interactions Between Carbonate-Carbon and Organic
Carbon

Variations in 13C content of some important carbon compounds are schematically
demonstrated in Fig. 2.11: The two most important carbon reservoirs on Earth,
marine carbonates and the biogenic organic matter, are characterized by very dif-
ferent isotopic compositions: the carbonates being isotopically heavy with a mean
δ13C-value around 0 ‰ and organic matter being isotopically light with a mean
δ13C-value around −25 ‰. For these two sedimentary carbon reservoirs an isotope
mass balance must exist such that:

d13Cinput ¼ forg d
13Corg þ 1� forg

� �
d13Ccarb ð2:6Þ

If δinput, δorg, δcarb can be determined for a specific geologic time, forg can be
calculated, where forg is the fraction of organic carbon entering the sediments. It
should be noted that forg is defined in terms of the global mass balance and is
independent of biological productivity referring to the burial rather than the syn-
thesis of organic material. That means that large forg values might be a result of high
productivity and average levels of preservation of organic material or of low levels
of productivity and high levels of preservation.
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The δ13C-value for the input carbon cannot be measured precisely but can be
estimated with a high degree of certainty. As will be shown later, mantle carbon has
an isotopic composition around −5 ‰ and estimates of the global average isotope
composition for crustal carbon also fall in that range. Assigning −5 ‰ to
δ13C-input, a modern value for forg is calculated as 0.2 or expressed as the ratio of
Corg/Ccarb = 20/80. As will be shown later (Chap. 3.7.2) forg has obviously changed
during specific periods of the Earth’s history (e.g. Hayes et al. 1999). With each
molecule of organic carbon being buried, a mole of oxygen is released to the
atmosphere. Hence, knowledge of forg is of great value in reconstructing the crustal
redox budget.

2.5 Nitrogen

More than 99 % of the known nitrogen on or near the Earth’s surface is present as
atmospheric N2 or as dissolved N2 in the ocean. Only a minor amount is combined
with other elements, mainly C, O, and H. Nevertheless, this small part plays a
decisive role in the biological realm. Since nitrogen occurs in various oxidation
states and in gaseous, dissolved, and solid forms (N2, NO3

−, NO2
−, NH3, NH4

+), it
is a highly suitable element for the search of natural variations in its isotopic
composition. Schoenheimer and Rittenberg (1939) were the first to report nitrogen
isotopic variations in biological materials. Today, the range of reported δ15N-values
covers 100 ‰, from about −50 to +50 ‰. However, most δ-values fall within the
much narrower spread from −10 to +20 ‰, as described in more recent reviews of
the exogenic nitrogen cycle by Heaton (1986), Owens (1987), Peterson and Fry
(1987) and Kendall (1998).

Nitrogen consists of two stable isotopes, 14N and 15N. Atmospheric nitrogen,
given by Rosman and Taylor (1998) has the following composition:

14N: 99:63%

15N: 0:37%:

2.5.1 Analytical Methods

N2 is used for 15N/14N isotope ratio measurements, the standard is atmospheric N2.
Various preparation procedures have been described for the different nitrogen
compounds (Bremner and Keeney 1966; Owens 1987; Velensky et al. 1989;
Kendall and Grim 1990, and others). In the early days of nitrogen isotope inves-
tigations, the extraction and combustion techniques potentially involved chemical
treatments that could have introduced isotopic fractionations. More recently, sim-
plified techniques for combustion have come into routine use, so that a precision of
0.1–0.2 ‰ for δ15N determinations can be achieved. Organic nitrogen-compounds
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are combusted to CO2, H2O and N2 in an elemental analyzer. The cryogenically
purified N2 is trapped on molecular sieves for analysis.

More recently methods have been described that are based on the isotope
analysis of N2O. Measurements of bulk δ15N-values yield qualitative rather
quantitative information on the nitrogen cycle, special techniques are necessary for
a separate analysis of nitrate and nitrite in samples containing both species. Sigman
et al. (2001) measured N2O generated by denitrifying bacteria lacking N2O
reductase. McIlvin and Altabet (2005) introduced an alternative approach of the
bacteria method. Nitrate is first reduced with a Cd catalyst to nitrite followed by
sodium azide treatment to reduce nitrite to N2O. This method allows sequential
analysis of nitrate and nitrite, but azide is toxic and has to be handled with great
care.

Compound-specific analysis of amino acids has been described by McClelland
and Montoya (2002) studying 16 amino acids in planktonic consumers and their
food sources. Some amino acids, like glutamate and aspartate, show
15N-enrichments with increased trophic level, while others like phenylamine, serine
and threonine record the N-isotope composition of the system in which organism
exist. 15N differences between the two groups can be attributed to differences in
metabolic pathways.

Even different preparation techniques have been used for nitrogen in mantle
derived samples with N-concentrations being too low to be analysed by conven-
tional techniques. For these samples, static mass spectrometry, in which the gas is
left under static conditions in the ion source, a method developed for noble gas
analysis and adopted for nitrogen, has been used. As an alternative, Bebout et al.
(2007) described a continuous flow technique for nanomole quantities of nitrogen.

2.5.2 Biological Nitrogen Isotope Fractionations

To understand the processes leading to the nitrogen isotope distribution in the
geological environment, a short discussion of the biological nitrogen cycle is
required. Atmospheric nitrogen, the most abundant form of nitrogen, is the least
reactive species of nitrogen. It can, however, be converted to “fixed” nitrogen by
bacteria and algae, which, in turn, can be used by biota for degradation to simple
nitrogen compounds such as ammonium and nitrate. Thus, microorganisms are
responsible for all major conversions in the biological nitrogen cycle, which gen-
erally is divided into fixation, nitrification, and denitrification. Other bacteria return
nitrogen to the atmosphere as N2.

The term fixation is used for processes that convert unreactive atmospheric N2

into reactive nitrogen such as ammonium, usually involving bacteria. Fixation
commonly produces organic materials with δ15N-values slightly less than 0 ‰
ranging from –3 to +1 (Fogel and Cifuentes 1993) and occurs in the roots of plants
by many bacteria. The large amount of energy needed to break the molecular
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nitrogen bond makes nitrogen fixation a very inefficient process with little associ-
ated N-isotope fractionation.

Nitrification is a multi-step oxidation process mediated by several different
autotrophic organisms. Nitrate is not the only product of nitrification, different
reactions produce various nitrogen oxides as intermediate species. Nitrification can
be described as two partial oxidation reactions, each of which proceeds separately:
oxidation by Nitrosomas (NH4 → NO2

−) followed by oxidation by Nitrobacter
(NO2 → NO3). Because the oxidation of nitrite to nitrate is generally rapid, most of
the N-isotope fractionations is caused by the slow oxidation of ammonium by
Nitrosomas. However, as shown by Casciotti (2009) the second oxidation step from
nitrite to nitrate is accompanied by an inverse kinetic isotope fractionation, such
that nitrite becomes progressively depleted in 15N as the oxidation reaction
proceeds.

Denitrification (reduction of more oxidized forms to more reduced forms of
nitrogen) is a multi-step process with various nitrogen oxides as intermediate
compounds resulting from biologically mediated reduction of nitrate. Denitrifica-
tion takes place in poorly aerated soil and in suboxic water bodies, especially in
oxygen minimum zones of the ocean. There is debate about the relative contribu-
tions of denitrification in sediments versus in the ocean. Denitrification supposedly
balances the natural fixation of nitrogen, if it did not occur, then atmospheric
nitrogen would be exhausted in less than 100 million years. Denitrification causes
the δ15N-values of the residual nitrate to increase exponentially as nitrate concen-
trations decrease. Experimental investigations have demonstrated that fractionation
factors may change from 10 to 30 ‰, with the largest values obtained under lowest
reduction rates. Nitrogen isotope fractionations during denitrification in the ocean
involves a greater fractionation than in sediments. Table 2.3, which gives a sum-
mary of observed N-isotope fractionations.

Noteworthy is the inverse kinetic fractionation during nitrite oxidation, which is
different from all other microbial processes in which N-isotope fractionation is
involved. Casciotti (2009) argued that the inverse fractionation effect is due to
reverse reaction at the enzyme level.

Table 2.3 Nitrogen isotope fractionations for microbial cultures (after Casciotti 2009)

N2 fixation N2 → Norg −2 to +2 ‰

NH4
+ assimilation NH4

+ → Norg +14 to +27 ‰

NH4+ oxidation (nitrification) NH4
+ → NO2

− +14 to 38 ‰

Nitrite oxidation (nitrification) NO2
− → NO3

− −12.8 ‰

Nitrate reduction (denitrification) NO3
− → NO2

− +13 to +30 ‰

Nitrite reduction (denitrification) NO2
− → NO +5 to +10 ‰

Nitrous oxide reduction (denitrification) N2O → N2 +4 to +13 ‰

Nitrate reduction (nitrate assimilation) NO3
− → NO2

− +5 to +10
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One very important recent finding in the nitrogen cycle is the discovery of
anaerobic ammonium oxidation, briefly called anammox, a dissimilatory process
involving the reaction of ammonia with nitrite

NH4
þ þ NO2

�!N2 þ 2 H2O

which first has been demonstrated using sediment incubations (Thamdrup and
Dalsgaard 2002) and later shown to be the major N-loss process in oxygen mini-
mum zone waters.

So far, only kinetic isotope effects have been considered, but isotopic fractio-
nations associated with equilibrium exchange reactions have been demonstrated for
the common inorganic nitrogen compounds (Letolle 1980). Of special importance
in this respect is the ammonia volatilization reaction:

NH3gas $NH4
þaq

for which isotope fractionation factors of 1.025–1.035 have been determined
(Kirshenbaum et al. 1947; Mariotti et al. 1981). Experimental data by Nitzsche and
Stiehl (1984) indicate fractionation factors of 1.0143 at 250 °C and of 1.0126 at
350 °C. During the solution of atmospheric N2 in ocean water, a very small
15N-enrichment of about 0.1 ‰ occurs (Benson and Parker 1961).

2.5.3 Nitrogen Isotope Distribution in the Earth

Nitrogen is generally regarded as a volatile element with chemical similarities to
noble gases. Common belief restricts the dominant nitrogen reservoir to the
atmosphere, which is true, if only the earth’s surface is considered. Budget esti-
mates of N for the earth as a whole indicate, however, that the dominant reservoir is
in the mantle. The average content and speciation of nitrogen in the mantle is poorly
constrained. Estimates for average concentrations vary between 0.3 and 36 ppm
(Busigny and Bebout 2013).

Mantle nitrogen extracted from MORB glasses (Marty and Humbert 1997;
Marty and Zimmermann 1999) and from diamonds (Javoy et al. 1986; Cartigny
et al. 1997, 2005; Cartigny and Marty 2013) has an average δ15N-value of around
−5 ‰ with considerable scatter. Nitrogen isotope values extracted from peridotie
xenoliths and mineral separates show large variations with phlogopites being
depleted and clinopyroxene and olivine being enriched in 15N (Yokochi et al.
2009). Positive δ15N values measured in some MORB samples may reflect the
occurrence of subducted nitrogen.

In the crust, during metamorphism of sediments, there is a significant loss of
ammonium during devolatilisation, which is associated with a nitrogen fraction-
ation, leaving behind 15N residues (Haendel et al. 1986; Bebout and Fogel 1992; Jia
2006; Plessen et al. 2010). Thus high-grade metamorphic rocks and granites are
relatively enriched in 15N and typically have δ15N-values between 8 and 10 ‰.
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Sadofsky and Bebout (2000) have examined the nitrogen isotope fractionation
among coexisting micas, but could not find any characteristic difference between
biotite and white mica.

In summary, nitrogen in sediments and crustal rocks exhibits positive δ15N-values
around 6 ‰, whereas in mantle-derived rocks δ15N-values are around −5 ‰.

Figure 2.12 gives an overview about the nitrogen isotope variations in some
important reservoirs.

2.5.4 Nitrogen in the Ocean

Nitrogen isotope studies may evaluate the source and fate of nitrogen in the ocean.
Nitrogen in the ocean is present in different redox states (nitrate, nitrite, ammo-
nium). Biological processes in the water column may transform one nitrogen
compound to the other which is associated with N-isotope fractionations. Nitrogen
fixation is regarded as the dominant process for primary production that causes little
N isotope fractionation. Thus, nitrogen produced by this process should have a
δ15N-value close to zero. However, average oceanic δ15N is close to 5 ‰ as
measured in nitrate, the N-isotope enrichment resulting from denitrification.
Denitrification occurring in oxygen depleted zones preferentially reduces 14N, the
remaining nitrate thus becomes progressively enriched in 15N. Upwelling of such
15N enriched water masses causes the production of relatively 15N-rich phyto-
plankton particles that sink to the seafloor. The nitrogen isotope composition of
sedimentary organic material, thus, can serve as an indicator of water column
nitrogen reactions and of nutrient dynamics (e.g. Farrell et al. 1995).

Nitrogen isotopes in particulate organic nitrogen depends on (i) the isotopic
composition of dissolved nitrate, and on (ii) isotope fractionation that occurs during
nitrogen uptake by phytoplankton. In the photic zone phytoplankton preferentially
incorporates 14N, which results in a corresponding 15N-enrichment in the residual
nitrate. The N-isotope composition of settling organic detritus, thus varies
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Metamorphic rocks
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Fig. 2.12 δ15N-values of
important geological
reservoirs (Fig. 2.12, 6th
edition, p. 57)
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depending on the extent of nitrogen utilization: low 15N contents indicate low
relative utilisation, high 15N contents indicate a high utilization.

Denitrification is believed to be enhanced in interglacial times compared to
glacial times. Ganeshram et al. (2000) showed that δ15N values during interglacials
are about 2–3 ‰ heavier than δ15N values during glacial times. This relationship
has been used as a recorder of paleoproductivity.

Nitrogen isotopes in marine sediments, thus, may reflect nutrient cycles of
ancient oceans. However, diagenetic reactions on the seafloor and deeper in the
sediments may alter the primary nitrogen isotope signal. Nevertheless, Tesdall et al.
(2013) argue that although diagenetic effects have to be taken into account, dia-
genesis is a secondary effect and therefore bulk sedimentary nitrogen isotope
records from the seafloor and subseafloor sediments monitor past changes of the
marine nitrogen cycle. They presented a global database of more than 2300 bulk
sediment δ15N measurements and demonstrated that δ15N-values range from 2.5 to
16.6 ‰ with a mean value of 6.7 ‰ which is higher than the average 5 ‰ of nitrate
in the ocean (http://www.ncdc.noaa.gov/paleo/pubs/nicopp/nicopp.html).

For long, denitrification was believed to be the only mechanism that reduces
nitrate to N2, however, as found more recently the anaerobic oxidation of ammonia,
called anammox reaction, is another mechanism in which bacteria use ammonium
to convert nitrite to N2. Brunner et al. (2013) demonstrated that N isotope frac-
tionation associated with the anammox reaction fall in the same range as denitri-
fication. They further showed that anammox may be responsible for the large
fractionations between nitrate and nitrite in oxygen minimum zones.

In sediments, with increasing thermal degradation of the organic matter,
ammonium (NH4) is liberated which can replace potassium in clay minerals. The
nitrogen in the crystal lattice of clay minerals and micas, thus, is derived from
decomposing organic matter reflecting the N-isotope composition of organic matter
(Scholten 1991; Williams et al. 1995).

2.5.5 Anthropogenic Nitrogen Sources

The nitrogen cycle has been influenced considerably by human activities including
agriculture and fossil fuel burning, adding reactive nitrogen to the environment on a
local and a global scale. As demonstrated by Hastings et al. (2009, 2013), nitrogen
isotopes of reactive nitrogen can be used to trace its origin. For example, Hastings
et al. (2009) analysed N isotopes in a 100 m long ice core and observed a decrease
from pre-industrial δ15N-values of +11 ‰ to present day values of −1 ‰. Other
studies have shown that fertilizer, animal wastes or sewage are the main sources of
nitrate pollution in the hydrosphere. Under favorable conditions, these N-bearing
compounds can be isotopically distinguished from each other (Heaton 1986).
Anthropogenic fertilizers have δ15N-values in the range −4 to +4 ‰ reflecting their
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atmospheric source, whereas animal waste typically has δ15N-values >5 ‰.
Soil-derived nitrate and fertilizer nitrate commonly have overlapping δ15N-values.
In another example, Redling et al. (2013) documented foliar uptake and fertilization
effects of car nitrogen oxides on vegetation.

2.6 Oxygen

Oxygen is the most abundant element on Earth. It occurs in gaseous, liquid and
solid compounds, most of which are thermally stable over large temperature ranges.
These facts make oxygen one of the most interesting elements in isotope
geochemistry.

Oxygen has three stable isotopes with the following abundances (Rosman and
Taylor 1998)

16O: 99:757%

17O: 0:038%

18O: 0:205%

Because of the higher abundance and the greater mass difference, the 18O/16O
ratio is normally determined, which may vary in natural samples by about 10 % or
in absolute numbers from about 1 : 475 to 1 : 525. More recently, with improved
analytical techniques, the precise measurement of the 17O/16O ratio also became of
interest (see p. 85).

2.6.1 Analytical Methods

CO2 is the gas generally used for mass-spectrometric analysis. CO and O2 have also
been used in high temperature conversion of organic material and in laser probe
preparation techniques. A wide variety of methods have been described to liberate
oxygen from the various oxygen-containing compounds.

2.6.1.1 Water
The 18O/16O ratio of water is usually determined by equilibration of a small amount
of CO2 with a surplus of water at a constant temperature. For this technique, the
exact value of the fractionation for the CO2/H2O equilibrium at a given temperature
is of crucial importance. A number of authors have experimentally determined this
fractionation at 25 °C with variable results. A value of 1.0412 was proposed at the
1985 IAEA Consultants Group Meeting to be the best estimate.

It is also possible to quantitatively convert all water oxygen directly to CO2 by
reaction with guanidine hydrochloride (Dugan et al. 1985) which has the advantage
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that it is not necessary to assume a value for the H2O–CO2 isotope fractionation in
order to obtain the 18O/16O ratio. Sharp et al. (2001) described a technique reducing
H2O by reaction with glassy carbon at 1450 °C. O’Neil and Epstein (1966) first
described the reduction of water with Br5F. For the precise measurement of 17O and
18O the method later was modified using CoF3 (Baker et al. 2002; Barkan and Luz
2005).

As mentioned under Sect. 2.1.1, an alternative method to mass spectrometry is
the direct determination of oxygen isotope ratios by laser absorption spectroscopy
(Brand et al. 2009a, b and others).

2.6.1.2 Carbonates
The standard procedure for the isotope analysis of carbonates is the reaction with
100 % phosphoric acid at 25 °C first described by McCrea (1950). The following
reaction equation:

MeCO3 þ H3PO4 !MeHPO4 þ CO2 þ H2O

where Me is a divalent cation, shows that only two-thirds of the carbonate oxygen
present in the product CO2 is liberated, which carries a significant isotope effect
being on the order of 10 ‰, but varies up to a few ‰ depending on the cation, the
reaction temperature and the preparation procedure. The so-called acid fractionation
factor must be precisely known to obtain the oxygen isotope ratio of the carbonate.
This can be done by measuring the δ18O-value of the carbonate by fluorination with
BrF5, first described by Sharma and Clayton (1965).

Experimental details of the phosphoric acid method vary significantly among
different laboratories. The two most common varieties are the “sealed vessel” and
the “acid bath” methods. In the latter method the CO2 generated is continuously
removed, while in the former it is not. Swart et al. (1991) demonstrated that the two
methods exhibit a systematic 18O difference between 0.2 and 0.4 ‰ over the
temperature range 25 to 90 °C. Of these the “acid-bath” method probably provides
the more accurate results. A further modification of this technique is referred to as
the “individual acid bath”, in which contaminations from the acid delivery system
are minimized. Wachter and Hayes (1985) demonstrated that careful attention must
be given to the phosphoric acid. In their experiments best results were obtained by
using a 105 % phosphoric acid and a reaction temperature of 75 °C. This high
reaction temperature should not be used when attempting to discriminate between
mineralogically distinct carbonates by means of differential carbonate reaction rates.

Because some carbonates like magnesite or siderite react very sluggishly at 25 °C,
higher reaction temperatures are necessary to extract CO2 from these minerals.
Reaction temperatures have varied up to 90 or even 150 °C (Rosenbaum and
Sheppard 1986; Böttcher 1996), but there still exist considerable differences in the
fractionation factors determined by various workers. Crowley (2010) showed that
for minerals of the CaCO3–MgCO3 group the oxygen isotope composition of CO2 is
a linear function of the reciprocal of reaction temperature. Deviations from this
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relationship may be attributed to structural state and differences in chemical
composition.

Another uncertainty exists for fractionations between aragonite and calcite.
Different workers have reported fractionations from negative to positive. Never-
theless there seems to be a general agreement that the fractionation factor for
aragonite is about 0.6 ‰ higher than for calcite (Tarutani et al. 1969; Kim and
O’Neil 1997), although Grossman and Ku (1986) have reported a value of up to
1.2 ‰. The dolomite-calcite fractionation may vary depending on specific com-
position (Land 1980). Table 2.4 reports acid fractionation factors for various
carbonates.

2.6.1.3 Silicates
Oxygen in silicates and oxides is usually liberated through fluorination with F2,
BrF5 or ClF3 in nickel-tubes at 500 to 650 °C (Taylor and Epstein 1962; Clayton
and Mayeda 1963; and Borthwick and Harmon 1982) or by heating with a laser
(Sharp 1990). Decomposition by carbon reduction at 1000–2000 °C may be suit-
able for quartz and iron oxides but not for all silicates (Clayton and Epstein 1958).
The oxygen is converted to CO2 over heated graphite or diamond. For an analysis
of the three isotope (16O, 17O, 18O) O2 has to be the analyte gas. Care must be taken
to ensure quantitative oxygen yields, which can be a problem in the case of highly
refractive minerals like olivine and garnet. Low yields may result in anomalous
18O/16O ratios, high yields are often due to excess moisture in the vacuum
extraction line.

Today, infrared-laser fluorination, first described by Sharp (1990), most com-
monly is used for mineral analysis. Alternatively, UV lasers have been used by
Wiechert and Hoefs (1995) and Wiechert et al. (2002). A precise SIMS method
with a reproducibility of 0.3 ‰ from 15 μm mineral spots has been described by
Kita et al. (2009).

2.6.1.4 Phosphates
Phosphates are first dissolved, then precipitated as silver phosphate (Crowson et al.
1991). Ag3PO4 is preferred because it is non-hydroscopic and can be precipitated
rapidly without numerous chemical purification steps (O’Neil et al. 1994). This

Table 2.4 Acid fractionation
factors for various carbonates
determined at 25 °C (modified
after Kim et al. 2007)

Mineral α References

Calcite 10.30 Kim et al. (2007)

Aragonite 10.63 Kim et al. (2007)

11.14 Gilg et al. (2007)

Dolomite 11.75 Rosenbaum and Sheppard
(1986)

Magnesite 10.79 (50 °C) Das Sharma et al. (2002)

Siderite 11.63 Carothers et al. (1988)

Witherite 10.57 Kim and O’Neil (1997)
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Ag3PO4 is then fluorinated (Crowson et al. 1991), reduced with C either in a
furnace (O’Neil et al. 1994) or with a laser (Wenzel et al. 2000) or pyrolyzed
(Vennemann et al. 2002). Because PO4 does not exchange oxygen with water at
room temperature (Kolodny et al. 1983), the isotopic composition of the Ag3PO4 is
that of the PO4 component of the natural phosphate. As summarized by Vennemann
et al. (2002) conventional fluorination remains the most precise and accurate ana-
lytical technique for Ag3PO4. Laser techniques on bulk materials have also been
attempted (Cerling and Sharp 1996; Kohn et al. 1996; Wenzel et al. 2000), but
because fossil phosphates invariably contain diagenetic contaminants, chemical
processing and analysis of a specific component (CO3 or PO4) is ordinarily
performed.

2.6.1.5 Sulfates
Sulfates are precipitated as BaSO4, and then reduced with carbon at 1000 °C to
produce CO2 and CO. The CO is either measured directly or converted to CO2 by
electrical discharge between platinum electrodes (Longinelli and Craig 1967). Total
pyrolysis by continuous flow methods has made the analysis of sulfate oxygen more
precise and less time-consuming than the off-line methods. Bao and Thiemens
(2000) have used a CO2-laser fluorination system to liberate oxygen from barium
sulfate.

2.6.1.6 Nitrates
Oxygen isotopes in nitrate may be measured by high-temperature combustion with
graphite (Revesz et al. 1997). Since this method is labour-intensive, Sigman et al.
(2001) used cultured denitryfing bacteria for the reduction of nitrate. In the analyzed
N2O only one of six oxygen atoms present in the initial nitrate will be measured,
therefore potential oxygen isotope fractionations must be adequately taken into
account (Casciotti et al. 2002).

2.6.2 Standards

Two different δ-scales are in use: δ18O(VSMOW) and δ18O(VPDB), because of two
different categories of users, who have traditionally been engaged in O-isotope
studies. The VPDB scale is used in low-temperature studies of carbonate. The
original PDB standard was prepared from a Cretaceous belemnite from the Pee Dee
Formation and was the laboratory working standard used at the University of
Chicago in the early 1950s when the paleotemperature scale was developed. The
original supply of this standard has long been exhausted, therefore secondary
standards have been introduced (see Table 2.5), whose isotopic compositions have
been calibrated relative to PDB. All other oxygen isotope analyses (waters, sili-
cates, phosphates, sulfates, high-temperature carbonates) are given relative to
SMOW.
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The conversion equations of δ18O(VPDB) versus δ18O(VSMOW) and vice versa
(Coplen et al. 1983) are:

d18O(VSMOW) ¼ 1:03091 d18O(PDB)þ 30:91

and

d18O(VPDB) ¼ 0:97002 d18O(VSMOW)� 29:98

Table 2.5 gives the δ18O-values of commonly used oxygen isotope standards on
both scales.

2.6.3 Fractionation Processes

Out of the numerous possibilities to fractionate oxygen isotopes in nature, the
following are of special significance.

2.6.3.1 Fractionation of Water
Knowledge of the oxygen isotope fractionation between liquid water and water
vapor is essential for the interpretation of the isotope composition of different water
types. Fractionation factors experimentally determined in the temperature range
from 0 to 350 °C have been summarized by Horita and Wesolowski (1994). This is
shown in Fig. 2.13.

Addition of salts to water also affects isotope fractionations. The presence of
ionic salts in solution changes the local structure of water around dissolved ions.
Taube (1954) first demonstrated that the 18O/16O ratio of CO2 equilibrated with
pure H2O decreased upon the addition of MgCl2, AlCl3 and HCl, remained more or
less unchanged for NaCl, and increased upon the addition of CaCl2. The changes
vary roughly linearly with the molality of the solute (see Fig. 2.14).

To explain this different fractionation behavior, Taube (1954) postulated dif-
ferent isotope effects between the isotopic properties of water in the hydration

Table 2.5 δ18O-values of
commonly used O-isotope
standards (data for sulfate and
nitrate are from Brand et al.
2009a, b)

Standard Material VPDB scale VSMOW scale

NBS-19 Marble −2.20

NBS-20 Limestone −4.14

NBS-18 Carbonatite −23.00

NBS-28 Quartz 9.60

NBS-30 Biotite 5.10

GISP Water −24.75

SLAP Water −55.50

NBS-127 Ba sulfate 8.59

USGS 35 Na nitrate 56.81
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sphere of the cation and the remaining bulk water. The hydration sphere is highly
ordered, whereas the outer layer is poorly ordered. The relative sizes of the two
layers are dependent upon the magnitude of the electric field around the dissolved
ions. The strength of the interaction between the dissolved ion and water molecules
is also dependent upon the atomic mass of the atom to which the ion is bonded.
O’Neil and Truesdell (1991) have introduced the concept of “structure-making” and
“structure-breaking” solutes: structure makers yield more positive isotope fractio-
nations relative to pure water whereas structure breakers produce negative isotope
fractionations. Any solute that results in a positive isotope fractionation is one that
causes the solution to be more structured as is the case for ice structure, when
compared to solutes that lead to less structured forms, in which cation–H2O bonds
are weaker than H2O–H2O bonds.

As already treated in Sect. 2.1, isotope fractionations, the hydration of ions may
play a significant role in hydrothermal solutions and volcanic vapors (Driesner and
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Fig. 2.13 Oxygen isotope fractionation factors between liquid water and water vapour in the
temperature range 0–350 °C (after Horita and Wesolowski 1994) (Fig. 2.13, 6th edition p. 62)
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Seward 2000). Such isotope salt effects may change the oxygen isotope fraction-
ation between water and other phases by several permil.

2.6.3.2 CO2–H2O System
Of equal importance is the oxygen isotope fractionation in the CO2–H2O system.
Early work concentrated on the oxygen isotope partitioning between gaseous CO2

and water (Brenninkmeijer et al. 1983). In more recent work by Usdowski et al.
(1991), Beck et al. (2005) and Zeebe (2007), it has been demonstrated that the
oxygen isotope composition of the individual carbonate species are isotopically
different, which is consistent with experimental work of McCrea (1950) and Us-
dowski and Hoefs (1993). Table 2.6 summarizes the equations for the temperature
dependence between 5 and 40 °C (Beck et al. 2005).

The oxygen isotope fractionation (1000 lnα) between aqueous CO2 and water at
25 °C is 41.6, dropping to 24.7 at high pH values when CO3

2− is the dominant
species (see Fig. 2.15). The pH dependence of the oxygen isotope composition in
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ions (after O’Neil and
Truesdell 1991) (Fig. 2.14,
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Table 2.6 Experimentally determined oxygen isotope fractionation factors relative to water for
the aqueous system CO2–H2O between 5 and 40 °C according to 103 ln α = A(106/T−2) + B (Beck
et al. 2005)

A B

HCO3
− 2.59 1.89

CO3
2− 2.39 −2.70

CO2(aq) 2.52 12.12

82 2 Isotope Fractionation Processes of Selected Elements



the carbonate-water system has important implications in the derivation of oxygen
isotope temperatures.

2.6.3.3 Mineral Fractionations
The oxygen isotope composition of a rock depends on the 18O contents of the
constituent minerals and the mineral proportions. Garlick (1966) and Taylor (1968)
arranged coexisting minerals according to their relative tendencies to concentrate
18O. The list given in Table 2.7 has been augmented by data from Kohn et al.
(1998a, b, c).

This order of decreasing 18O-contents has been explained in terms of the
bond-type and strength in the crystal structure. Semi-empirical bond-type calcula-
tions have been developed by Garlick (1966) and Savin and Lee (1988) by
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Fig. 2.15 Oxygen isotope fractionations between dissolved inorganic carbon (DIC) and water as
function of pH and temperatures (after Beck et al. 2005) (Fig. 2.15, 6th edition, p. 64)

Table 2.7 Sequence of
minerals in the order (bottom
to top) of their increasing
tendency to concentrate 18O

Quartz

Dolomite

K-feldspar, albite

Calcite

Na-rich plagioclase

Ca-rich plagioclase

Muscovite, paragonite, kyanite, glaucophane

Orthopyroxene, biotite

Clinopyroxene, hornblende, garnet, zircon

Olivine

Ilmenite

Magnetite, hematite
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assuming that oxygen in a chemical bond has similar isotopic behavior regardless of
the mineral in which the bond is located. This approach is useful for estimating
fractionation factors. The accuracy of this approach is limited due to the assumption
that the isotope fractionation depends only upon the atoms to which oxygen is
bonded and not upon the structure of the mineral, which is not strictly true. Kohn
and Valley (1998a, b) determined empirically the effects of cation substitutions in
complex minerals such as amphiboles and garnets spanning a large range in
chemical compositions. Although isotope effects of cation exchange are generally
less than 1 ‰ at T > 500 °C, they increase considerably at lower temperatures.
Thus; use of amphiboles and garnets for thermometry requires exact knowledge of
chemical compositions.

On the basis of these systematic tendencies of 18O enrichment found in nature,
significant temperature information can be obtained up to temperatures of 1000 °C,
and even higher, if calibration curves can be worked out for the various mineral
pairs. The published literature contains many calibrations of oxygen isotope geo-
thermometers, most are determined by laboratory experiments, although some are
based on theoretical calculations.

Although much effort has been directed toward the experimental determination
of oxygen isotope fractionation factors in mineral—water systems, the use of water
as an oxygen isotope exchange medium has several disadvantages. Some minerals
become unstable in contact with water at elevated temperatures and pressures,
leading to melting, breakdown and hydration reactions. Incongruent solubility and
ill-defined quench products may introduce additional uncertainties. Most of the
disadvantages of water can be circumvented by using calcite as an exchange
medium (Clayton et al. 1989; Chiba et al. 1989). Mineral-mineral fractionations—
determined by these authors (Table 2.8)—give internally consistent geothermo-
metric information that generally is in accord with independent estimates, such as
the theoretical calibrations of Kieffer (1982).

A more recent summary has been given by Chacko et al. (2001) (see Fig. 2.16).
Many isotopic fractionations between low-temperature minerals and water have

been estimated by assuming that their temperature of formation and the isotopic
composition of the water in which they formed (for example, ocean water) are well
known. This is sometimes the only approach available in cases in which the rates of
isotope exchange reactions are slow and in which minerals cannot be synthesized in
the laboratory at appropriate temperatures.

Table 2.8 Coefficients A for
silicate—pair fractionations
(1000 ln αX−Y = A/T2) 106

(after Chiba et al. 1989)

Cc Ab An Di Fo Mt

Qtz 0.38 0.94 1.99 2.75 3.67 6.29

Cc 0.56 1.61 2.37 3.29 5.91

Ab 1.05 1.81 2.73 5.35

An 0.76 1.68 4.30

Di 0.92 3.54

Fo 2.62
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2.6.4 Triple Oxygen Isotope Compositions

Measurements of 17O/16O ratios potentially expand the utility of 18O/16O studies,
the latter being hampered by difficulties to differentiate between temperature and
water composition. Since the natural oxygen isotope ratio of 17O/16O is close to one
half of the 18O/16O ratio, in the past it was generally assumed that there was no need
to measure the rare 17O. However, with improvements in analytical techniques, it
became clear that the precise measurement of 17O contents may give additional
informations on fractionation processes in the earth’s reservoirs. In a diagram δ17O
versus δ18O values; all terrestrial rocks and minerals plot on a line with a coefficient
λ 0.52× which was called the Terrestrial Fractionation Line (TFL). Deviations from
the TFL reference line are given as Δ17O and are termed oxygen isotope anomalies.
The coefficient λ differs for equilibrium and kinetic fractionation processes and
varies between 0.509 which is the lower limit for kinetic fractionations and 0.530
which is the equilibrium high temperature limit (Young et al. 2002).

For water, for instance, the triple oxygen isotope composition is characterized by
an equilibrium fractionation exponent λ between liquid water and water vapour of
0.529 compared to a value of 0.518 for diffusion of water vapour. The global
meteoric water line has a slope of 0.528 (Luz and Barkan 2010) (analogous to a
slope of 8 of the δD-δ18O meteoric water line). For rocks and minerals the slope λ is
between 0524 and 0.526 (Miller et al. 1999; Rumble et al. 2007) and for meteoric
waters the slope is 0.528 (Luz and Barkan 2010).

With further analytical improvements, Pack and Herwartz (2014) demonstrated
that the concept of a single TFL is invalid and that different reservoirs on Earth are
characterized by individual mass fractionation lines with individual slopes and
intercepts. Similar conclusions have been reached by Levin et al. (2014) and Passey
et al. (2014).
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2.6.5 Fluid-Rock Interactions

Oxygen isotope ratio analysis provides a powerful tool for the study of water/rock
interaction. The geochemical effect of such an interaction between water and rock
or mineral is a shift of the oxygen isotope ratios of the rock and/or the water away
from their initial values, given that their compositions are not in equilibrium.

Detailed studies of the kinetics and mechanisms of oxygen isotope exchange
between minerals and fluids show that there are three possible exchange mecha-
nisms (Matthews et al. 1983a, b; Giletti 1985).

(1) Solution-precipitation. During a solution-precipitation process, larger grains
grow at the expense of smaller grains. Smaller grains dissolve and recrystallize
on the surface of larger grains which decreases the overall surface area and
lowers the total free energy of the system. Isotopic exchange with the fluid
occurs while material is in solution.

(2) Chemical reaction. The chemical activity of one component of both fluid and
solid is so different in the two phases that a chemical reaction occurs. The
breakdown of a finite portion of the original crystal and the formation of new
crystals is implied. The new crystals would form at or near isotopic equilib-
rium with the fluid.

(3) Diffusion. During a diffusion process isotopic exchange takes place at the
interface between the crystal and the fluid with little or no change in mor-
phology of the reactant grains. The driving force is the random thermal motion
of the atoms within a concentration or activity gradient.

In the presence of a fluid phase coupled dissolution—reprecipitation is known to
be a much more effective process than diffusion. This has been first demonstrated
experimentally by O’Neil and Taylor (1967) and later re-emphasized by Cole
(2000) and Fiebig and Hoefs (2002).

The first attempts to quantify isotope exchange processes between water and
rocks were made by Sheppard et al. (1971) and Taylor (1974). By using a simple
closed-system material balance equation these authors were able to calculate
cumulative fluid/rock ratios.

W/R =
drockf � drocki

dH2Oi�ðdrockf � DÞ ; ð2:7Þ

where D ¼ drockf � dH2Of

The equation requires adequate knowledge of both the initial (i) and final
(f) isotopic states of the system and describes the interaction of one finite volume of
rock with a fluid. The utility of such “zero-dimensional” equations has been
questioned by Baumgartner and Rumble (1988), Blattner and Lassey (1989),
Nabelek (1991), Bowman et al. (1994) and others. Only under special conditions do
one-box models yield information on the amount of fluid that actually flowed
through the rocks. If the rock and the infiltrating fluid were not far out of isotopic
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equilibrium, then the calculated fluid/rock ratios rapidly approach infinity. There-
fore, the equations are sensitive only to small fluid/rock ratios. Nevertheless, the
equations can constrain fluid sources. More sophisticated one-dimensional models
like the chromatographic or continuum mechanics models (i.e. Baumgartner and
Rumble 1988) are physically more plausible and can describe how the isotopic
composition of the rock and of the fluid change with time and space. The mathe-
matical models are complex and are based on partial differential equations that must
be solved numerically. Examples of fluid-rock interactions in contact metamorphic
environments have been presented by Nabelek and Labotka (1993), Bowman et al.
(1994) and application to contrasting lithologies by Bickle and Baker (1990) and
Cartwright and Valley (1991).

Criss et al. (1987) and Gregory et al. (1989) developed a theoretical framework
that describes the kinetics of oxygen isotope exchange between minerals and
coexisting fluids. Figure 2.17 shows characteristic patterns in δ–δ plots for some
hydrothermally altered granitic and gabbroic rocks. The 18O/16O arrays displayed
on Fig. 2.17 cut across the 45° equilibrium lines at a steep angle as a result of the
much faster oxygen isotope exchange of feldspar compared to that of quartz and
pyroxene. If a low-18O fluid such as meteoric or ocean water is involved in the
exchange process, the slopes of the disequilibrium arrays can be regarded as
“isochrons” where, with continued exchange through time the slopes become less
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steep and approach the 45° equilibrium line. These “times” represent the duration of
a particular hydrothermal event.

Figure 2.18 summarizes the naturally observed oxygen isotope variations in
important geological reservoirs.

2.7 Magnesium

The oxidation state of magnesium in natural compounds always is two, thus it
might be expected that the natural range of Mg isotope composition is comparably
small. On the other hand, Mg is incorporated during growth of biogenic CaCO3 and
plays an essential role during photosynthesis indicating that biological fractiona-
tions may play an important role for Mg isotopes.

Magnesium is composed of three isotopes (Rosman and Taylor 1998)

24Mg 78:99%

25Mg 10:00%

26Mg 11:01%

Early investigations on Mg isotope variations have been limited by an uncer-
tainty of 1–2 ‰. Catanzaro and Murphy (1966) for instance concluded that ter-
restrial Mg isotope variations are restricted to a few ‰. The introduction of
multicollector-inductively coupled-plasma mass spectrometry (MC-ICP-MS)
increased the precision by one order of magnitude and has initiated a new search of
natural isotope variations (Galy et al. 2001, 2002). Factors affecting the accuracy of
Mg isotopes measured by MC-ICP-MS have been summarized by Teng and Yang
(2013). δ25Mg and δ26Mg values are reported relative to the DSM-3 standard (Galy
et al. 2003; Oeser et al. 2014; Teng et al. 2014). Teng et al. (2014) published Mg
isotope compositions for 24 reference materials, the long-term reproducibility for
δ25Mg was 0.05 ‰ and for δ26Mg 0.07 ‰. One of the advantages of the
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MC-ICPMS technique is the ability to measure 25Mg/24Mg and 26Mg/24Mg ratios
independently many times smaller than the magnitude of the natural variations. The
relationship between 25Mg/24Mg and 26Mg/24Mg ratios is diagnostic of kinetic
versus equilibrium fractionations: for equilibrium processes the slope on a
three-isotope diagram should be close to 0.521, for kinetic processes the slope
should be 0.511 (Young and Galy 2004).

Figure 2.19 summarizes the natural δ26Mg isotope variations relative to DSM-3.

2.7.1 High-Temperature Fractionations

Calculations by Schauble (2011) yield systematic 26Mg isotope fractionations
among silicates, carbonates and oxides ín the order magnesite, dolomite, forsterite,
orthoenstatite, diopside, periclase and spinel. Fractionations correlate with coordi-
nation numbers, tetrahedral sites tend to have higher 26Mg/24Mg ratios than octa-
hedral sites: thus, pyrope in which Mg is in eightfold coordination is depleted in
heavy Mg isotopes relative to pyroxenes and olivine, in which Mg is in sixfold
coordination. Experimentally determined equilibrium isotope fractionations
between spinel, forsterite and magnesite by Macris et al. (2013) are consistent with
the postulated dependence on coordination numbers. In the temperature range from
600 to 800 °C, Mg isotope fractionations between spinel and forsterite vary from
1.3 to 0.86 ‰ indicating isotope equilibrium. It is still unclear whether small
intermineral fractionations among olivine and pyroxenes in mantle rocks represent
equilibrium conditions or are products of melt-rock interactions (Xiao et al. 2013).
Studies by Teng et al. (2007), Wiechert and Halliday (2007), Young et al. (2009),
Handler et al. (2009) and Bourdon et al. (2010) have demonstrated slight differ-
ences between basalts and peridotite. Mineral Mg isotope fractionations among
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olivine and pyroxene are very small (Handler et al. 2009; Wiechert and Halliday
2007; Yang et al. 2009; Liu et al. 2011), clinopyroxene and phlogopite are more
variable and slightly heavier than olivine suggesting that inter-mineral fractiona-
tions are controlled by Mg–O bond strengths (Liu et al. 2011). Furthermore, as
pointed out by Young et al. (2015), the effects of mineral chemistry are crucial to
understand high-temperature mineral Mg isotope distributions.

The Mg isotope composition of the Moon and chondrites are indistinguishable
from Earth, suggesting a homogenous Mg-isotope distribution in the solar system
and no Mg isotope fractionation during the Moon-forming event (Sedaghatpour
et al. 2013). In contrast to the mantle, the upper and lower continental crust is
heterogeneous in Mg isotope composition and on average slightly heavier than the
mantle (Shen et al. 2009; Li et al. 2010; Liu et al. 2010a, b; Teng et al. 2013). Li
et al. (2010) concluded that compared to granites, sediments are heavier and more
variable. Such larger variations may result from chemical weathering during which
light isotopes are lost to the hydrosphere, leaving 26Mg enriched sedimentary rocks.

Clastic sediments are generally enriched in heavy Mg isotopes with δ26Mg
values up to 0.92‰ (Li et al. 2010). During subduction, clastic sediments generally
retain their Mg isotope composition (Li et al. 2014), thus recycling of clastic
sediments will introduce Mg enriched in heavy isotopes into the mantle. Carbonates
on the hand are significantly depleted in heavy Mg isotopes. Light isotope values in
basalts from the North China Craton have been interpreted to indicate recycling of
carbonates derived from oceanic crust (Yang et al. 2012a, b).

2.7.2 Fractionations During Weathering

The behaviour of Mg isotopes during weathering is rather complex (Wimpenny
et al. 2010; Huang et al. 2012). Mg is soluble and mobile during weathering
potentially inducing small fractionations during dissolution and precipitation of
minerals. Wimpenny et al. (2010) and Huang et al. (2012) observed that light Mg
isotopes are preferentially released during dissolution of basalt leading to enriched
residues. Ryu et al. (2011), however, reported little fractionation during dissolution
of granite. The different behaviour of Mg isotopes during weathering may reflect
crystallographic differences of Mg-sites in minerals.

Compared to dissolution, the behaviour of Mg isotopes during secondary for-
mation of Mg minerals may be even more complex (Huang et al. 2012). Soil and
clays are generally heavier than their parent rocks (Tipper et al. 2006a, b, 2010;
Opfergelt et al. 2012; Pogge von Strandmann et al. 2014) suggesting that heavy Mg
isotopes are preferentially incorporated into the structure of clay minerals or
absorbed in soils.

The complex behaviour of Mg during weathering results in large Mg isotope
variations of river waters. As summarized by Li et al. (2012) δ26Mg values range
from −3.80 to +0.75 ‰ reflecting differences of catchment lithologies particularly
in the proportions of carbonate to silicate rocks. Tipper et al. (2006a) on the other
hand observed a total variation in 26Mg of 2.5 ‰ and concluded that the lithology
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in the drainage area is of limited significance, instead the major part of the vari-
ability has to be attributed to fractionations in the weathering environment.

2.7.3 Ocean Water

The dominant Mg source to the ocean is riverine input, major sinks are removal by
hydrothermal fluids, dolomite formation and low-temperature clay formation during
alteration of the oceanic crust. The average δ26Mg-value of riverine input is −1.09
‰ (Tipper et al. 2006b).

Because of its relatively long mean residence time, ocean water has a constant
isotope composition of −0.80 ‰ that is slightly heavier than average river water
resulting from Mg uptake into silicate minerals during weathering. Mg removal
from seawater by hydrothermal interaction with the oceanic crust forming smectites
and at higher temperatures chlorite does not cause a measurable Mg isotope frac-
tionation. Dolomitisation, however, affects the ocean water, driving seawater to
heavier values.

By analyzing pore waters from a large range of oceanographic settings, Higgins
and Schrag (2010) demonstrated, that although Mg concentrations in pore waters
are very similar in many deep-sea sediments, profiles of δ26Mg values are very
different, which is best explained by precipitation of Mg-minerals in sediments or
underlying crust.

2.7.4 Carbonates

Dolomite is one of the major Mg carbonate that forms under specific environmental
conditions. Geske et al. (2015) reported Mg isotope compositions of dolomite from
various environments having a total range from −2.49 to −0.45 ‰ and argued that
Mg isotope ratios are affected by a variety of factors, making the application of Mg
isotopes as a proxy for their depositional and diagenetic environment problematic.
On the hand, as observed by Azmy et al. (2013), early diagenetic dolomite inherits
its isotope signature from precursor carbonates and diagenetic fluids. Later formed
diagenetic dolomite phases may be slightly enriched in 26Mg suggesting that
temperature is not the decisive factor, but instead the Mg-isotope composition of the
diagenetic fluid.

Mg is present in CaCO3 in the form of high Mg calcite (4 to ≈30 mol%), as low
Mg calcite (≤4 mol%) and to a minor extent as aragonite (≤0.6 mol%). Marine
organisms produce a wide range of δ26Mg values from −5 to −1 ‰ that are species
dependent (Hippler et al. 2009; Li et al. 2012). Since the extent of Mg substitution
in CaCO3 is temperature dependant, Mg/Ca ratios are used as a thermometer for
oceanic temperatures. The Mg/Ca temperature dependence, however, does not play
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a major play in determining Mg isotope ratios, the observed variability can instead
be attributed to mineralogy (Hippler et al. 2009). Mg isotope fractionations between
carbonates and water follows the sequence aragonite < dolomite < magnesite < cal-
cite (Saenger and Wang 2014).

Vital effects in low-Mg calcite organisms exhibit no clear temperature depen-
dence affecting the Mg isotope composition (Wang et al. 2013a, b). Most recent
benthic and planktonic foraminifera show nearly identical δ26Mg ratios (Pogge von
Strandmann 2008), making them suitable for investigating past isotopic variations
of ocean water. Pogge von Strandmann et al. (2014) measured Mg isotopes from
single-species planktonic foraminifera of the past 40 Ma and concluded that sea-
water Mg has changed from δ26Mg of −0.83 ‰ at present to 0 ‰ at 15 Ma.

2.7.4.1 Cave Carbonates
Evidence for near equilibrium fractionation has been presented for low-Mg calcite
speleothems (Galy et al. 2002). Mg isotope fractionation between speleothems and
associated drip waters give a characteristic difference between both phases, which
might indicate near equilibrium conditions. Buhl et al. (2007) argued that isotope
equilibrium alone cannot explain the Mg isotope data from speleothems. Imme-
nhauser et al. (2010) presented a complete data set of Mg isotopes on solid and
liquid phases from a cave. They demonstrated that Mg isotope fractionations
depend on a complex interplay of solution residence times, precipitation rates and
adsorption effects.

2.7.5 Plants

Magnesium is an essential plant nutrient that is central to photosynthesis. Black
et al. (2008) investigated the Mg isotope distribution in wheat and observed a slight
enrichment of the whole plant in 25Mg and 26Mg relative to the nutrient solution.
These results have been confirmed by Boulou-Bi et al. (2010). Most of the plant Mg
is bound in leaves, but the decisive process for the enrichment of 26Mg occurs at the
root level. From roots to leaves or shoots a slight 26Mg depletion is observed
(Boulou-Bi et al. 2010).

Mg plays a fundamental role in the formation of chlorophyll, in which it is the
central ion. The biological process linked to the incorporation of Mg into the
chlorophyll molecule induces Mg isotope fractionation, the sign and size of isotope
fractionations depend on species and environmental conditions (Black et al. 2006;
Ra and Kitagawa 2007; Ra 2010). Ra (2010) observed a 2.4 ‰ 26Mg variation in
phytoplankton from different regions in the northwestern Pacific and related them to
different growth rates and phytoplankton heterogeneities.
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2.8 Silicon

Silicon has three stable isotopes with the following abundances (Rosman and
Taylor 1998):

28Si 92:23%
29Si 4:68%
30Si 3:09%

Because of its high abundance on Earth, silicon is a very interesting element to
be investigated for isotope variations. However, because there is no redox reaction,
silicon is always bound to oxygen, relatively small isotope fractionations are to be
expected in nature. Early investigations by Douthitt (1982) and more recent ones by
Ding (1996) observed a total range of δ30Si values in the order of 6 ‰. This range
has extended to about 12 ‰ with the lowest δ30Si value of −5.7 ‰ in siliceous
cements (Basile-Doelsch et al. 2005) and the highest of +6.1 ‰ for rice grains
(Ding et al. 2006).

Silicon isotope ratios have been generally measured by fluorination (Douthitt
1982; Ding 1996). However, the method is time consuming and potentially haz-
ardous, therefore, more recently MC-ICP-MS techniques have been introduced
(Cardinal et al. 2003; Engstrom 2006). Chmeleff et al. (2008) have shown that a
UV-femtosecond laser ablation system coupled with MC-ICP-MS gives δ29Si- and
δ30Si-values with very high precision. Determinations with SIMS have been carried
out by Robert and Chaussidon (2006), Heck et al. (2011) and others. Independent of
the method used, the standard generally is NBS-28 quartz. Figure 2.20 summarizes
the naturally occurring silicon isotope variations.
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2.8.1 High-Temperature Fractionations

A number of studies have estimated the δ30Si-value of the bulk silicate earth as to
be −0.29 ‰ (Fitoussi et al. 2009; Savage et al. 2010, 2014; Armytage et al. 2011;
Zambardi et al. 2013). This value is identical with the Moon, but isotopically
heavier than all types of meteorites. The difference is best explained by Si frac-
tionation during earth’s core formation. High pressure, high temperature experi-
ments by Shahar et al. (2009) indicated a 2 ‰ fractionation between metal and
silicate melts (see discussion on p. 211). Similar findings have been reported by
Ziegler et al. (2010) by measuring silicon isotope fractionations between Si in metal
and silicates in enstatite achondrites. Using a continuous accretion model, the Si
isotope fractionation can be used to constrain the amount of Si that entered the
Earth’s core (Chakrabarti and Jacobsen 2010; Zambardi et al. 2013). Estimated
percentages vary somewhat depending on model assumptions, but generally are
between 6 and 12 %. However, as demonstrated by Huang et al. (2014), Si isotope
fractionations decrease with increasing pressure, thus silicon isotope fractionations
obtained experimentally at relatively low pressures may not be applicable to the
high pressure conditions of core formation.

Huang et al. (2014) furthermore showed that equilibrium isotope fractionations
among mantle minerals are negligible, but may become significant between min-
erals with different Si coordination numbers, such as Mg-perovskite in
6-coordination and olivine in 4-coordination.

No differences in Si isotope composition are observed between ultramafic rocks
and basalts indicating no isotope fractionation during partial melting (Savage et al.
2014). As shown on rocks from the Hekla volcano, Iceland, magmatic differenti-
ation may cause Si isotope fractionation (Savage et al. 2011). δ30Si-values become
progressively enriched with increasing SiO2 contents.

Felsic rocks and minerals exhibit small, but systematic 30Si variations increasing
with the silicon contents of igneous rocks and minerals. The order of 30Si enrich-
ment in minerals is quartz, feldspar, muscovite and biotite, which is consistent with
the order of 18O enrichment. Thus felsic igneous rocks are slightly heavier than
mafic igneous rocks.

2.8.2 Cherts

Silicon isotope ratios of quartzites and sandstones are in the range of felsic magmatic
and metamorphic rocks reflecting their detrital derivation (Andre et al. 2006). In
contrast, microcrystalline quartz from silcretes and clay minerals formed by weath-
ering processes incorporate preferentially light Si isotopes relative to igneous min-
erals. A wide range of δ30Si values from −0.8 to +5.0 ‰ have been reported for
Precambrian cherts (Robert and Chaussidon 2006), much larger than for Phanerozoic
cherts. These authors observed a positive correlation of δ18Owith δ30Si values, which
they interpreted as reflecting temperature changes in the ocean from about 70 °C
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3.5 Ga to about 20 °C 0.8 Ga years ago. In contrast, cherts within BIFs exhibit largely
negative δ30Si-values from −2.5 to −0.5‰ (Andre et al. 2006; Van den Boorn et al.
2010; Steinhöfel et al. 2010) reflecting different sources of silica. These authors
argued that variations in δ30Si are best explained by mixing between hydrothermal
fluids and seawater. Lamina-scale Si isotope heterogeneity within individual chert
layers up to 2.2 ‰ may reflect the dynamics of hydrothermal systems.

2.8.3 Chemical Weathering and Mineral Precipitation

Considerable Si isotope fractionation takes place during chemical weathering
(Ziegler et al. 2005; Basile-Doelsch et al. 2005; Georg et al. 2006; Cardinal et al.
2010; Opfergelt et al. 2012; Pogge von Strandmann et al. 2014). During dissolution
of primary silicate minerals, silicon partitions in about equal proportions into the
dissolved phase that is isotopically enriched and into solid secondary phases that are
isotopically depleted (Ziegler et al. 2005a, b; Georg et al. 2007). Oelze et al. (2014)
demonstrated that preferential adsorption of 28Si on Al-hydroxides may be the
cause for the light isotope signature of clay minerals.

Soil-clay mineral formation is, thus, responsible for high δ30Si values of con-
tinental surface waters and ocean water. For the Yangtze river, Ding et al. (2004)
measured a δ30Si range from 0.7 to 3.4 ‰, whereas the suspended matter has a
more constant composition from 0 to −0.7‰. For the Congo, Cardinal et al. (2010)
measured low δ30Si values close to zero ‰ for small tributaries rich in organic
carbon (“black water”) and high δ30Si values close to 1 ‰ in large tributaries.

Georg et al. (2009) presented δ30Si values of dissolved Si in groundwaters. Of
special interest is the observation that δ30Si decreases by about 2 ‰ along the
groundwater flow path of 100 km deciphering complex Si-cycling, weathering and
diagenetic reactions. Thus weathering processes can be regarded as one of the main
fractionation mechanism separating silicon isotopes into an isotopically heavy
dissolved phase and an isotopically light residue.

2.8.4 Fractionations in Ocean Water

Silicic acid is an important nutrient in the ocean that is required for the growth of
mainly diatoms and radiolaria. Silicon incorporation into siliceous organisms is
associated with Si isotope fractionation, because 28Si is preferentially removed as
the organisms form biogenic silica (de la Rocha et al. 1998, 2003, 2006; Reynolds
et al. 2006; Hendry et al. 2010; Egan et al. 2012).

De la Rocha et al. (1997, 1998) observed a 1 ‰ fractionation between dissolved
and biogenic silica during opal formation by marine diatoms that does not vary with
temperature, at least not among the three species of diatoms investigated by de la
Rocha. Varela et al. (2004) observed depletions in 30Si between 1.1 and 1.9 ‰
independent of temperature, pCO2 or species. Recent culture experiments on polar
diatom species by Sutton et al. (2013), however, yielded species dependent
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fractionation with silicon isotope values from −0.5 to −2.1 ‰. An increase in opal
formation by diatoms results in more positive δ30Si-values, whereas a decrease
results in more negative δ-values. In this manner variations in 30Si contents of
diatoms may provide information on changes of oceanic silicon cycling (De la
Rocha et al. 1998).

In early studies it was assumed that dissolution of diatoms—the majority of
biogenic silica produced in surface water dissolves before the particles have reached
the ocean floor—does not fractionate Si isotopes. However, as shown by Demarest
et al. (2009) dissolved silicon is ca 0.55 ‰ depleted in 30Si relative to biogenic
SiO2. Thus dissolution acts in the opposite sense to production and reduces the net
silicon fractionation considerably.

Diatoms as surface dwellers give a surface water signal only. Sponges, however,
can be found throughout the water column. The δ30Si of sponges is thus a potential
proxy to quantify changes in oceanic Si concentrations (Hendry et al. 2010; Wille
et al. 2010). As shown by these authors 30Si fractionations during biosilification of
sponges depends on silica concentrations in sea water with larger 30Si depletions as
silica concentrations increase. Thus, δ30Si values of fossil silicified sponges may be
used as a proxy for the reconstruction of palaeo Si-concentrations during the past
(Hendry et al. 2010; Wille et al. 2010).

2.8.5 Plants

Silicon is an important element for vascular plants favouring growth. Silicon is
taken up by terrestrial plants from soil solution, transported into the xylem and
deposited as hydrated amorphous silica to form phytoliths that are restored to the
soil by decomposition of plant material. Already Douthitt (1982) noted that Si
uptake by plants leads to Si isotope fractionation. Plants preferentially incorporate
the light Si isotopes; Si concentrations and δ30Si-values increase from soil and roots
through the stem and leaves. δ30Si values range from 1.3 to 6.1 ‰ (Ding et al.
2005, 2008) with large interplant fractionations of 3.5 ‰ between low values in
roots and high values in leaves and corn.

2.9 Sulfur

Sulfur has four stable isotopes with the following abundances (De Laeter et al.
2003).

32S : 95:04%
33S : 0:75%
34S : 4:20%
36S : 0:01%
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Sulfur is present in nearly all natural environments. It may be a major component
in ore deposits, where sulfur is the dominant nonmetal, and as sulfates in evaporites.
It occurs as a minor component in igneous and metamorphic rocks, throughout the
biosphere in organic substances, in marine waters and sediments as both sulfide and
sulfate. These occurrences cover the whole temperature range of geological interest.
Thus, it is quite clear that sulfur is of special interest in stable isotope geochemistry.

Thode et al. (1949) and Trofimov (1949) were the first to observe wide varia-
tions in the abundances of sulfur isotopes. Variations on the order of 180 ‰ have
been documented with the “heaviest” sulfates having δ34S-values of greater than
+120‰ (Hoefs, unpublished results), and the “lightest” sulfides having δ34S-values
of around −65 ‰. Some of the naturally occurring S-isotope variations are sum-
marized in Fig. 2.21. Reviews of the isotope geochemistry of sulfur have been
published by Rye and Ohmoto (1974), Nielsen (1979), Ohmoto and Rye (1979),
Ohmoto (1986), Ohmoto and Goldhaber (1997), Seal et al. (2000), Canfield (2001a)
and Seal (2006).

For many years the reference standard commonly referred to is sulfur from
troilite of the Canyon Diablo iron meteorite (CDT). As Beaudoin et al. (1994) have
pointed out, the original CDT is not homogeneous and may display variations in
34S up to 0.4 ‰. Therefore a new reference scale, Vienna-CDT (V-CDT) has been
introduced by an advisory committee of IAEA in 1993, recommending an artifi-
cially prepared Ag2S (IAEA-S-1) with a δ34SVCDT of −0.3 ‰ as the new inter-
national standard reference material.

2.9.1 Methods

The gas conventionally used for gas-source mass-spectrometric measurement is
SO2. The introduction of on-line combustion methods (Giesemann et al. 1994) has
reduced multistep off-line preparations to one single preparation step, namely the
combustion in an elemental analyzer. Sample preparations have become less
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dependent on possibly fractionating wet-chemical extraction steps and less
time-consuming, thereby reducing minimum sample gas to less than 1 mg.

Puchelt et al. (1971) and Rees (1978) first described a method using SF6 instead
of SO2 which has some distinct advantages: it has no mass spectrometer memory
effect and because fluorine is monoisotopic, no corrections of the raw data of
measured isotope ratios are necessary. Comparison of δ34S-values obtained using
the conventional SO2 and the laser SF6 technique has raised serious questions about
the reliability of the SO2 correction for oxygen isobaric interferences (Beaudoin and
Taylor 1994). Therefore the SF6 technique has been revitalized (Hu et al. 2003),
demonstrating that SF6 is an ideal gas for measuring 33S/32S, 34S/32S and 36S/32S
ratios.

Microanalytical techniques such as laser microprobe (Kelley and Fallick 1990;
Crowe et al. 1990; Hu et al. 2003; Ono et al. 2006) and ion microprobe (Chaussidon
et al. 1987, 1989; Eldridge et al. 1988, 1993; Kozdon et al. 2010) have become
promising tools for determining sulfur isotope ratios.

More recently the use of MC-ICP-MS techniques has been described by Crad-
dock et al. (2008) and Paris et al. (2013). Amrani et al. (2009) developed a
MC-ICP-MS method for the analysis of individual sulfur organic compounds. Due
to low detection limits, sample sizes are orders of magnitude smaller than for SO2

and SF6. MC-ICP-MS requires no chemical pretreatment and allows for simulta-
neous collection of the individual 4 sulfur isotopes.

2.9.2 Fractionation Mechanisms

Two types of fractionation mechanisms are responsible for the naturally occurring
sulfur isotope variations:

(a) Kinetic isotope effects during microbial processes. Micro-organisms have long
been known to fractionate isotopes during their sulfur metabolism, particularly
during dissimilatory sulfate reduction, which produces the largest fractiona-
tions in the sulfur cycle,

(b) Various chemical exchange reactions between both sulfate and sulfides and the
different sulfides themselves.

2.9.2.1 Equilibrium Reactions
There have been a number of theoretical and experimental determinations of sulfur
isotope fractionations between coexisting sulfide phases as a function of tempera-
ture. Theoretical studies of fractionations among sulfides have been undertaken by
Sakai (1968) and Bachinski (1969), who reported reduced partition function ratios
and bond strengths of sulfide minerals and described the relationship of these
parameters to isotope fractionation. In a manner similar to that for oxygen in
silicates, there is a relative ordering of 34S-enrichment among coexisting sulfide
minerals (Table 2.9). Considering the three most common sulfides (pyrite,
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sphalerite and galena) under conditions of isotope equilibrium, pyrite is always the
most 34S enriched mineral and galena the most 34S depleted, sphalerite displays an
intermediate enrichment in 34S.

The experimental determinations of sulfur isotope fractionations between vari-
ous sulfides do not exhibit good agreement. The most suitable mineral pair for
temperature determination is the sphalerite—galena pair. Rye (1974) has argued
that the Czamanske and Rye (1974) fractionation curve gives the best agreement
with filling temperatures of fluid inclusions over the temperature range from 370 to
125 °C. By contrast, pyrite—galena pairs do not appear to be suitable for a tem-
perature determination, because pyrite tends to precipitate over larger intervals of
ore deposition than galena, implying that these two minerals may frequently not be
contemporaneous. The equilibrium isotope fractionations for other sulfide pairs are
generally so small that they are not useful as geothermometers. Ohmoto and Rye
(1979) critically examined the available experimental data and presented a sum-
mary of what they believe to be the best S-isotope fractionation data. These
S-isotope fractionations relative to H2S are shown in Fig. 2.22.

Sulfur isotope temperatures from ore deposits often have been controversial; one
of the reasons are strong 34S zonations in sulfide minerals that have been observed
by laser probe and ion probe measurements (McKibben and Riciputi 1998).

2.9.2.2 Dissimilatory Sulfate Reduction
Dissimilatory sulfate reduction is conducted by a large group of organisms (over
100 species are known so far, Canfield 2001a), that gain energy for their growth by
reducing sulfate while oxidizing organic carbon (or H2). Sulfate reducers are widely
distributed in anoxic environments. They can tolerate temperatures from −1.5 to
over 100 °C and salinities from fresh water to brines.

Since the early work with living cultures (Harrison and Thode 1957a, b; Kaplan
and Rittenberg 1964) it is well known that sulfate reducing bacteria produce
32S-depleted sulfide. Despite decades of intense research the factors that determine
the magnitude of sulfur isotope fractionation during bacterial sulfate reduction are

Table 2.9 Equilibrium
isotope fractionation factors
of sulfides with respect to H2S

Mineral Chemical composition A

Pyrite FeS2 0.40

Sphalerite ZnS 0.10

Pyrrhotite FeS 0.10

Chalcopyrite CuFeS2 −0.05

Covellite CuS −0.40

Galena PbS −0.63

Chalcosite Cu2S −0.75

Argentite Ag2S −0.80

The temperature dependence is given by A/T2 (after Ohmoto and
Rye 1979)
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still under debate. The magnitude of isotope fractionation depends on the rate of
sulfate reduction with the highest fractionation at low rates and the lowest frac-
tionation at high rates. Kaplan and Rittenberg (1964) and Habicht and Canfield
(1997) suggested that fractionations depend on the specific rate (cell−1 time−1) and
not so much on absolute rates (volume−1 time −1). What is clear, however, is that
the rates of sulfate reduction are controlled by the availability of dissolved organic
compounds. One parameter which remains unclear is sulfate concentration. While
for instance Boudreau and Westrich (1984) argued that the concentration of sulfate
becomes important at rather low concentrations (less than 15 % of the seawater
value), Canfield (2001b) observed no influence of isotope fractionations on sulfate
concentrations for natural populations. Another parameter, that has been assumed to
be important is temperature insofar as it regulates in natural populations the
sulfate-reducing community (Kaplan and Rittenberg 1964; Brüchert et al. 2001).
Furthermore differences in fractionation with temperature relate to differences in the
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specific temperature response to internal enzyme kinetics as well as cellular
properties and corresponding exchange rates of sulfate in and out of the cell of
mesophilic sulfate reducing bacteria. Considering different types (including ther-
mophilic) of sulfate-reducers, Canfield et al. (2006), however, found in contrast to
earlier belief high fractionations in the low and high temperature range, but lowest
fractionations in the intermediate temperature range.

The reaction chain during anaerobic sulfate reduction has been described in
detail by Goldhaber and Kaplan (1974). In general, the rate-limiting step is the
breaking of the first S–O bond, namely the reduction of sulfate to sulfite. Early
laboratory studies with pure cultures of mesophilic sulfate reducing bacteria pro-
duced sulfide depleted in 34S by 4 up to 47 ‰ (Harrison and Thode 1957a, b;
Kaplan and Rittenberg 1964; Kemp and Thode 1968; McCready et al. 1974;
McCready 1975; Bolliger et al. 2001) and for decades this maximum value was
considered to be a possible limit for the microbial dissimilatory process (e.g.
Canfield and Teske 1996). More recently, sulfur isotope fractionations have been
determined from incubations with sediments containing natural populations cov-
ering a wide spectrum of environments (from rapidly metabolizing microbial mats
to slowly metabolizing coastal sediments; Habicht and Canfield 1997, 2001;
Canfield 2001a). Sim et al. (2011) found that the type of organic electron donor is
essential in controlling the magnitude of sulfur isotope fractionations of pure culture
sulfate reducing bacteria, with complex substrates leading to sulfur isotope dis-
crimination exceeding 47 ‰.

Naturally occurring sulfides in sediments and euxinic waters are commonly
depleted in 34S by up to 70 ‰ (Jǿrgensen et al. 2004), covering the range of
experiments with sulfate reducing bacteria (Sim et al. 2011). Recent studies have
demonstrated that natural populations are able to fractionate S-isotopes by up to
more than 70 ‰ under in situ conditions (Wortmann et al. 2001; Rudnicki et al.
2001; Canfield et al. 2010).

In marine sediments typically 90 % of the sulfide produced during sulfate
reduction is reoxidized (Canfield and Teske 1996). The pathways of sulfide oxi-
dation are poorly known, but include biological and abiological oxidation to sulfate,
elemental sulfur and other intermediate compounds (Fry et al. 1988). Reoxidation
of sulfide often occurs via compounds in which sulfur has intermediate oxidation
states (sulfite, thiosulfate, elemental sulfur, polythionates) that do not accumulate,
but are readily transformed and can be anaerobically disproportionated by bacteria.
Therefore, Canfield and Thamdrup (1994) suggested that through a repeated cycle
of sulfide oxidation to sulfur intermediates like elemental sulfur and subsequent
disproportionation, bacteria can additionally generate 34S depletions that may add
on the isotopic composition of marine sulfides.

Another factor that is of great importance for the preserved sulfur isotope sig-
natures of natural sulfides is whether sulfate reduction took place in a system open
or closed with respect to dissolved sulfate. An “open” system has an infinite res-
ervoir of sulfate in which continuous removal from the source produces no
detectable loss of material. Typical examples are the Black Sea and local oceanic
deeps. In such cases, H2S is extremely depleted in 34S while consumption and
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change in 34S remain negligible for the sulfate (Neretin et al. 2003). In a “closed”
system, the preferential loss of the lighter isotope from the reservoir has a feedback
on the isotopic composition of the unreacted source material. The changes in the
34S-content of residual sulfate and of the H2S are modeled in Fig. 2.23, which
shows that δ34S-values of the residual sulfate steadily increase with sulfate con-
sumption (a linear relationship on the log-normal plot). The curve for the derivative
H2S is parallel to the sulfate curve at a distance which depends on the magnitude of
the fractionation factor. As shown in Fig. 2.23, H2S may become isotopically
heavier than the original sulfate when about 2/3 of the reservoir has been consumed.
The δ34S-curve for “total” sulfide asymptotically approaches the initial value of the
original sulfate. It should be noted, however, that apparent “closed-system”
behavior of covarying sulfate and sulfide δ34S-values might be also explained by
“open-system” differential diffusion of the different sulfur isotope species
(Jǿrgensen et al. 2004).

Finally it should be mentioned that sulfate is labeled with two biogeochemical
isotope systems, sulfur and oxygen. Coupled isotope fractionations of both sulfur
and oxygen isotopes have been investigated in experiments (Mizutani and Rafter
1973; Böttcher et al. 2001) and in naturally occurring sediments and aquifers (Fritz
et al. 1989; Böttcher et al. 1989; Ku et al. 1999; Aharon and Fu 2000; Wortmann
et al. 2001). Böttcher et al. (1998) and Brunner et al. (2005) argued that a char-
acteristic δ34S–δ18O fractionation slope does not exist, but that the isotope cova-
riations depend on cell-specific sulfate reduction rates and associated oxygen
isotope exchange rates with cellular water. Despite the extremely slow oxygen
isotope exchange of sulfate with ambient water, δ18O in sulfate obviously depend
on the δ18O of water via an exchange of sulfite with water. Böttcher et al. (1998)
and Antler et al. (2013) demonstrated how the fractionation slopes depend on the
net sulfate reduction rate: higher rates result in a lower slope meaning that sulfur
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isotopes increase faster relative to oxygen isotopes. The critical parameter for the
evolution of oxygen and sulfur isotopes in sulfate is the relative difference in rates
of sulfate reduction and of intracellular sulfite oxidation.

Recently, Bao (2015) has discussed the triple oxygen isotope composition of
sedimentary sulfates, demonstrating that sulfate carries direct signals of ancient
atmospheric O2 and O3.

2.9.2.3 Thermochemical Reduction of Sulfate
In contrast to bacterial reduction, thermochemical sulfate reduction is an abiotic
process with sulfate being reduced to sulfide under the influence of heat rather than
bacteria (Trudinger et al. 1985; Krouse et al. 1988). The crucial question, which has
been the subject of a controversial debate, is whether thermochemical sulfate
reduction can proceed at temperatures as low as about 100 °C, just above the limit
of microbiological reduction (Trudinger et al. 1985). There is increasing evidence
from natural occurrences that the reduction of aqueous sulfates by organic com-
pounds can occur at temperatures as low as 100 °C, given enough time for the
reduction to proceed (Krouse et al. 1988; Machel et al. 1995). S isotope fractio-
nations during thermochemical reduction generally should be smaller than during
bacterial sulfate reduction, although experiments by Kiyosu and Krouse (1990)
have indicated S-isotope fractionations of 10–20 ‰ in the temperature range of
200–100 °C.

To summarize, bacterial sulfate reduction is characterized by large and hetero-
geneous 34S-depletions over very small spatial scales, whereas thermogenic sulfate
reduction leads to smaller and “more homogeneous” 34S-depletions.

2.9.3 Quadruple Sulfur Isotopes

With respect to quadruple S isotope investigations, a distinction has to be made
between large mass-independent S isotope fractionations observed in Archean
sulfides and sulfates (Farquhar et al. 2000 and following papers) and much smaller
mass-dependent S fractionations being characteristic for biosynthetic pathways.
(Farquhar et al. 2003; Johnston 2011; Johnston et al. 2005; Ono et al. 2006, 2007).
For long it was thought δ33S and δ36S values carry no additional information,
because sulfur isotope fractionations follow strictly mass-dependent fractionation
laws. By studying all sulfur isotopes with very high precision, it was demonstrated
that bacterial sulfate reduction follows a mass-dependent relationship that is slightly
different from that expected by equilibrium fractionations. On plots Δ33S versus
δ34S, mixing of two sulfur reservoirs is non-linear in these coordinates (Young et al.
2002). As a result samples with the same δ34S-value can have different Δ33S and
Δ36S values. This opens the possibility to distinguish between different fraction-
ation mechanisms and biosynthetic pathways, even when δ34S fractionations are
identical (Ono et al. 2006, 2007). Bacterial sulfate reduction shows slightly different
fractionation relationships compared to sulfur disproportionation reactions. For
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instance, multiple S-isotope measurements of 1.8 Ga sulfates indicate the earliest
initiation of microbial S disproportionation (Johnston et al. 2005). In another
example, Canfield et al. (2010) demonstrated that S-isotope systematics in an eu-
xinic lake in Switzerland clearly favour microbial reduction as the only reduction
pathway. Thus multiple sulfur isotope analyses have great potential in identifying
the presence or absence of specific metabolisms in modern environment or may
represent a proxy when a particular sulfur metabolism develops in the geologic
record.

Large independent S isotope fractionations observed in Archean sulfides and
sulfates are a distinctive feature of sedimentary rocks older than 2.4 Ga. It is
generally agreed that they indicate the near absence of O2 and the presence of a
reducing gas (likely CH4 and/or H2) in the Archean atmosphere. The geologic
record of Δ33S is shown in Fig. 2.24, which is characterized by time dependent
magnitudes and signs of MIF-S indicating a temporal structure: ≤4 ‰ Δ33S
anomalies in early Archean sulfides, even smaller variations in the mid Archean and
very large (≈12 ‰) variations in late Archean (see Fig. 2.24). The record of large
magnitude Δ33S values for sulfides terminates abruptly at approximately 2.4 Ga.
Besides Δ33S, Δ36S records also have received a great deal of attention, demon-
strating that Δ36S is preferentially negative down to values lower than −8 ‰.

Experiments that have verified the large Δ33S and Δ36S values in the Archean
geologic record involve gaseous SO2 (Farquhar et al. 2000; Claire et al. 2014). The
specific chemical reaction that produced the effect observed in Archean samples is
unknown, but gas phase reactions involving SO2 are likely candidates. Farquhar and
Wing (2003) and others demonstrated that photolysis of atmospheric SO2 produces
mass-independent S isotope fractionations, if atmospheric O2 concentrations are very
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low. The majority of Δ33S and Δ36S values scatter around zero, but displays greater
variability when Δ33S and Δ36S are large. Farquhar et al. (2007) and Halevy et al.
(2010) attributed these variations to changes in the composition and oxidation state of
volcanic sulfur gases. Δ33S/Δ36S ratios in Archean samples and in products of lab-
oratory photochemical experiments yield characteristic slopes which may be used as
fingerprints (Farquhar et al. 2013).

2.10 Chlorine

Chlorine has two stable isotopes with the following abundances (Coplen et al.
2002):

35Cl 75:78%
37Cl 24:22%

Natural isotope variations in chlorine isotope ratios might be expected due to the
mass difference between 35Cl and 37Cl as well as to variations in coordination of
chlorine in the vapor, aqueous and solid phases. Schauble et al. (2003) calculated
equilibrium fractionation factors for some geochemically important species. They
showed that the magnitude of fractionations systematically varies with the oxidation
state of Cl, but also depends on the oxidation state of elements to which Cl is bound
with larger fractionations for 2+ cations than for 1+ cations. Chlorine in silicates
appears to be enriched compared to coexisting brines; organic molecules are
enriched relative to dissolved Cl−.

2.10.1 Methods

Measurements of Cl-isotope abundances have been made by different techniques.
The first measurements by Hoering and Parker (1961) used gaseous chlorine in the
form of HCl. The 81 samples measured exhibited no significant variations relative to
the standard ocean chloride. In the early eighties a new technique has been devel-
oped by Kaufmann et al. (1984), that uses methylchloride (CH3Cl). The
chloride-containing sample is precipitated as AgCl, reacted with excess methylio-
dide, and separated by gas chromatography. The total analytical precision reported is
near ±0.1‰ (Long et al. 1993; Eggenkamp 1994; Sharp et al. 2007). The technique
requires relatively large quantities of chlorine (>1 mg), which precludes the analysis
of materials with low chlorine concentrations. Magenheim et al. (1994) described a
method involving the thermal ionization of Cs2Cl

+, which, as argued by Sharp et al.
(2007), is very sensitive to analytical artefacts and therefore might lead to erroneous
results. In any case both methods are laborintensive and rely on offline chemical
conversion reactions. Recent attempts use continuous flow mass-spectrometry
(Shouakar-Stash et al. 2005) or use MC-ICPMS techniques (Van Acker et al. 2006).
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δ-values are generally given relative to seawater chloride termed SMOC
(Standard Mean Ocean Chloride). Knowledge about chlorine isotope geochemistry
has been summarized in a recent book by Eggenkamp (2014). A summary of the
observed natural chlorine isotope variations is presented in Fig. 2.25. Ransom et al.
(1995) gave a natural variation range in chlorine isotope composition of about 15
‰ with subduction zone pore waters having δ37Cl values as low as −8 ‰ whereas
minerals in which Cl substitutes OH have δ37Cl values as high as 7 ‰.

2.10.2 Hydrosphere

Chloride (Cl−) is the major anion in surface- and mantle-derived fluids. It is the
most abundant anion in ocean water and in hydrothermal solutions and is the
dominant metal complexing agent in ore forming environments (Banks et al. 2000).
Despite its variable occurrence, chlorine isotope variations in natural waters com-
monly are small and close to the chlorine isotope composition of the ocean. This is
also true for chlorine from fluid inclusions in hydrothermal minerals which indicate
no significant differences between different types of ore deposits such as
Mississippi-Valley and Porphyry Copper type deposits (Eastoe et al. 1989; Eastoe
and Gilbert 1992).

Relatively large isotopic differences have been found in slow flowing ground-
water, where Cl-isotope fractionation is attributed to a diffusion process (Kaufmann
et al. 1984; Desaulniers et al. 1986; Kaufmann et al. 1986). Desaulniers et al. (1986)
for instance investigated a ground water system, in which chloride diffused upward
from saline into fresh water deposits by demonstrating that 35Cl moved about 1.2‰
faster than 37Cl.

Cl isotope fractionations between salt minerals and brine have been determined by
Eggenkamp et al. (1995), Eastoe et al. (1999, 2007). Halites are enriched by 0.3 ‰
relative to the brine, whereas potassium and magnesium chloride show more or less
no fractionation relative to the brine. 37Cl depletions detected in some pore waters
have been attributed to processes such as ion filtration, alteration and dehydration

10 –100 –55

δ37Cl (‰)

Biotite + Amphibole

Volcanic gases

MORB

Ground water

Subduction zone pore water

Evaporite

Ocean water
Fig. 2.25 δ37Cl values of
important geological
reservoirs

106 2 Isotope Fractionation Processes of Selected Elements



reactions and clay mineral formation (Long et al. 1993; Eggenkamp 1994; Eastoe
et al. 2001; Hesse et al. 2006). A pronounced downward depletion of −4 ‰ in pore
waters has been presented by Hesse et al. (2006). Even lower δ37Cl-values have been
reported in pore waters from subduction-zone environments (Ransom et al. 1995;
Spivack et al. 2002). The downward depletion trend might be explained by mixing of
shallow ocean water with a deep low 37Cl fluid of unknown origin.

2.10.3 Mantle-Derived Rocks

Controversial results have been reported for chlorine isotopes in mantle-derived
rocks. According to Magenheim et al. (1995) δ37Cl-values for MORB glasses show
a surprisingly large range. By questioning the findings of Magenheim et al. (1995),
Sharp et al. (2007) argued that the mantle and the crust have very similar isotopic
composition. A possible explanation for this apparent discrepancy might be related
to analytical artifacts of the TIMS technique (Sharp et al. 2007). Bonifacie et al.
(2008) also observed small Cl-isotope variations only in mantle derived rocks. They
demonstrated that δ37Cl values correlate with chlorine concentrations: Cl-poor
basalts have low δ37Cl values representing the composition of uncontaminated
mantle derived magmas, whereas Cl-rich basalts are enriched in 37Cl being con-
taminated by ocean water. In contrast to MORB, John et al. (2010) observed with
the SIMS technique larger δ37Cl variations in OIB glasses which they interpreted as
being due to subducting sediments that have developed high δ37Cl-values by
expelling 37Cl depleted pore fluids.

Barnes et al. (2009) have investigated the serpentinization process in the oceanic
lithosphere and interpreted chlorine isotope data to reflect a record of multiple fluid
events. Slightly positive δ37Cl-values represent typical seawater-hydration condi-
tions under low temperature conditions, negative δ37Cl-values result from inter-
action with porefluids from overlying sediments.

Volcanic gases and associated hydrothermal waters have a large range in
δ37Cl-values from –2 to +12 ‰ (Barnes et al. 2006). To evaluate chlorine isotope
fractionations in volcanic systems, HCl liquid-vapor experiments performed by
Sharp (2006) yield large isotope fractionations of dilute HCl at 100 °C. 37Cl
enrichments in fumaroles seem to be due to isotope fractionations between between
Cl− in aquatic solution and HCl gas.

Very interesting results have been reported by Sharp et al. (2010) on lunar basalts
showing a very large range in δ37Cl-values from −1 to +24 ‰ that have been
interpreted to reflect conditions or processes on Moon that do not exist on Earth.

2.10.4 Applications in the Environment

Chlorine isotope studies have been performed to understand the environmental
chemistry of anthropogenic organic compounds, such as chlorinated organic sol-
vents or biphenyls. The primary goal of such studies is to identify and quantify
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sources and biodegradation processes in the environment. To do this successfully,
chorine isotope values should differ among compounds and manufacturers and
indeed the range of reported δ37Cl-values is from about –5 to +6 ‰ with distinct
signatures from different suppliers (van Warmerdam et al. 1995; Jendrzewski et al.
2001).

Perchlorate is another anthropogenic compound, which may contaminate surface
and ground waters. The widespread occurrence of perchlorate in the environment
makes it necessary to distinguish between a synthetic or a natural origin (Böhlke
et al. 2005). The occurrence of natural perchlorate is limited to extremely dry
environments, such as the Atacama desert. Synthetic perchlorate is produced by
electrolyte oxidation reactions, whereas natural perchlorate is formed by photo-
chemical reactions involving atmospheric ozone. Böhlke et al. (2005) showed that
natural perchlorate have the lowest δ37Cl-values on Earth, whereas synthetic per-
chlorate has more “normal” δ37Cl-values. During microbial reduction of perchlo-
rate, large kinetic isotope effects have been observed by Sturchio et al. (2003) and
Ader et al. (2008), which may document in situ bioremediation.

2.11 Calcium

Calcium has six stable isotopes in the mass range of 40–48 with the following
abundances (Taylor and Rosman 1998).

40Ca : 96:94%
42Ca : 0:647%
43Ca : 0:135%
44Ca : 2:08%
46Ca : 0:004%
48Ca : 0:187%

Calcium plays an essential role in biological processes such as the calcification of
organisms, and the formation of bones. Its wide natural distribution and the large
relative mass difference suggest a large isotope fractionation, whichmay be caused by
mass-dependent fractionations and by radiogenic growth (radioactive decay of 40K to
40Ca, half life of about 1.3 Ga). Felsic Archean rocks with high K/Ca ratios, thus,
should show a relative enrichment of 40Ca and, indeed, as demonstrated by Caro et al.
(2010), Archean K-rich, Ca-poor rocks show enlarged 44Ca/40Ca variations.

2.11.1 Analytical Techniques

Early studies on natural Ca isotope variations found no differences or ambigous
results. By using a double-spike technique and by using a mass-dependent law for

108 2 Isotope Fractionation Processes of Selected Elements



correction of instrumental mass fractionation, Russell et al. (1978) were the first to
demonstrate that differences in the 44Ca/40Ca ratio are clearly resolvable to a level
of 0.5 ‰. More recent investigations by Skulan et al. (1997) and by Zhu and
MacDougall (1998), also using the TIMS technique, have improved the precision to
about 0.1–0.15 ‰.

MC-ICP-MS techniques have been described by Halicz et al. (1999) using a “hot
plasma” and by Fietzke et al. (2004) using a “cool plasma”. SIMS techniques with
high spatial resolution and uncertainties of about 0.3 ‰ have been developed by
Rollion-Bard et al. (2007) and Kasemann et al. (2008).

Comparing data obtained with different methods and from different laboratories,
complications may arise from the use of different δ-values, either δ44/40 or δ44/42, and
from the use of different standards. By initiating a laboratory exchange of internal
standards, Eisenhauer et al. (2004) have suggested to use NIST SRM 915a as
international standard. As the original SRM 915a is not any more available, SRM
915a has been replaced by SRM 915b which is 0.72 ‰ heavier than SRM 915a
(Heuser and Eisenhauer 2008). In the following all data are given as δ44/40Ca-values.
As shown in reviews by DePaolo (2004), Nielsen et al. (2011a, b, c) and Fantle and
Tipper (2014), the natural variation range in δ44/40Ca-values is about 5 ‰.
Figure 2.26 shows natural Ca-isotope variations of important geological reservoirs.

2.11.2 High Temperature Fractionations

Calcium as a lithophile element does not partition into planetary cores, therefore Ca
isotopes may reveal genetic links between Earth and meteorites. According to
Simon and de Paolo, (2010) and Valdes et al. (2014), Earth, Moon, Mars and
differentiated asteroids are indistinguishable from ordinary chondrites, whereas
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enstatite chondrites are slightly enriched in heavier Ca isotopes and carbonaceous
chondrites are variably depleted in heavier Ca isotopes. Ca isotopes, thus suggest
that ordinary chondrites are representative for the material that formed the terrestrial
planets.

Huang et al. (2010) and Chen et al. (2014) analysed a suite of terrestrial mantle
xenoliths, ocean island basalts, komatiites and carbonatites. Mantle xenoliths vary
by about 0.5 ‰ indicating that the mantle is heterogeneous in Ca isotope com-
position. Ocean island basalts are on average 0.2 ‰ lighter than mantle xenoliths
suggesting Ca isotope fractionation during partial melting. During fractional crys-
tallization very limited Ca isotope fractionation seems to occur.

Huang et al. (2010) measured the Ca isotope composition of coexisting clino-
and orthopyroxene in mantle peridotites. δ44Ca-values of orthopyroxene are about
0.5 ‰ heavier than clinopyroxene. First principles calculations by Feng et al.
(2014) reached very similar conclusions. Combined with data from
low-temperature Ca-minerals, Huang et al. (2010) inferred that inter-mineral
fractionations are controlled by Ca–O bond strengths. Thus, the Ca-mineral with a
shorter Ca–O bond yields a heavier δ44Ca-value. Furthermore, these authors esti-
mated that the upper mantle has an average Ca isotope composition slightly higher
than the average for basalts. In Hawaiian tholeiites, Huang et al. (2011) observed a
0.3‰ variation in 44Ca/40Ca ratios, which they attributed to recycling of carbonates
into the mantle. Besides inter-mineral equilibrium fractionations, high temperature
diffusion processes may also affect Ca-isotope fractionations (Richter et al. 2003).

2.11.3 Weathering

Chemical weathering of silicates controls long-term atmospheric CO2 concentra-
tions coupling the cycles of carbon and calcium. Dissolution of silicates and car-
bonates does not strongly fractionate Ca isotopes (Fantle and Tipper 2014). Ca ions
released during dissolution may be taken up by vegetation, may precipitate as
secondary minerals or can be absorbed by clays, oxyhydroxides and humic acids.
As shown by Ockert et al. (2013), the absorption of Ca2+ on clay minerals favors
light Ca isotopes over heavy ones. The largest Ca isotope fractionation in the
weathering environment, however, is the uptake by plants.

Ca isotope analysis of rivers represents another approach to identify weathering
processes (Tipper et al. 2008, 2010; Fantle and Tipper 2014). From an extensive
data compilation, Fantle and Tipper (2014) concluded that the average Ca isotope
value of carbonates is 0.60 ‰, whereas average river water has a value of 0.88 ‰
and silicates a value of 0.94 ‰. Since most of the Ca in river water originates from
the the dissolution of carbonates and not from silicates, the Ca isotope difference
between carbonates and rivers remain unexplained.
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2.11.4 Fractionations During Carbonate Precipitation

Calcium carbonates that precipitate from aqueos solutions do not form at isotope
equilibrium (DePaolo 2011). Marine carbonates are isotopically depleted in 44Ca
relative to seawater (Skulan et al. 1997; Zhu and MacDougall 1998). Experiments on
inorganic precipitation of calcite and aragonite (Marriott et al. 2004; Gussone et al.
2003) have demonstrated that Ca isotope fractionation correlates with temperature
with an offset of aragonite of about −0.5 ‰ relative to calcite. During biogenic
precipitation, the Ca isotope composition of shells depend on the chemistry of the
solution, in which the organisms live and on the process by which Ca is precipitated
(Griffith et al. 2008a, b, c). Calcification processes differ among different types of
organisms: foraminifera precipitate carbonate in vacuoles from pH-modified sea-
water, corals pump seawater through various tissues to the site of precipitation. Each
step in these processes may cause differences in Ca isotope fractionation.

The magnitude of Ca isotope fractionation during biogenic carbonate precipi-
tation as well as the mechanism—either isotope equilibrium or kinetic effects—
remain a matter of debate. Studies by Nägler et al. (2000), Gussone et al. (2005) and
Hippler et al. (2006) reported temperature dependent Ca isotope fractionations
precipitated in natural environments or under cultured laboratory conditions with a
slope of about 0.02 ‰/°C. Temperature dependent fractionations, however, have
not been found in all shell secreting organisms (Lemarchand et al. 2004; Sime et al.
2005). Sime et al. (2005) analyzed 12 species of foraminifera and found negligible
temperature dependence for all 12 species. These contradictory results indicate a
complex physiological control on Ca uptake by calcifying organisms (Eisenhauer
et al. 2009).

In the case of dolomite, Holmden (2009) observed a 0.6 ‰ difference between
dolomite and its precursor limestone. Gypsum also preferentially incorporates light
Ca compared to dissolved Ca (Harouaka et al. 2014).

2.11.5 Variations with Geologic Time

Zhu and MacDougall (1998) have made the first attempt to investigate the global
Ca cycle. They found a homogeneous isotope composition of the ocean, but distinct
isotope differences of the sources and sinks and suggested that the ocean is not in
steady state. The marine Ca-cycle is characterized by inputs from hydrothermal
fluids at oceanic ridge systems and from dissolved Ca delivered by continental
weathering and by output through CaCO3 precipitation, the latter causing the main
Ca isotope fractionation. Dissolution of silicate and carbonate rocks during
weathering does not strongly fractionate Ca isotopes (Hindshaw et al. 2011). Ca
dissolved in rivers shows a very narrow range in Ca isotope composition that is
close to the average Ca isotope composition of limestones (Tipper et al. 2010).
Hydrothermal solutions to the ocean at ocean ridges are about 1 ‰ depleted in
δ44/40Ca values relative to seawater (Amini et al. 2008).
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Since the first study of Zhu and MacDougall (1998), several studies have
investigated secular changes in the Ca isotope composition of the ocean: De La
Rocha and de Paolo (2000b), Fantle and de Paolo (2005) and Fantle (2010) for the
Neogene, Steuber and Buhl (2006) for the Cretaceous; Farkas et al. (2007) for the
late Mesozoic; and Kasemann et al. (2005a, b) for the Neoproterozoic. Model
simulations of the Ca cycle by Farkas et al. (2007) indicated that the observed Ca
isotope variations can be produced by variable Ca input fluxes to the oceans.
Maximum measured temporal variations in selected age periods are around 1 ‰ in
44/40Ca isotope ratios (see also p. 268 about ocean water history).

High resolution records with 0.3 ‰ excursions for the Permian-Triassic
boundary from southern China have been reported by Payne et al. (2010) and by
Hinojosa et al. (2012). Shifts in isotope composition could be due to changes in
mineralogy (i.e. calcite/aragonite) or to a change in ocean pH-values. By comparing
δ44Ca-values of conodont apatite with coexisting carbonates, Hinojosa et al. (2012)
found a comparable shift in apatite, which argues against a shift in mineralogy, but
favors an episode of ocean acidification.

In this context, it is interesting to note, that Griffith et al. (2008a, b, c, 2011)
proposed that pelagic barite, containing about 400 ppm Ca, might be an additional
recorder of Ca seawater isotope composition through time showing an offset of
about 2 ‰ from seawater.

2.11.6 Ca in Plants, Animals and Humans

Vegetation shows the widest range in Ca isotope values, which is larger than
variations caused by carbonate precipitation. Studies on higher plants by Page et al.
(2008), Wiegand et al. (2005) and Holmden and Belanger (2010) demonstrated
systematic Ca isotope fractionations between roots, stemwood and leaves: fine roots
yield the lowest δ44Ca-values, stemwood are intermediate and leaves have the
highest δ-values. Overall variation in 44Ca values from bottom to top in trees is
about 0.8 ‰ (Cenki-Tok et al. 2009; Holmden and Belanger 2010). The magnitude
of Ca isotope fractionation depends on species and on season (Hindshaw et al.
2013). The preferential uptake of light Ca-isotopes into plants results in an
enrichment of Ca in soil solutions. Thus vegetation controls the Ca isotope com-
position of soil pools (Cenki-Tok et al. 2009).

Experiments under controlled plant growth conditions allow the identification of
3 different Ca isotope fractionation steps (Cobert et al. 2011; Schmitt et al. 2013):
(i) preferential 40Ca uptake in the roots, (ii) preferential adsorption of 40Ca on the
cell walls during transfer from the roots to the leaves, (iii) additional 40Ca frac-
tionation in the storage organs, which seems to be controlled by the physiology of
the plant.

Ca isotope measurements of diet, soft tissues and bone show that bone is con-
siderably lighter than soft tissue and diet. As much as 4 ‰ variation in 44Ca/40Ca
ratios is observed in single organisms (Skulan and DePaolo 1999). Ca isotopes of
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bone apatite in animals suggest that Ca isotope composition gets increasingly light
as trophic levels increases. Reynard et al. (2010) reported Ca isotope data of
modern and archaeological animal and human bones. Sheep at the same location
show higher Ca isotope ratios in females than in males which is attributed to
lactation by females. Reynard et al. (2010) further demonstrated that human bones
are lighter than the local fauna.

2.12 Vanadium

Vanadium has two stable isotopes

50V 0:24%
51V 99:76%

Since vanadium exists in four valence states (2+, 3+, 4+, 5+), it is highly sensitive
to reduction-oxidation reactions potentially inducing isotope fractionations.

Nielsen et al. (2011a, b, c) and Prytulak et al. (2011) described a precise
MC-ICP-MS technique and reported a δ51V isotope variation of 1.2 ‰ for various
reference samples. Nielsen et al. (2014) demonstrated that V in the silicate earth is
0.8 ‰ enriched relative to carbonaceous and ordinary chondrites. Although the
cause for the enrichment is unknown, Nielsen et al. (2014) postulated that bulk
Earth cannot be entirely reconstructed by mixing chondritic meteorites in various
proportions. Prytulak et al. (2013) observed a 1 ‰ variation in mafic and ultramafic
rocks. Secondary alteration reactions do not appear to induce V isotope fractio-
nations, therefore, V isotopes have the potential to indicate the oxidation state of
ancient mantle.

V is enriched in organic matter, especially in crude oils. The analysis of V
isotopes in crude oils potentially should be an interesting tool for petroleum
geologists. Future vanadium isotope studies certainly will give a more detailed
picture of V isotope fractionations.

2.13 Chromium

Chromium has 4 stable isotopes with the following abundances (Rosman and
Taylor 1998)

50Cr 4:35%
52Cr 83:79%
53Cr 9:50%
54Cr 2:36%
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Chromium exists in two oxidation states, Cr(III) as a cation Cr3+, and Cr(VI), as
an oxyanion (CrO4

2− or HCrO4
−) having different chemical behaviors: Cr3+ is the

dominant form in most minerals and in water under reducing conditions, whereas
Cr(VI) is stable under oxidizing conditions. Cr(VI) in chromate is highly soluble,
mobile and toxic, whereas trivalent chromium, existing as a cation, is largely
insoluble and immobile. These properties make Cr isotope investigations very
suitable to detect and quantify redox changes in different geochemical reservoirs.

Equilibrium isotope fractionations between Cr(VI) and Cr (III) have been esti-
mated by Schauble et al. (2004), who predicted Cr isotope fractionations >1 ‰
between Cr species with different oxidation states. At 0 °C, Cr isotope fractiona-
tions between CrO4

2− and Cr(H2O)6
3+ complexes have been calculated to be 7 ‰

with chromate being enriched in 53Cr. However, since isotope equilibration
between Cr(VI) and Cr(III) species at low temperatures is slow (Zink et al. 2010), it
appears that isotope disequilibrium between Cr-species is common and, therefore,
natural Cr isotope fractionations probably are kinetically controlled. Cr isotope
variations are measured generally with MC-ICP-MS techniques (Halicz et al.
2008a, b; Schoenberg et al. 2008), δ53/52Cr-values are given relative to the
NIST SRM 979 standard. Figure 2.27 summarizes average Cr-isotope compositions
in important reservoirs.

2.13.1 Mantle Rocks

Mantle xenoliths and ultramafic cumulates have, as first shown by Schoenberg et al.
(2008), a δ53Cr-value of −0.12 ‰ relative to the certified Cr standard NIST SRM
979 being 0.4 ‰ heavier than various chondritic meteorites (Moynier et al. 2011).
The enrichment of the Earth relative to meteorites may be explained by preferential
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partitioning of light Cr isotopes into the Earth’s core, leaving the mantle enriched in
53Cr. For mantle derived chromites, Farkas et al. (2013) observed a mean
δ53Cr-value of 0.08 ‰, slightly heavier than for mantle xenoliths possibly sug-
gesting slight Cr fractionations during partial melting. Hydrothermal chromates
(crocoites) are considerable enriched with 53Cr contents of up to 2 ‰. During
serpentinization of ultramafic rocks, 53Cr will become enriched (Farkas et al. 2013).
Thus, oxidative secondary aqueous alteration of ultramafic rocks shifts the primary
mantle composition towards heavier 53Cr-values.

2.13.2 Low-Temperature Fractionations

During weathering, oxidation of Cr(III) leads to a 53Cr enrichment in the resulting
Cr(VI), leaving soils depleted in 53Cr. Thus, river and ocean water is enriched in
heavy Cr-isotopes relative to mantle and crustal rocks indicating Cr isotope frac-
tionation during weathering and transport to the ocean (Bonnand et al. 2013; Frei
et al. 2014). Coastal waters are heavier than open ocean waters possible reflecting
in situ reduction of Cr(VI) to Cr(III).

Carbonates encompass the range of Cr-isotopes in seawater (Bonnand et al.
2013). Cr isotopes in marine carbonates, thus, may be a sensitive tracer of
weathering of the continental crust as well as of variations of hydrothermal input
(Frei et al. 2011).

Frei et al. (2009) used Cr-isotopes to deduce the oxygenation history of the
Earth’s hydro- and atmosphere. They suggested that the Great Oxidation Event did
not lead to a unidirectional increase of oxygen, but instead is better characterized by
punctuated fine-scale fluctuations. This view was challenged by Konhauser et al.
(2011) argueing that Cr was largely immobile on land till the GOE, but was
solubilized in the period that followed. Frei and Polat (2013) interpreted Cr isotope
fractionations in 2.0 Ga soils as indicating oxidative weathering on land.

2.13.3 Anthropogenic Cr in the Environment

Extensive industrial use of hexavalent chromate has led to a widespread Cr con-
tamination of soils and groundwater. Reduction of Cr(VI) to Cr(III) may proceed by
a variety of abiogenic and microbial processes. All reduction mechanisms induce Cr
isotope fractionations with the lighter isotope enriched in the product (Dossing et al.
2011; Sikora et al. 2008). Kitchen et al. (2012) determined experimentally Cr
isotope fractionations for Cr-reduction by dissolved Fe(II) up to 4.2 ‰.

Since isotope fractionation during Cr(VI) reduction is little affected by adsorp-
tion (Ellis et al. 2004), 53Cr/52Cr ratios in soils and groundwaters can be used as an
indicator of Cr(VI) reduction and pollution. Groundwaters have δ53Cr-values
ranging from 0.3 to 5.9 ‰ (Ellis et al. 2002, 2004; Berna et al. 2010 and Zink et al.
2010; Izbicki et al. 2012). These authors observed an increase up to 6 ‰ in
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53Cr/52Cr ratios during the reduction of chromate. In experiments with Shewanella,
Sikora et al. (2008) observed a Cr isotope fractionation of about 4 ‰ during
dissimilatory Cr(VI) reduction. There are other genera of anaerobic and aerobic
bacteria that produce comparable isotope fractionations during Cr(VI) reduction
(Han et al. 2012). These findings can be applied to quantify Cr(VI) reduction at
sites undergoing active remediation.

2.14 Iron

Iron has 4 stable isotopes with the following abundances (Beard and Johnson 1999)

54Fe 5:84%
56Fe 91:76%
57Fe 2:12%
58Fe 0:28%

Iron is the third most abundant element on Earth that participates in a wide range
of biotically- and abiotically-controlled redox processes in low- and
high-temperature environments. Iron has a variety of important bonding partners
and ligands, forming sulfide, oxide and silicate minerals as well as complexes with
water. As is well known, bacteria can use Fe during both dissimilatory and
assimilatory redox processes. Because of its high abundance and its important role
in high and low temperature processes, isotope studies of iron have received the
most attention of the transition elements. Since the first investigations on Fe isotope
variations by Beard and Johnson (1999), the number of studies on Fe isotope
variations has increased exponentially. Reviews on Fe-isotope geochemistry have
been given by Anbar (2004a, b), Beard and Johnson (2004), Johnson and Beard
(1999), Dauphas and Rouxel (2006) and Anbar and Rouxel (2007). Figure 2.28
summarizes Fe-isotope variations in important geological reservoirs.

2.14.1 Analytical Methods

By using the double-spike SIMS technique, Johnson and Beard (1999) described an
analytical procedure with very good precision. Nevertheless, with the introduction
of MC-ICP-MS techniques and their ability to measure Fe isotope ratios with little
drift, most researchers have concentrated on MC-ICP-MS (Weyer and Schwieters
2003; Arnold et al. 2004a, b; Schoenberg and von Blanckenburg 2005; Dauphas
et al. 2009; Craddock and Dauphas 2010; Millet et al. 2012). Fe isotope analysis is
highly challenging, because of interferences from 40Ar14N+, 40Ar16O+ and 40Ar
16OH+ at masses 54, 56 and 57 respectively. Nevertheless δ-values can be measured
routinely with a precision of ±0.05 ‰ or better (Craddock and Dauphas 2010).
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Literature data have been presented either in the form of 57Fe/54Fe or as
56Fe/54Fe ratios. In the following all data are given as δ56Fe values. δ57Fe values
would be 1.5 times greater than δ56Fe values, because only mass-dependent
fractionations are expected. Fe isotope ratios are generally reported relative to the
IRMM-14 standard, an ultra-pure synthetic Fe metal, or are given to the average
composition of various rock types (Beard et al. 2003; Craddock and Dauphas 2010;
He et al. 2015). Relative to IRMM-14, igneous rocks have an average composition
of δ56Fe of 0.09 ‰. The maximum range in δ56Fe-values is more than 5 ‰, with
low values for sedimentary pyrite and high values in iron oxides from banded iron
formations.

2.14.2 Isotope Equilibrium Studies

Equilibrium Fe isotope fractionations for mineral-mineral and mineral-fluid systems
have been determined by 3 different approaches: (i) calculations of β-factors based
on density functional theory (DFT) (Schauble et al. 2001; Anbar et al. 2005;
Blanchard et al. 2009; Rustad and Dixon 2009; Rustad et al. 2010) and (ii) calcu-
lations based on Mössbauer spectroscopy and inelastic nuclear resonant X-ray
scattering measurements (Polyakov 2007; Polyakov and Soultanov 2011; Dauphas
et al. 2012) and (iii) isotope exchange experiments (Skulan et al. 2002; Welch et al.
2003; Shahar et al. 2008; Beard et al. 2010; Saunier et al. 2011; Wu et al. 2011;
Frierdich et al. 2014).

Fe isotope fractionations obtained from density functional theory (Blanchard
et al. 2009) and from Mossbauer or Inelastic Nuclear Resonant Xray scattering
spectroscopic data (Polyakov et al. 2007; Polyakov and Soultanov 2011) exhibit
significant discrepancies. Large discrepancies also exist between calculated and
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experimentally determined fractionation factors, especially for mineral-fluid sys-
tems. Rustad et al. (2010) achieved better agreement by considering the second
hydration shell of Fe dissolved complexes. In a multi direction 3-isotope experi-
mental approach for the Fe2+aq—magnetite system, Frierdrich et al. (2014) achieved
good agreement with calculated Fe fractionations of Rustad et al. (2010).

First experimental studies at magmatic temperatures, conducted by Schüßler
et al. (2007) for equilibrium isotope fractionations between iron sulfide (pyrrhotite)
and silicate melt and by Shahar et al. (2008) for fayalite and magnetite demonstrate
that Fe isotope fractionations are relatively large at magmatic temperatures and
potentially can be used as a geothermometer. Under equilibrium conditions com-
mon igneous and metamorphic Fe-minerals should show an order of 56Fe depletion
from hematite to magnetite to olivine/pyroxene to ilmenite. For instance, at 800 °C
Fe isotope fractionation between magnetite-ilmenite should be around 0.5 ‰
becoming larger with decreasing temperatures. Thus, the pair magnetite-ilmenite
potentially may be used as a geothermometer.

Mechanism governing Fe isotope fractionation include precipitation of Fe
bearing minerals (Skulan et al. 2002; Butler et al. 2005), isotope exchange between
different ligand species (Hill and Schauble 2008; Dideriksen et al. 2008; Wieder-
hold et al. 2006) and adsorption of dissolved Fe(II) to Fe(III) surfaces (Icopini et al.
2004; Crosby et al. 2007; Jang et al. 2008). Changes in bond partners and/or
coordination number also have an effect on isotope fractionation (Hill et al. 2009,
2010), implying that Fe isotope compositions reflect both the redox state and the
solution chemistry.

Theoretical calculations and experimental determinations show that Fe(III)
bearing phases tend to be enriched in heavy Fe isotopes compared to Fe(II) bearing
phases. The largest Fe isotope fractionations have been attributed to redox effects
(Johnson et al. 2008). For example, Fe isotope fractionations between Fe(II) and Fe
(III) species at 25 °C yield a 2.5–3 ‰ 54Fe depletion in the Fe(II) species. As
discussed by Crosby et al. (2005), Fe isotope fractionation results from isotope
exchange between Fe(II) and Fe(III) at oxide surfaces explaining why Fe isotope
fractionations are very similar for microbial dissimilatory Fe(III) reduction,
microbial Fe(II) oxidation and equilibrium between dissolved Fe(II) and Fe(III)
species in abiotic systems. This hampers the assertion of Fe isotopes as
biosignatures.

2.14.3 Meteorites

Carbonaceous and ordinary chondrites have a uniform bulk Fe isotope composition
close to zero ‰ (Craddock and Dauphas 2010; Wang et al. 2013b), whereas the
individual Fe components in meteorites are isotopically variable. Chondrules dis-
play the largest variation, metals and sulphides show smaller variations (Needham
et al. 2009). As shown by Williams et al. (2006) Fe isotope differences between
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metal and troilite are in the range of 0.5 ‰—the metal phase being heavier than the
sulfide phase troilite, potentially reflecting equilibrium fractionations.

Fe isotopes in meteorites have been used to investigate processes associated with
core formation. Iron meteorites are considered to represent remnants of metallic
cores of differentiated planetary bodies. Whether core formation fractionates Fe
isotopes or not is a matter of debate. Poitrasson et al. (2009) and Hin et al. (2012)
experimentally determined no Fe isotope fractionation between Fe–Ni alloy and
silicate liquid at temperatures up to 2000 °C.

For the Moon, the bulk iron isotope composition is not well constrained. As
shown by Liu et al. (2010a, b), low Ti-basalts have δ56Fe values that are 0.1 ‰
lower than high Ti basalts, possibly reflecting differences in mantle sources.

2.14.4 Igneous Rocks

Early studies demonstrated that all terrestrial igneous rocks have homogeneous Fe
isotope compositions (Beard and Johnson 1999, 2004). Later studies suggested that
igneous processes such as partial melting and crystal fractionation may lead to
measurable Fe isotope variations. Weyer et al. (2005) and Weyer and Ionov (2007)
found that the Fe isotope composition in mantle peridotites is about 0.1 ‰ lighter
than in basalts. Because Fe3+ is more incompatible than Fe2+ during partial melting
and given the fact that Fe3+ has higher δ56Fe values than Fe2+, liquids should
become enriched relative to the solid residue. Dauphas et al. (2009) presented a
quantitative model that relates the iron isotope composition of basalts to the degree
of partial melting.

Small Fe isotope variations between MORB and OIB have been reported by
Teng et al. (2013) that can be explained by fractional crystallization of OIBs. Teng
et al. (2008) demonstrated that Fe isotopes fractionate during magmatic differen-
tiation on whole-rock and on crystal scales. They observed that iron in basalts
becomes isotopically heavier as more olivine crystallizes, implying that differences
in the redox state of Fe play a decisive role. Zoned olivine crystals yield 56Fe
isotope fractionations of up to 1.6 ‰, which they interpreted as being due to
diffusion between olivines and evolving melt (Teng et al. 2011).

Metasomatism and/or metamorphic/hydrothermal alterations are additional
processes that can modify the Fe isotope composition of mantle material (Williams
et al. 2005; Weyer and Ionov 2007; Dziony et al. 2014).

In granitic rocks δ56Fe values are generally positively correlated with SiO2

contents (Poitrasson and Freydier 2005; Heimann et al. 2008). These authors
suggested that exsolution of fluids has removed light Fe isotopes causing the
enrichment of SiO2-rich granitoids. Telus et al. (2012) argued that exsolution alone
cannot explain the high δ56Fe values in all granitoids, instead fractional crystalli-
zation seems to be the major cause of 56Fe enrichment.
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2.14.5 Sediments

Marine sediments reflect the average Fe isotope composition of the continental
crust, deviations from the mean value are due to biogeochemical processes in the
sediments. Under low-temperature conditions the observed natural Fe isotope
variations of around 5 ‰ have been attributed to a large number of processes,
which can be divided into inorganic reactions and into processes initiated by
micro-organisms. Up to 1 ‰ fractionation can result from precipitation of
Fe-containing minerals (oxides, carbonates, sulfides) (Anbar and Rouxel 2007).
Larger Fe isotope fractionations occur during biogeochemical redox processes,
which include dissimilatory Fe(III) reduction (Beard et al. 1999; Icopini et al. 2004;
Crosby et al. 2007), anaerobic photosynthetic Fe(II) oxidation (Croal et al. 2004),
abiotic Fe (II) oxidation (Bullen et al. 2001) and sorption of aqueous Fe(II) on Fe
(III) hydroxides (Balci et al. 2006). Controversy exists whether iron isotope vari-
ations observed are controlled by kinetic or equilibrium factors and/or by abio-
logical or microbiological fractionations. This complicates the ability to use iron
isotopes to identify microbiological processing in the rock record (Balci et al.
2006). As argued by Johnson et al. (2008) microbiological reduction of Fe3+ pro-
duces much larger quantities of iron with distinct δ56Fe values than abiological
processes. Thus a number of studies have interpreted negative δ56Fe values in
sediments to reflect dissimilatory iron reduction (DIR) (e.g. Bergquist and Boyle
2006; Severmann et al. 2006, 2008, 2010; Teutsch et al. 2009). Coupled Fe and S
isotope intergrain variations in pyrite have been used as a proxy for microbial
dissimilatory Fe(III) and sulfate reduction (Archer and Vance 2006).

During weathering, Fe is dissolved by ligands and/or bacteria. Fe isotope frac-
tionation may occur during Fe mobilization by Fe reduction or ligand-promoted
dissolution or during immobilization of Fe oxy/hydroxides (Fantle and de Paolo
2005; Yesavage et al. 2012 and others). δ56Fe values of bulk and HCl-extractable
Fe become isotopically lighter as the extent of weathering proceeds; exchangeable
Fe is more depleted in 56Fe than Fe in ironhydroxides.

In summary, negative δ56Fe-values in sedimentary rocks may reflect ancient DIR
(Yamaguchi et al. 2005; Johnson et al. 2008), other studies have, however, favored
abiological processes for the occurrence of negative Fe isotope values (Rouxel et al.
2005; Anbar and Rouxel 2007; Guilbaud et al. 2011). Especially large iron isotope
fractionations have been found in Proterozoic and Archean banded iron formations
(BIFs) and shales (Rouxel et al. 2005; Yamaguch et al. 2005). In particular BIFs
have been used to reconstruct Fe cycling through Archean oceans and the rise of O2

(atm) during the Proterozoic (see discussion under Sect. 3.8.4 and Fig. 3.30). The
pattern shown in Fig. 3.30 distinguishes three stages of Fe isotope evolution, which
might reflect redox changes in the Fe cycle (Rouxel et al. 2005). Interplays of the
Fe-cycle with the C- and S-record might reflect changing microbial metabolims
during the Earth’s history (Johnson et al. 2008).
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2.14.6 Ocean and River Water

Dissolved and particulate iron in water occur not only in two oxidation states but in
a wide range of chemical species that interact by adorption/desorption,
precipitation/dissolution processes. All these processes potentially fractionate Fe
isotopes that may modify the iron isotope composition of waters.

Iron in the ocean is an important micronutrient; the growth of phytoplankton is
often limited by low Fe concentrations. Because of its very low concentration, the
Fe isotope composition of ocean water is not easily determined. Radic et al. (2011)
and John and Adkins (2012) were among the first presenting dissolved and par-
ticulate Fe isotope data in depth profiles from the Pacific and Atlantic. Water
profiles characterized by positive δ56Fe values mainly reflect the continental input
with slight transformations in the water column. John and Adkins (2012) demon-
strated that dissolved iron in the upper 1500 m is homogeneous with δ56Fe values
between 0.30 and 0.45 ‰, whereas in the deeper ocean δ56Fe-values increase to
0.70 ‰.

Rivers rich in clastic suspended detrital material, like the white waters of the
Amazon have a Fe isotope composition close to the continental crust (Poitrasson
et al. 2014). Rivers rich in organic material contain a large portion in dissolved Fe
form and are depleted in heavy Fe isotopes with significant annual variations (Dos
Santos Pinheiro et al. 2014).

Fluids in diagenetic systems are variable in Fe isotope composition with a
preferential depletion in 56Fe (Severmann et al. 2006) reflecting the interaction of
Fe3+ with Fe2+ during bacterial iron and sulfate reduction. Processes dominated by
sulfate reduction produce high δ56Fe values in porewaters, whereas the opposite
occurs when dissimilatory iron reduction is the major pathway (Severmann et al.
2006). Fe isotope compositions of pore fluids may reflect the extent of Fe recycling
during early diagenesis (Homoky et al. 2011). Fe(II) in pore waters, formed by
bacterial Fe(III) reduction, may be reoxidized during sediment suspension events.
The resulting fine grained isotopically light FeOOH may be transported back to the
deep ocean, a process that has been termed “benthic iron shuttle” (Severmann et al.
2008).

2.14.7 Plants

Although sufficient supply of Fe is essential for all living organisms, iron is one of
the most limiting nutrients, because iron in soils exists predominantly in the nearly
insoluble Fe (III) form. Therefore, higher plants developed different strategies to
make iron available. Guelke and von Blanckenburg (2007) presented evidence that
Fe isotope signatures in plants reflect two different strategies that plants have
developed to incorporate Fe from the soil. Group I plants induce chemical reactions
in the rhizosphere and reduce iron before uptake by incorporating light isotopes in
the roots with further depletion during transport to leaves and seeds. Group II plants
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transport Fe(III) complexes into plant roots via a specific membrane transport
system that do not fractionate Fe relative to Fe in soils (Guelke et al. 2010;
Guelke-Stelling and von Blanckenburg 2012). As shown by Kiczka et al. (2010) Fe
isotopes may fractionate during remobilization of Fe from old into new plant tissues
which may change the Fe isotope composition of leaves and flowers over the
season.

2.15 Nickel

Nickel can occur in oxidation states from 4+ to 0, but the 2+ state is essentially the
only natural oxidation state. Thus, redox controlled reactions do not play an
important role, but instead chemical precipitation, adsorption in aqueous systems
and crystallization of Ni-sulfides in magmatic systems might induce fractionations.
Since nickel is a bioessential trace element, playing vital roles in enzymes, bio-
logical processes also might cause isotope fractionations.

Ni has five stable isotopes

58Ni 68:08
60Ni 26:22
61Ni 1:14
62Ni 3:63
64Ni 0:93

Ni isotopes generally are reported as δ60/58Ni values, Gueguen et al. (2013)
described an analytical procedure for Ni isotope determinations and determined Ni
isotope ratios for various geological reference materials.

2.15.1 Meteorites and Mantle Derived Rocks

The amount of published Ni isotope data is small. First measurements by Cameron
et al. (2009) indicated that Ni isotope variations in the mantle and the continental
crust are negligible. More recently, Gueguen et al. (2013) and Hofmann et al.
(2014) reported Ni isotope fractionations up to 1 ‰ among komatiites and asso-
ciated Ni-sulfide mineralisations, the latter being depleted in heavy Ni isotopes.

In the metal phase of meteorites, Ni isotopes fractionate between kamacite
(Fe-rich phase) and taenite (Ni rich phase), the former being isotopically heavier
than the latter (Cook et al. 2007). To investigate potential Ni isotope fractionation
between core and mantle, Lazar et al. (2012) determined Ni isotope fractionations
between Ni metal and Ni talc silicate. Since the metal has been found to be enriched
in the light Ni isotopes, they suggested that Ni isotope fractionations might have
occurred during Earth’s core segregation.
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2.15.2 Water and Organisms

Large fractionations have been observed in the ocean and in organisms. Fujii et al.
(2011) investigated theoretically and experimentally Ni isotopes fractionations
between inorganic Ni-species and organic ligands and observed Ni isotope fracti-
onations up to 2.5 ‰ controlled by organic ligands.

Dissolved Ni compounds in rivers vary by about 1 ‰ (Cameron and Vance
2014), and are heavier than average continental rocks. Ni dissolved in the ocean has
a mean δ60Ni-value of 1.44 ‰ (Cameron and Vance 2014) being heavier than
riverine Ni. No Ni isotope difference between surface and deep ocean water has
been observed.

Gall et al. (2013) observed Ni isotope enrichment of Fe/Mn crusts relative to
continental crust and concluded that weathering is accompanied by Ni isotope
fractionation resulting in rivers and oceans being isotopically heavy. A depth profile
through a sediment core displays large Ni isotope fractionations which might
indicate variations in ocean water composition. In another example, Porter et al.
(2014) reported Ni isotope variations between 0.15 and 2.5 ‰ in sediments rich in
organic carbon.They argued that variable Ni isotope values are controlled by dif-
ferences in oceanic sources.

Ni plays an essential role in the metabolism of methanogenic archaea. Biological
uptake during methanogenic growth produces substantial Ni isotope fractionations
resulting in isotopically light cells and heavy residual media (Cameron et al. 2009).
As postulated by these authors biological fractionations of Ni may provide a tracer
for elucidating the nature of early life.

2.16 Copper

Copper occurs in two oxidation states, Cu+ and Cu++ and rarely in the form of
elemental copper. The major Cu-containing minerals are sulfides (chalcopyrite,
bornite, chalcosite and others), and, under oxidizing conditions, secondary copper
minerals in the form of oxides and carbonates. Cu(I) is the common form in sulfide
minerals, whereas Cu(II) is dominant in aqueous solution. Copper is a nutrient
element, although toxic for all aquatic photosynthetic microorganisms. Copper may
form a great variety of complexes with very different coordinations such as square,
trigonal and tetragonal complexes. These properties are ideal prerequisites for
relatively large isotope fractionations.

Copper has two stable isotopes

63Cu 69:1%
65Cu 30:9%:
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Early work of Shields et al. (1965) using the TIMS technique has indicated a
total variation of *12 ‰ with the largest variations in low temperature secondary
minerals. Later studies using laser-ICP-MS techniques, by Maréchal et al. (1999),
Maréchal and Albarede (2002), Zhu et al. (2002), Ruiz et al. (2002), observed a
variation range of nearly 10 ‰, which is larger than for Fe. Most samples so far
analysed, however, vary between δ65Cu values from +2 to −2 ‰ (see Fig. 2.29).
The commonly used Cu standard NIST SRM 976 is no longer available, new
certified reference materials are ERM-AE633 and ERM-AE647 (Möller et al.
2012).

2.16.1 Low-Temperature Fractionations

Low-temperature processes are the major source of Cu isotope variations; the main
processes are: (i) variation of redox conditions, (ii) adsorption on mineral surfaces
and organic matter (Pokrovsky et al. 2008; Balistrieri et al. 2008), (iii) inorganic
and organic complexation to ligands (Pokrovsky et al. 2008), (iv) biological frac-
tionation by plants and micro-organisms (Weinstein et al. 2011).

Experimental investigations have demonstrated that redox reactions between Cu
(I) and Cu(II) species are the principal process that fractionates Cu isotopes (Ehrlich
et al. 2004; Zhu et al. 2002). During precipitation of copper without redox change
the heavier Cu isotope is preferentially incorporated, however, during Cu(II)
reduction precipitated Cu(I) species are 3–5 ‰ lighter than dissolved Cu(II) spe-
cies. Pokrovsky et al. (2008) observed experimentally a change in sign of Cu
isotope fractionations during adsorption from aqueous solutions depending on the
kind of surface, either organic or inorganic: on biological cell surfaces a depletion
of 65Cu, whereas on hydroxide surfaces an enrichment of 65Cu is observed. In
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contrast to abiotic reactions, bacteria preferentially incorporate the lighter Cu iso-
tope into their cells, regardless of experimentally conditions (Navarette et al. 2011).

During oxidative weathering of copper rich sulphides, soils become isotopically
depleted in 65Cu while porewaters are isotopically enriched (Mathur et al. 2012).
Cu isotopes in rivers and seawater indicate that particle-bound Cu are isotopically
lighter than dissolved Cu species (Vance et al. 2008). Dissolved Cu in ocean water
is heavier than the dissolved riverine input which may be caused by scavenging of
light Cu to particulate material, preferentially to Fe–Mn oxides (Vance et al. 2008;
Little et al. 2014).

2.16.2 Variations in Ore Deposits

Cu isotopic fractionations at magmatic temperatures appear to be negligible. By
analysing native copper grains and whole rock copper in peridotite, Ikehata and
Hirata (2012) reported Cu isotope values close to zero ‰ with no differences
between Cu metal grains and whole rock copper; thus the Cu isotope composition
of mantle and crust appear to be close to zero ‰ (Li et al. 2009a, b).

Various types of Cu-ore deposits have been investigated (Larson et al. 2003;
Rouxel et al. 2004a, b; Mathur et al. 2005, 2010; Markl et al. 2006; Li et al. 2010).
Early studies showed very limited Cu-isotope variations at high temperatures, but
later studies by Maher and Larson (2007) and Li et al. (2010) demonstrated that
variations of up to 4 ‰ may occur in porphyry copper deposits. Individual deposits
show characteristic Cu isotope zonations that may be caused by fractionations
between sulfide, brine and vapour during copper precipitation.

The magnitude of isotope fractionation in copper sulfides increases with sec-
ondary alteration and reworking processes (i.e. Markl et al. 2006). Thus copper
isotope ratios may be used to decipher details of natural redox processes, but hardly
can be used as reliable fingerprints for the source of copper because the variation
caused by redox processes within a single deposit is usually much larger than the
inter-deposit variation. Experiments by Maher et al. (2011) indicated that the
magnitude of Cu-isotope fractionation depend on the pH of the mineralizing fluid
and the partitioning of Cu between vapor and liquid. This means that Cu isotope
fractionation depend on the physico-chemical conditions during Cu-precipitation.
Heavier isotope compositions in supergene Cu minerals and a lighter isotope sig-
nature in the leach cap and oxidation zone of an ore deposit can be used as a tool for
exploration.

On sites contaminated by acid mine drainage, Borrok et al. (2008) and Kimball
et al. (2009) demonstrated systematic copper isotope fractionations between ore
minerals and stream water that may be used for ore-prospecting.
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2.16.3 Variations in Plants

Copper is an essential micronutrient for plant growth. Cu isotopes may be used to
elucidate Cu uptake. Studies by Weinstein et al. (2011), Jouvin et al. (2012) and
Ryan et al. (2013) demonstrated that different uptake strategies lead to different Cu
isotope fractionations in plants. Tomatoe and oat grown under controlled solution
cultures yield Cu isotope fractionations which support previous findings for Fe
uptake in strategy 1 and 2 plants (Ryan et al. 2013). Tomatoes preferentially
fractionate light 63Cu by about 1‰, which is attributed to Cu reduction whereas oat
shows minimal Cu fractionation suggesting that Cu uptake and transport is not
redox selective.

2.17 Zinc

Zinc has 5 stable isotopes of mass 64, 66, 67, 68 and 70 with the following
abundances:

64Zn 48:63 %
66Zn 27:90 %
67Zn 4:10 %

68Zn 18:75 %
70Zn 0:62 %

The JMC-Lyon standard has been the commonly used Zn isotope standard in the
past, which however is not longer available. Möller et al. (2012) calibrated
IRMM-3702 as the new certified Zn standard, which has a δ66Zn-value of 0.29 ‰
relative to the JMC-Lyon standard. In Fig. 2.30 natural Zn isotope variations given
as 66Zn/64Zn ratios are summarized.

The main processes fractionating zinc isotopes are (i) evaporation-condensation
processes in which the vapor phase is depleted in the heavier isotopes relative to the
solid phase and (ii) sorption processes (Cloquet et al. 2008). Zn isotope fraction-
ation during sorption on Fe hydroxides has been determined by Juillot et al. (2008),
Zn-sorption on organic matter has been investigated by Jouvin et al. (2009). The
magnitude of isotope fractionation depends on the structure of Zn-complexes on the
surface of the solid.

In water, Zn isotope fractionation depends on the ligands present, especially on
dissolved phosphate and carbonate. Ab initio calculations of Zn isotope fractio-
nations between aqueous sulfide, chloride and carbonate species by Black et al.
(2011) and Fujii et al. (2011) indicate that Zn sulfide complexes are isotopically
depleted in heavy Zn isotopes relative to Zn2+ and Zn chlorides, whereas carbonates
are more enriched than chlorides.
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2.17.1 Fractionations During Evaporation

Evaporation-condensation processes may cause large fractionations in meteorites
(Luck et al. 2005; Wombacher et al. 2008); Paniello et al. (2012) postulated that
loss of volatiles in lunar magmatic rocks has lead to an enrichment of heavy Zn
isotopes on the Moon relative to Earth.

Significant amounts of Zn may be emitted by degassing from volcanoes.
Fumarolic gases and condensates from the Merapi volcano have a relatively large
range in Zn isotope compositions. Gaseous Zn samples are enriched in lighter Zn
isotopes whereas condensates are enriched in the heavier isotopes (Toutain et al.
2008).

2.17.2 Variations in Mantle Derived Rocks

Early measurements of the 66Zn/64Zn ratio in mantle—and crustal derived rocks
yielded a small variation of about 1 ‰ (Maréchal et al. 1999, 2000; Maréchal and
Albarede 2002). One of the main reasons for this small variability appears to be that
Zn in natural environments does not participate in redox reactions. It occurs as Zn2+,
except, in rare cases, as Zn(0) metal which is an anthropogenic contaminant.

Recent measurements by Chen et al. (2013a, b) indicate small Zn isotope
variations induced by high-temperature igneous processes. By studying two
chemically diverse suites of volcanic rocks from Hawaii and Iceland, Chen et al.
(2013a, b) concluded that the Earth’s mantle is homogeneous in Zn isotope com-
position and that the bulk silicate earth has a δ66Zn-value of 0.28 ‰. Kilauea
basalts show small, but systematic Zn isotope enrichment with increasing degree of
differentiation.
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2.17.3 Ore Deposits

By analyzing sphalerites from ore deposits, Mason et al. (2005), Wilkinson et al.
(2005), Kelley et al. (2009), Gagnevin et al. (2012) and Zhou et al. (2014) observed
Zn isotope variations of about 1.5 ‰. These studies indicate that early precipitated
sphalerites have higher 64Zn-values than late precipitates. The variations have been
related to kinetic fractionations during rapid sphalerite precipitation. Gagnevin et al.
(2012) explained relatively large Zn-isotope variations at the millimetre scale by
mixing of hot hydrothermal fluids with cool brines containing bacterial sulfide.
John et al. (2008) reported relatively large Zn isotope fractionation in hydrothermal
vent fluids. Low-temperature fluids have heavier δ66Zn-values than high tempera-
ture fluids. Cooling of vent fluids leads to precipitation of isotopically light
sphalerite causing enrichments of the fluid.

2.17.4 Variations in the Ocean

Zinc is an essential micronutrient for phytoplankton, its concentration is controlled
by phytoplankton uptake and remineralization. Light Zn isotopes are preferentially
incorporated into phytoplankton organic matter, leaving residual Zn in surface
water enriched in Zn isotopes (John et al. 2007; Andersen et al. 2011; Hendry and
Andersen 2013). Surface waters have a lighter δ66Zn signature than deep waters
suggesting that absorption of Zn on particle carries heavy Zn out of surface waters
(John et al. 2007a). Thus, biological usage and adsorption onto particles are likely
to cause isotope fractionations (Gelabert et al. 2006).

In a depth profile of the upper 400 m of Pacific seawater, Bermin et al. (2006)
observed small isotope variations which they interpreted as being due to biological
recycling. The bulk isotope composition of dissolved Zn in the ocean below 1000 m
is around 0.5 ‰, which is heavier than the input from river water (Little et al. 2014;
Balistrieri et al. 2008; Chen et al. 2008; Borrok et al. 2009).

Variations of Zn isotopes in marine carbonates have been interpreted to reflect
changes in nutrient availability (Pichat et al. 2003; Kunzmann et al. 2013).

2.17.5 Anthropogenic Contamination

Due to anthropogenic activities, many environmental systems are polluted with
zinc. The potential of using zinc isotopes to trace Zn contaminations and atmo-
spheric transport was demonstrated by Cloquet et al. (2008), Sonke et al. (2008),
Chen et al. (2008) and Weiss et al. (2007). John et al. (2007) measured the Zn
isotope composition of various man-made Zn products. They showed that the range
of δ66Zn values of industrial products is smaller than of Zn ores indicating Zn
isotope homogenezation during processing and ore purification.

Chen et al. (2008) measured Zn isotope variations along a transsect of the Seine.
Variations along the river transect showed an increase in Zn concentrations with
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highest values in the region of Paris. Less polluted waters have higher δ66Zn-values
than polluted ones. Roof leaching in the Paris area is a major Zn source.

By analyzing peat profiles, Weiss et al. (2007) concluded that Zn isotopes have
the potential to identify atmospheric sources such as zinc derived from mining and
smelting. Biogeochemical processes within peat profiles, however, may complicate
the interpretation of the record.

2.17.6 Variations in Plants

Zinc is a vital element for most organisms, it plays an essential role in various
biochemical processes. The largest variation of Zn isotopes have been found in land
plants (Viers et al. 2007; Weiss et al. 2005). As shown by Moynier et al. (2008) and
Viers et al. (2007), Zn isotopes fractionate during incorporation of Zn into roots and
during transport within plants. The size of the fractionation is species dependent
(Viers et al. 2007) and may depend on the height of the plant. The mechanisms of
Zn isotope fractionations are not well understood, but may depend on surface
absorption, solution speciation and membrane-controlled uptake.

2.18 Germanium

Because of nearly identical ionic radii, Ge may replace Si in minerals and thus may
show isotope fractionation behaviour similar to silicon. However, Ge is generally
associated to sulfides where it may substitute Zn and Cu at concentrations of more
than 1000 ppm, whereas the average concentrations in the earth’s crust is around
1 ppm.

Ge has 5 stable isotopes with the following abundances (Rosman and Taylor
1998):

70Ge 20:84 %
72Ge 27:54 %
73Ge 7:73 %
74Ge 36:28 %
76Ge 7:61 %

Early investigations using the TIMS method had an uncertainty of several ‰.
Over the past few years advances have been made with the MC-ICP-MS technique
with a long term external reproducibility of 0.2–0.4 ‰ (Rouxel et al. 2006; Siebert
et al. 2006a). Even better reproducibility has been performed by Luais (2012).

Li et al. (2009a, b) and Li and Liu (2010) estimated isotope fractionation factors
among Ge-bearing phases and predicted that sulfides will be depleted in heavy Ge
isotopes relative to Ge-oxides. Based on a few measurements of basalts and granites
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Rouxel et al. (2006) concluded that the bulk silicate earth has a homogeneous
isotope composition. However, chemical sediments like sponges and authigenic
glauconites are enriched in δ74Ge by about 2 ‰. This suggests that Ge in seawater
—similar to silicon—is isotopically enriched in 74Ge relative to the bulk earth. Ge
isotopes thus might offer new insights into the biogeochemistry of the present and
past ocean, but more data are needed.

Relatively high Ge concentrations have been reported in coal seams. Qi et al.
(2011) observed δ74Ge variations of more than 7 ‰ in coals and their combustion
products. They showed that coal combustion fractionates Ge isotopes, with soot
being more depleted in 74Ge than slags.

2.19 Selenium

Selenium is an essential trace element for animals and humans having a narrow
concentration range between sufficiency and toxicity (Schilling et al. 2011). It
occurs in four oxidation states that differ in their nutritional and toxic behaviour.
Selenium to some extent is chemically similar to sulfur, therefore, one might expect
relatively large fractionations of selenium isotopes in nature. Six stable selenium
isotopes are known with the following abundances (Coplen et al. 2002)

74Se 0:89%
76Se 9:37%
77Se 7:63%
78Se 23:77%
80Se 49:61%
82Se 8:73%

In general 82Se/76Se ratios have been measured. Because of the 7 % mass
difference between 76Se and 82Se and numerous microbial and inorganic Se redox
transformations, interest in selenium isotope studies has grown in recent years.

An early study by Krouse and Thode (1962), using SeF6 gas, required relatively
large quantities of Se, limiting the applications of selenium isotopes. Johnson et al.
(1999) developed a double-spike solid-source technique that corrects for fractio-
nations during sample preparation and mass spectrometry, yielding an overall
reproducibility of ±0.2 ‰. This technique brings sample requirements down to
submicrogram levels. Even lower Se amounts (10 ng) are required for measure-
ments with the MC-ICP-MS technique (Rouxel et al. 2002) using a commercial Se
solution as standard. Carignan and Wen (2007) published δ82Se-values relative to
the NIST SRM 3149 standard. Figure 2.31 summarizes Se isotope variations in
specific reservoirs.
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2.19.1 Fractionation Processes

Selenium oxyanions can be reduced by certain microbes. Reduction proceeds in 3
steps with Se(IV) and Se(0) species as stable intermediates (Johnson 2004). Se
isotope fractionation experiments by Herbel et al. (2000) indicate about 5 ‰
fractionations during reduction of selenate to selenite. Little or no fractionation has
been observed during selenite sorption, oxidation of reduced Se in soils, or Se
volatilization by algae.

Johnson and Bullen (2003) investigated Se isotope fractionations induced by
inorganic reduction of selenate by Fe(II)-Fe(III) hydroxide sulfate (“green rust”). The
overall fractionation is 7.4‰, which is larger than during bacterial selenate reduction.
This indicates that the magnitude of Se isotope fractionations depends on the specific
reaction mechanism. Mitchell et al. (2013) determined Se isotope fractionations
during sorption to iron oxides and to iron sulfides: fractionations to iron oxides are
generally very small, whereas fractionations to sulfides are much larger.

2.19.2 Natural Variations

Mantle-derived rocks have a δ82Se composition close to zero. Rouxel et al. (2002)
measured several igneous rocks and a few iron meteorites, which all lie within 0.6
‰ of the NIST-SRM 3149 standard. Selenium may become enriched in recent
hydrothermal vent sulfides, in which Se may be derived from leaching of igneous
rocks or of Se-rich organic sediments. Layton-Matthews et al. (2013) reported a
wide range of δ82Se values in ancient seafloor hydrothermal deposits. Very negative
values are probably due to Se loss from carbonaceous shales during hydrothermal
activity.

Although Se and S share similar geochemical behaviour; in the oceanic envi-
ronment, Se behaves different to S, where it exists as Se VI and Se IV oxyanions
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and—most important—as dissolved organic Se. Mitchell et al. (2012) observed in
marine shales with low organic carbon content a small range in δ82Se values,
whereas in black shales with high Se concentrations larger Se isotope variations
occur (Wen and Carigman 2011). In a profile of very Se-rich carbonaceous shales,
Zhu et al. (2014) observed a range in 82/76Se-values from −14.2 to +11.4 ‰,
suggesting multiple cycles of oxidation and reduction.

2.20 Bromine

Bromine has two stable isotopes with nearly equal abundances (Berglund and
Wieser 2011).

79Br 50:69%
81Br 49:31%

The most common natural form of bromine is the bromide anion (Br−). Although
higher oxidation states of bromine exist in nature, little is known about the Br
isotope composition of bromine oxyanions.

Eggenkamp and Coleman (2000) measured Br isotope values in the form of
gaseous CH3Br. Xiao et al. (1993) used positive thermal ionization mass spec-
trometry for the measurement of Cs2Br

+. Bromine in organic compounds have been
analysed with MC-ICP-MS techniques (Hitzfeld et al. 2011; Holmstrand et al.
2010). The standard in use is SMOB (Standard Mean Ocean Bromine).

Bromide concentrations in most geological settings are too low for a precise
isotope measurement, a notable exception are sedimentary formation waters.
Although no direct Br isotope measurements of salt minerals are known, indirect
evidence from porewaters suggest that evaporites have δ81Br-values between 0.5
and 1.0 ‰ (Eggenkamp 2014).

Of special interest are high bromine concentrations in very saline deep
groundwaters from old crystalline shields. Shouakar-Stash et al. (2007) and Stotler
et al. (2010), observed very large Br-isotope variations from −0.80 to +3.35 ‰ that
do not indicate a simple marine origin, but favor complex water/rock interactions.

Another interesting aspect of bromine isotope geochemistry is that of all bro-
minated organic compounds in the stratosphere, methyl bromide is the most
important contributor to stratospheric ozone depletion. CH3Br may originate from
natural and anthropogenic sources. Horst et al. (2013) determined the Br isotope
composition of methyl bromide at two locations in Sweden. Subarctic samples in
northern Sweden were more negative than samples in the Stockholm area. The
CH3Br concentration in northern Sweden was 2–3 times lower than in the Stock-
holm area, possibly indicating industrial contamination of the latter area. CH3Br
emissions from plants are about 2 ‰ depleted in 81Br relative to bromine in the
plant (Horst et al. 2014).
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2.21 Strontium

Sr has 4 stable isotopes.

84Sr 0:56%
86Sr 9:86%
87Sr 7:00%
88Sr 82:58%

In the past, isotopes of Sr mainly have been used as a geochronometer. Due to
radioactive decay of 87Rb to 87Sr, the 87Sr/86Sr ratio of a sample together with the
Rb/Sr concentration ratio carries geochronologic information. Conventional
87Sr/86Sr measurements by thermal ionisation mass-spectrometry (TIMS) use the
88Sr/86Sr ratio for internal instrumental mass fractionations. Normalization to a
fixed 88Sr/86Sr ratio assumes that this ratio is constant for natural samples. How-
ever, as shown by Fietzke and Eisenhauer (2006), this is not the case. MC-ICP-MS
and double spike TIMS methods document 88Sr/86Sr variations in terrestrial and
meteoritic samples (Fietzke and Eisenhauer 2006; Krabbenhöft et al. 2009; Ney-
mark et al. 2014). Figure 2.32 demonstrates the range of natural variations of
δ88/86Sr-values relative to the SrCO3 standard SRM987.

2.21.1 Silicates

Earth, Mars and Moon have indistinguishable bulk Sr isotope compositions,
exceptions are some carbonaceous chondrites being depleted in heavy Sr isotopes
(Moynier et al. 2010). The bulk Earth has a δ88Sr-value of 0.27 ‰. With respect to
magmatic rocks, first measurements by Halicz et al. (2008a, b) and Charlier et al.
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(2012) indicated that basaltic rocks have a rather uniform value of +0.3 ‰ whereas
more evolved rocks—andesites to rhyolites—have lighter values from −0.2 to +0.2
‰. Charlier et al. (2012) interpreted the observed Sr isotope variations as resulting
from isotope fractionations during fractional crystallization in which 88Sr becomes
enriched in plagioclase and K-feldspar.

2.21.2 Carbonates

One of the main Sr isotope fractionation processes is the preferential uptake of
lighter Sr isotopes during carbonate precipitation. Sr isotope fractionations during
inorganic precipitation of calcite depend primarily on precipitation rates resulting in
larger fractionations at higher rates (Böhm et al. 2012). Carbonate precipitating
organisms generally fractionate 88Sr/86Sr ratios by 0.1–0.2 ‰ relative to ocean
water; the magnitude of Sr isotope fractionation is species dependent. Larger
depletions in heavy isotopes have been observed in planktonic foraminifera (Böhm
et al. 2012; Stevenson et al. 2014). For tropical corals, Fietzke and Eisenhauer
(2006) and Rüggeburg et al. (2008) used 88Sr/86Sr ratios to reconstruct oceanic
surface temperatures. For cold-water corals, however, Raddatz et al. (2013)
observed no temperature dependence, instead Sr isotope ratios reflect sea water
composition with an offset of −0.2 ‰.

Knowledge of the magnitude of Sr fractionations during carbonate precipitation
opens the possibility to quantify the output carbonate flux from the ocean (Krab-
benhöft et al. 2010), which is not possible on the basis of 87Sr/86Sr ratios because
ocean water and carbonates are very similar in 87S/86Sr ratios.

By analysing biogenic fossil carbonates, mostly brachiopods, Vollstädt et al.
(2014) concluded that seawater throughout the Phanerozoic has varied in δ88/86Sr
values by 0.25–0.60 ‰, which they interpreted to result from varying amounts of
buried carbonates.

In contrast to marine carbonates, terrestrial carbonates, i.e. speleothems, display
negative 88Sr/86Sr ratios from −0.1 to −0.2 ‰ (Halicz et al. 2008a, b).

2.21.3 Rivers and Plants

By analysing Sr dissolved in rivers, the behaviour of 88/86Sr during weathering has
been investigated (Krabbenhöft et al. 2010; de Souza et al. 2010; Wei et al. 2013).
Krabbenhöft et al. (2010) demonstrated that large rivers are quite variable in δ88Sr.
De Souza et al. (2010) concluded that Sr released during weathering of silicate
rocks does not indicate any Sr-isotope fractionation. By analyzing a river from
South China, large seasonal Sr-isotope differences depend on the amount of pre-
cipitation (Wei et al. 2013).

Plants are isotopically lighter by 0.2–0.5 ‰ than corresponding soils (De Souza
et al. 2010). δ88Sr values of foliar tissues (leaves, flowers) are isotopically depleted
relative to roots and stem which is opposite to the trend observed for Ca isotopes
(Wiegand et al. 2005; Page et al. 2008).

134 2 Isotope Fractionation Processes of Selected Elements



2.22 Molybdenum

Mo consists of 7 stable isotopes that have the following abundances:

92Mo 15:86%;
94Mo 9:12%;
95Mo 15:70%;
96Mo 16:50%;
97Mo 9:45%;
98Mo 23:75%;
100Mo 9:62%:

Either 97Mo/95Mo or 98Mo/95Mo ratios have been reported in the literature.
Therefore care has to be taken when comparing Mo isotope values. Mo isotope
data, given in the following as δ98Mo values, are generally reported relative to
internal laboratory standards calibrated against ocean water (Mean Ocean Molyb-
denum (MOMo), Barling et al. 2001; Siebert et al. 2003). More recently, Nägler
et al. (2014) proposed that NIST SRM 3134 should be accepted as international
standard with a δ98Mo value of +0.25 ‰ relative to MOMo.

What makes Mo particular interesting, is its use as a potential proxy for the
redox history of the oceans and the atmosphere (Barling et al. 2001; Siebert et al.
2003; Wille et al. 2007; Dahl et al. 2010a, b; Herrrmann et al. 2012; Scott and
Lyons 2012 besides others). Figure 2.33 summarizes natural Mo isotope variations.

2.22.1 Molybdenites

Limited data from igneous and clastic sedimentary rocks show very small isotope
variations (Siebert et al. 2003). Larger variations have been found in molybdenites
(MoS2), an accessory mineral in many magmatic rocks (Hannah et al. 2007; Mathur
et al. 2010a, b). According to Mathur et al. (2010a, b) Mo isotope variations depend
on the type of ore deposit; molybdenites from porphyry coppers have lighter Mo
isotope composition relative to other ore deposits. Greber et al. (2011) observed
isotope variations of 1.35 ‰ in a single molybdenite deposit which is larger than
the overall Mo isotope variation in igneous rocks. By analysing molybdenites from
the well-known porphyry copper deposit of Questa, New Mexico, Greber et al.
(2014) subdivided three stages during which Mo isotope fractionations may occur,
all lead to molybdenites being heavier than the magmatic source. This implies that
Mo isotope compositions of molydenites are not necessarily representative of the
average isotope composition of igneous rocks.
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2.22.2 Sediments

Marine sediments show a large range in isotope composition (Siebert et al. 2006a,
b; Poulson et al. 2006). As summarized by Poulsen Brucker et al. (2009) Mo in
sediments originates from 3 different sources:

(1) A small riverine fraction. The isotope composition of Mo input from rivers has
been investigated by Archer and Vance (2008) and Neubert et al. (2011). They
found a large range of δ98Mo values from 0.2 to 2.3 ‰ that are heavier than
the average continental crust. Along streams no significant modification of Mo
isotope signatures is observed (Neubert et al. 2011). Thus catchment lithology
probably controls the delivery of Mo to the ocean. Pearce et al. (2010), on the
other hand, argued that Mo isotope differences might be explained by retention
of light Mo isotopes in soils.

(2) Mo associated with biological material that is delivered to the seafloor. The
relationship between organic matter and Mo is complex, because Mo is not
only incorporated into cells, but is also absorbed to organic material in the
water column (Poulson Brucker et al. 2009; Kowalski et al. 2013). As dem-
onstrated by Kowalski et al. (2013), Mo isotope fractionations in tidal systems
of the North Sea are caused by biological activity. Zerkle et al. (2011) reported
cyanobacterial assimilation of Mo that produce considerable isotope fractio-
nations comparable to those in sedimentary organic matter.

(3) Mo absorbed to Fe/Mn oxides under oxic conditions and Mo bounded through
complexation with sulfides under anoxic conditions. Absorbed Mo has a light
composition (δ98Mo −0.7‰) being 3‰ depleted relative to seawater (Barling
et al. 2001; Siebert et al. 2003, Anbar 2004b; Anbar and Rouxel 2007 and
others). In euxinic waters, i.e. below 400 m in the Black Sea, molybdate is
converted to MoS4

2− that is completely removed to the sediment thus resulting
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in a sediment isotope signature of seawater (Neubert et al. 2008; Nägler et al.
2011). Black shales in general formed in an anoxic environment have a Mo
isotope composition nearly identical to ocean water (Barling et al. 2001;
Arnold et al. 2004a, b; Nägler et al. 2005). In suboxic and weakly euxinic
waters, the removal of Mo is not quantitative leading to isotope fractionations
that are superimposed by effects associated with particle scavenging yielding
Mo-isotope values intermediate between Fe–Mn crusts and euxinic black
shales (McManus et al. 2002, 2006; Nägler et al. 2005; Poulson et al. 2006;
Siebert et al. 2003, 2006b). Thus, the Mo isotope composition of black shales
only reflects the seawater composition when a critical sulfidity is reached.

2.22.3 Palaeoredox Proxy

Because of its long residence time, Mo in ocean water has a uniform isotope
composition with a δ98Mo value of 2.3 ‰ (Anbar 2004b; Anbar and Rouxel 2007).
The Mo isotope composition of ancient oceans has been inferred from black shales
assuming that the C-org rich sediments accumulated in euxinic settings (Gordon
et al. 2009). However, not all black shales represent euxinic conditions. In recent
Black Sea sediments, incomplete removal of Mo from seawater may lead to a Mo
isotope depletion of 98Mo in anoxic sediments (Neubert et al. 2008). Therefore
when reconstructing paleoenvironments it is important to distinguish between eu-
xinic and non-euxinic black shales.

Nevertheless, variations in the Mo isotope compositions of black shales, have
been used as a palaeoredox proxy showing changes of reducing marine conditions
throughout periods of Earth’s history (Arnold et al. 2004a, b; Siebert et al. 2005;
Wille et al. 2007; Pearce et al. 2008; Gordon et al. 2009; Dahl et al. 2010a, b,
2011). In a compilation of Mo-isotope values from black shales, Dahl et al. (2010a,
b) postulated two episodes of global ocean oxygenation: the emergence of the
Ediacaran fauna at around 550 Ma, and the diversification of vascular plants at
around 400 Ma. However, as shown by Gordon et al. (2009) the reconstruction of
the Mo isotope composition of ancient oceans from organic rich-shales requires
independent evidence of local euxinia.

2.22.4 Carbonates

As an alternative tool for the reconstruction of past ocean chemistry, Voegelin et al.
(2009, 2010) analyzed the Mo isotopic composition of carbonates. They observed a
large spread in δ98Mo-values of biogenic carbonates, which they attributed to vital
effects. In contrast inorganic carbonates closely approach modern ocean Mo-values
and are not controlled by local redox conditions. Voegelin et al. (2009) concluded
that the Mo-isotopic composition of inorganic carbonates may be used to charac-
terize the Mo isotopic composition of past oceanic water masses.
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2.23 Cadmium

Cadmium has 8 stable isotopes:

106Cd 1:25%
108Cd 0:89
110Cd 12:49
111Cd 12:80
112Cd 24:13
113Cd 12:22
114Cd 28:73
116Cd 7:49

Either 114Cd/110Cd or 112Cd/110Cd ratios have been reported in the literature,
analytical techniques are MC-ICP-MS or double-spike TIMS (Schmitt et al. 2009).
Comparing datasets from different laboratories is difficult, because no generally
agreed standard exists. Different laboratories have used different commercially
available Cd-solutions. Recently, Rehkämper et al. (2011) and Abouchami et al.
(2013) suggested NIST SRM 3108 as certified reference material. δ-values reported
here are 114/110Cd ratios given relative to SRM 3108 (see Fig. 2.34). A recent
review of Cd isotope variations has been published by Rehkämper et al. (2011).

Cd isotope variations are generated mainly by two fractionation processes:
(i) partial evaporation/condensation processes in planetary objects and during
refining of ore minerals, and (ii) biological utilization of Cd in the oceanic water
column. Rocks and minerals show rather constant Cd isotope compositions
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(Wombacher et al. 2003, 2008). Schmitt et al. (2009) observed in basalts and loess
very small differences, suggesting small Cd isotope differences in mantle and
crustal rocks.

2.23.1 Extraterrestrial Materials

Cd isotope variations in extraterrestrial material may be caused by kinetic fractio-
nations during evaporation/condensation processes. Carbonaceous chondrites have
relative constant Cd isotope compositions (Rehkämper et al. 2011). In contrast,
ordinary chondrites and many enstatite chondrites show very large Cd isotope
variations with a range in δ114Cd values from −8 to +16 ‰ (Wombacher et al.
2008). The large range of Cd isotopes in ordinary chondrites obviously obviously
results from evaporation/condensation processes, which has been supported by
experiments evaporating Cd in vacuo (Wombacher et al. 2004).

The Moon seems to have the same Cd isotope composition as the Earth. Lunar
soils are enriched in heavy Cd isotopes, indicating kinetically controlled cadmium
loss from the soils.

2.23.2 Marine Environment

Rivers are thought to be the most important source of marine Cd. Rivers in Siberia,
analyzed by Lambelet et al. (2013), show a Cd isotope composition close to the
continental crust implying that weathering does not produce a measurable Cd
isotope fractionation.

Cd in the ocean is a micronutrient, its distribution resembles that of phosphate.
Large Cd isotope variations are observed in oceanic surface waters, the most 114Cd
enriched values, up to 4‰, correlate with waters most depleted in Cd concentration.
Rather uniform δ114Cd values of 0.3 ‰ were determined for waters below 1000 m
water depth (Lacan et al. 2006; Rippberger et al. 2007; Horner et al. 2010; Abouchami
et al. 2011; Yang et al. 2012a, b; Gault-Ringold et al. 2012; Xue et al. 2013).

Phytoplankton in surface waters preferentially incorporates isotopically light Cd
making the surface ocean isotopically heavy. On the other hand, Yang et al. (2012a,
b) observed no net biological fractionation between phytoplankton and ocean water,
and suggested that mixing of different water masses might be an important process.
Abouchami et al. (2011) observed distinct Cd isotope boundaries in southern Ocean
water masses, thereby tracing surface ocean circulation regimes.

Carbonates precipitated from ocean water show very little Cd isotope fraction-
ation and therefore might be used as a tracer for the Cd isotope composition of
oceans in the past (Horner et al. 2011). Schmitt et al. (2009) and Horner et al.
(2010) reported Cd isotopes for Fe–Mn crusts and demonstrated that nearly all
samples were indistinguishable from oceanic deep waters. Thus, Fe–Mn crusts
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might potentially be used as a proxy of ancient deep-water Cd isotope composition
(Wasylenki et al. 2014).

2.23.3 Pollution Indicator

Soils sampled near ore refineries may be enriched in Cd concentration exhibiting
characteristic δ-values (Cloquet et al. 2006). Since Cd isotopes fractionate during
evaporation, measurable Cd isotope fractionations should occur during coal burning
and sulfide smelting and refining, and indeed, Shiel et al. (2010) observed a 1 ‰
fractionation in δ114Cd values during smelting of Zn and Pb ores. Thus, Cd isotope
ratios can be used to identify their anthropogenic origin.

2.24 Tin

Tin has 10 stable isotopes, more than any other element, covering the mass range
from 112 to 124.

112Sn 0:97
114Sn 0:66
115Sn 0:34
116Sn 14:54
117Sn 7:68
118Sn 24:22
119Sn 8:59
120Sn 32:58
122Sn 4:63
124Sn 5:79

Tin has two oxidation states, Sn(II) and Sn(IV). Cassiterite (SnO2) is the major
tin mineral, but tin also occurs in complex sulfide minerals. Organotin compounds
are used in industry, most prominently in the production of polyvinyl chloride as
heat and light stabilizer. Due to their widespread use, large amounts of organotin
compounds have entered the environment.

Early studies using TIMS could not detect measurable Sn isotope fractionations
due to the high ionization potential of Sn. However, with the introduction of
MC-ICP-MS, precise Sn isotope measurements become possible (Clayton et al.
2002; Haustein et al. 2010; Yamazaki et al. 2013). These authors demonstrated that
cassiterites from ore deposits in Europe and Asia exhibit relatively large Sn isotope
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variations. Haustein et al. (2010) used Sn isotope signatures in cassiterites for the
provenance of ancient tin.

Polyakov et al. (2005) concluded from synchrotron radiation experiments that
large tin isotope fractionations should be found between tin compounds of different
oxidation states. Investigating Sn isotope fractionations during methylation reac-
tions, Malinovskiy et al. (2009) demonstrated that under irradiation of UV light,
synthesis and decomposition of methyltin is accompanied by mass-dependent and
mass-independent tin isotope fractionations. In summary, although the data base is
poor, future Sn isotope studies appear to be promising.

2.25 Antimony

Antimony has two stable isotopes with high abundances

121Sb 57:21
123Sb 42:79

In nature, antimony occurs mainly as sulfide, particularly as stibnite, Sb2S3;
oxides are far less common, although the main industrial use is as Sb2O3. Antimony
is moderately volatile and occurs in two oxidation states, Sb(V) and Sb(III).

The most extensive study about Sb isotope variations has been presented by
Rouxel et al. (2003) using a MC-ICP-MS technique. More recently, modified
MC-ICP techniques have been published by Tanimizu et al. (2011) and Lobo et al.
(2013).

By analysing water samples and a suite of sedimentary and magmatic rocks
including hydrothermal sulfides from deep-sea vents, Rouxel et al. (2003) observed
a total range in 123Sb/121Sb ratios of 1.6 ‰ with the largest variations occurring in
hydrothermal sulfides. Redox changes from Sb being reduced in vent fluids to
oxidized Sb in seawater may cause the Sb fractionations, which have been con-
firmed experimentally during the reduction of Sb(V) to Sb(III).

An interesting aspect of Sb isotope geochemistry is its potential use of prove-
nancing ancient pre-Roman and Roman glass. Sb had been added to obtain colour
and opacity in glass. Lobo et al. (2013) demonstrated that different Sb sources had
been used for glass production in the Roman era.

2.26 Tellurium

Tellurium occurs in nature in four oxidation states: as two oxyanions, tellurate and
tellurite, and in two reduced forms, as native tellurium and as metal telluride. As a
chalcophile element, tellurium might show similar behaviour in isotope fraction-
ation with sulfur.
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Tellurium has 8 stable isotopes with the following abundances

120Te 0:10%
122Te 2:60
123Te 0:91
124Te 4:82
125Te 7:14
126Te 19:0
128Te 31:6
130Te 33:7

By measuring 130/122Te ratios in gaseous TeF6, Smithers and Krouse (1968) first
demonstrated that inorganic and microbiological reductions of tellurite to elemental
tellurium causes isotope fractionations with depletions in the heavy isotope in the
reaction product. Due to considerable memory effects and other chemical disad-
vantages, the method has been abandoned. Fehr et al. (2004) introduced a
MC-ICP-MS method for tellurium. They found no differences in isotope compo-
sition between meteorites and terrestrial tellurides. By measuring 130Te/125Te ratios
with a modified MC-ICP-MS technique, Fornadel et al. (2014) demonstrated that
tellurides and native tellurium in ore deposits reveal isotope differences up to 1.64
‰ with significant variations within individual deposits.

2.27 Barium

Barium consists of 7 naturally occurring isotopes:

130Ba 0:11
132Ba 0:10
134Ba 2:42
135Ba 6:59
136Ba 7:85
137Ba 11:23
138Ba 71:70

Since barium belongs to the earth alkaline elements, its chemical and isotopic
behaviour should be closely related to Ca and Sr isotopes. Barium in nature occurs
as discrete minerals such as barite and witherite (BaCO3), but also may substitute
potassium in common minerals, especially feldspars. In the ocean, Ba shows a
nutrient-type behaviour being associated with organic matter. The wide occurrence
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of Ba in low- and high-temperature environments makes Ba an interesting element
to look for isotope variations.

Early studies on Ba isotopes concentrated on meteorites (Eugster et al. 1969).
More recently, by measuring 137Ba/134Ba ratios with a MC-ICP-MS technique, von
Allmen et al. (2010), Böttcher et al. (2012) and Pretet et al. (2015) reported that Ba
minerals and standards vary by up to 0.5 ‰. Distinct differences in Ba-isotope
compositions have been reported for barites of different origins (von Allemen et al.
2010).

Besides biological reactions, mineral precipitation and sorption-desorption pro-
cesses may induce Ba isotope fractionations. Pretet et al. (2015) demonstrated that
during inorganic and organic precipitation of carbonates light Ba isotopes are
preferentially incorporated, similar to Ca and Sr isotopes. Corals from different
oceanic localities show considerable Ba isotope variations which may suggest a
heterogeneous Ba isotope composition of seawater. Future Ba isotope measure-
ments may provide a better understanding of the biogeochemical Ba cycle.

2.28 Mercury

Mercury has seven stable isotopes with the following abundances (Rosman and
Taylor 1998)

196Hg 0:15
198Hg 9:97
199Hg 16:87
200Hg 23:10
201Hg 13:18
202Hg 29:86
204Hg 6:87

Due to the relative uniform isotope abundances in the mass range 198Hg to
204Hg, several possibilities exist for the measurement of Hg isotope ratios; in most
studies δ-values are given as 202Hg/198Hg ratios. Since the first description of a
precise MC-ICP-MS technique (Lauretta et al. 2001), the number of Hg-isotope
studies has grown exponentially. Reviews have been presented by Bergquist and
Blum (2009), Yin et al. (2010), Blum (2011) and Blum et al. (2014). The large
interest in Hg isotopes relies on two factors: (i) due to its ability to be transported
over long distances in the atmosphere, mercury is a global pollutant and (ii) large
mass independent isotope fractionations have been observed besides
mass-dependent fractionations (Sonke 2011 and others).
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The biogeochemical cycle of Hg is complex including different redox states and
various chemical speciations affecting its mobility and toxicity. Mercury can exist
as stable HgS (cinnabar) and in the form of Hg–S complexes, in methylated form
(methylmercury) and in gaseous and aerosol phases in the atmosphere. Emissions
are dominated by anthropogenic activity (coal combustion), but inputs from vol-
canic and hydrothermal emissions are also significant. Atmospheric Hg can be
converted into methylmercury by bacteria that may accumulate in aquatic food
webs potentially causing severe health problems.

Large δ202/198Hg-isotope fractionations have been observed in natural samples
(Bergquist and Blum 2009 and others), far larger than anticipated. The natural Hg
isotope variation encompasses 7 ‰, from δ202Hg −4.5 to +2.5 ‰ relative to NIST
3133 (Zambardi et al. 2009).

Bucharenko (2001) and Schauble (2007) demonstrated that isotope variations
are controlled by nuclear volume and magnetic shift isotope effects being negligible
for the light elements.

2.28.1 MDF and MIF Fractionation Processes

Most equilibrium and kinetic processes for Hg are mass dependent fractionations
(MDF), i.e. Hg reacting during microbial transformations (Kritee et al. 2007, 2009);
as for other elements, MDF depend on the type of organism, temperature, growth
rate etc. On the other hand, experiments during abiotic photoreduction show MDF
and mass independent fractionations, MIF, that have been observed for the odd
isotopes 199Hg and 201Hg (Bergquist and Blum 2009). Experiments identified
photoreduction of aquatic inorganic Hg2+ and photodegradation of monomethyl-
mercury as MIF inducing reactions (Sonke 2011).

The magnitude of the observed MIF due to the nuclear volume effect is generally
small. As predicted by Bucharenko et al. (2004) and Schauble (2007) and con-
firmed in experiments by Zheng and Hintelmann (2010), nuclear volume effects
have been reported for the Hg liquid-vapor transition (Estrade et al. 2009; Ghosh
et al. 2013), in which a small enrichment of the odd over the even isotopes takes
place (Sonke and Blum 2013) (<0.2 ‰ for Δ199Hg and Δ201Hg) resulting in
Δ199Hg/Δ201Hg ratios of 1.5–2 (Estrade et al. 2009; Zheng and Hintelmann 2010).
Larger MIFs have been observed during photochemical reduction of Hg (Bergquist
and Blum 2009), in which magnetic isotope effects are the major fractionation
process. The largest positive MIF of Hg isotopes (odd mass excess) probably is
caused by photochemical degradation of methylmercury in water, which is trans-
ferred to the biosphere, in specific to fish (Bergquist and Blum 2009; Blum and
Bergquist 2007, 2009). The largest negative MIF (odd mass deficit) is caused by
photochemical reduction of inorganic Hg.

MIF reactions may yield a characteristic signature insofar that only odd isotopes
(199Hg, 201Hg) deviate significantly from MDF. The ratio Δ199Hg/Δ201Hg seems to
be diagnostic of the process causing the MIF (Bergquist and Blum 2009). Recent
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studies of atmospheric Hg samples show, however, that even isotopes of Hg may
also show small non-mass dependent fractionations (Chen et al. 2012; Rolison et al.
2013). The mechanism for the even isotope mass independent fractionations
remain, however, unclear.

For the calculation of odd and even numbered MIF values, Blum and Bergquist
(2007) gave the following definitions.

D199Hg ¼ d199Hg�ðd202Hg� 0:2520Þ
D200Hg ¼ d200Hg�ðd202Hg� 0:5024Þ
D201Hg ¼ d201Hg�ðd202Hg� 0:7520Þ
D204Hg ¼ d204Hg�ðd202Hg� 1:4930Þ

Figure 2.35 summarizes MDF and MIF Hg isotope variations in important
reservoirs (modified from Bergquist and Blum 2009).

2.28.2 Variations in Rocks

Hg has two common oxidation states: Hg(0) exists primarily in gaseous form and
Hg(II) exists as highly particle-reactive gaseous, aqueous and solid species. Dis-
solved Hg(II) has affinities for sulfides and organic matter.

Isotope variations of mercury in common magmatic rocks are very small.
A larger range does occur in Hg ore deposits and in hydrothermal springs (Smith
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et al. 2008). Smith et al. (2008) postulated that boiling of hydrothermal fluids and
separation of a Hg-bearing vapour phase are responsible for the observed isotope
variations. Sherman et al. (2009) investigated the Guaymas and Yellowstone
hydrothermal systems. They reported considerable isotope fractionations, in the
Guyamas system solely being mass-dependent, whereas at Yellowstone small
mass-independent fractionations occur which may be due to the presence of light
facilitating photochemical reactions.

Sapropels—sediments deposited during periods of high primary productivity—
may record the Hg isotopic composition of the ocean by quantitative sequestration
of Hg by organic matter. Sapropels from the Mediterranean gave δ202Hg values
from −1.0 to −0.6 ‰ (Gehrke et al. 2009).

Mosses and lichens are passive filters of atmospheric particulates, which may
monitor atmospheric Hg emissions. Carignan et al. (2009) demonstrated that they
are characterized by negative MIF. Snow samples also may be regarded as good
collectors of atmospheric Hg particulates (Sherman et al. 2010).

2.28.3 Environmental Pollutant

The geochemical cycle of mercury is characterized by atmospheric transport over
long distances. Mercury exists in 3 species in the atmosphere: (i) elemental Hg
(Hg0) having a residence time of about 1 year in the atmosphere, (ii) divalent
reactive gaseous Hg2+ and (iii) Hg bound to particles. These species are linked
together by abundant oxidation and reduction processes. Hg0 comprises more than
90 % of total atmospheric Hg and is relatively stable allowing large scale mixing,
whereas the other two species are much more reactive and deposit readily.

Besides natural inputs from volcanic and hydrothermal emissions, anthropogenic
sources dominate Hg emissions with coal combustion being the largest contributor.
Because elementary Hg is extremely volatile, mercury easily exchanges between
water and air and between land and air, resulting in global dispersion.

Hg MDF and MIF signatures in moss, peat, coal and soils demonstrate that a
large part of the Hg surface reservoir has been affected by anthropogenic activities
offering the possibility to use Hg isotopes as a fingerprint (Sonke 2011) and to
quantify the relative contributions of Hg deposition from local, regional and global
sources. As suggested by Kritee et al. (2007, 2009), Hg isotopes may distinguish
between different sources of mercury emissions based on the magnitude of isotope
fractionations. Sonke et al. (2010) investigated mercury pollution from two Euro-
pean metal refiniries and showed that heavy Hg isotopes are preferentially retained
in slag residues. Ma et al. (2013) investigated Hg emissions from a heavy metal
smelter in Manitoba. Hg isotope variations observed in sediment cores can be
explained by mixing of a natural endmember (δ202Hg −2.4 ‰) and an anthropo-
genic endmember emitted from the smelter (δ202Hg −0.9). Sediment cores 5 and
73 km away from the smelter reveal decreasing Hg concentrations and character-
istic shifts in Hg isotope values. Even at the distance of 73 km 70 % of the Hg in the
sediments originated from the smelter. In comparable studies, Stetson et al. (2009)
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and Yin et al. (2013) have reached similar conclusions by investigating Hg pol-
lution and Hg isotope fractionation in the vicinity of Ag, Au and Hg mines.

At the global scale, anthropogenic emissions are dominated by coal fired power
plants. Biswas et al. (2008) demonstrated that coal deposits in theUnited States, China
and Kazakhstan have characteristic Hg isotope values that can be used to discriminate
among Hg sources. δ202Hg in coal vary by 3‰ and Δ201Hg by 0.9‰. Combining the
two variables may result in a characteristic fingerprint for coal deposits.

2.29 Thallium

The geochemical behaviour of thallium is largely controlled by its large ionic
radius, which makes it highly incompatible during magmatic processes. Tl exists in
two valence states as Tl+ and Tl3+. Because of its high redox potential, the oxidized
form is uncommon in natural environments, but seems to play an important role
during adsorption processes. Furthermore Tl is a highly volatile element favoring
kinetic fractionations during degassing processes.

Thallium has two stable isotopes with masses 203 and 205.

203Tl 29:52
205Tl 70:48

The small relative mass difference between the two Tl isotopes predicts little Tl
isotope fractionations. However, the so far observed Tl isotope variation is larger
than 3 ‰ (Rehkämper et al. 2002; Nielsen et al. 2006). Responsible for the large
variation are Tl isotope fractionations between seawater and Fe–Mn oxyhydroxides
and fractionations during low temperature alterations of the oceanic crust.

The generally used standard is NIST 997 Tl metal. It is important to note that Tl
isotope ratios are generally given in the ε-notation (variations in parts per 10,000),
in the following Tl isotope ratios are given, however, as δ-values. A recent review
about the Tl isotope geochemistry has been published by Nielsen and Rehkämper
(2011). Figure 2.36 summarizes natural Tl isotope variations

2.29.1 Igneous Rocks

During magmatic processes (crystal fractionation, crustal assimilation etc.) little
fractionations seem to occur. Nielsen et al. (2005, 2006, 2007) demonstrated that
the continental crust does not differ from the mantle. By analysing igneous rocks in
the vicinity of porphyry copper deposits, Baker et al. (2010) reported a variation
range of about 0.6 ‰ due to hydrothermal alteration processes.

Because Tl is a volatile trace element, it becomes enriched in volcanic con-
densates. As shown by Baker et al. (2009) gaseous volcanic emissions are more
variable in Tl isotope composition than igneous rocks, but have a mean value being
indistinguishable from the estimated mantle composition. The larger variability may
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result from partial evaporation during mantle degassing. As indicated in late
magmatic/hydrothermal veins, Hettmann et al. (2014) demonstrated that fluids
released during degassing are enriched in 205Tl.

Since most geochemical reservoirs except Fe–Mn marine sediments and low
temperature seawater altered basalts are more or less invariant in Tl isotope com-
position, admixing of small amounts of Fe–Mn sediments or low-temperature
altered oceanic crust into the mantle should induce small Tl isotope fractionations in
mantle derived rocks (Nielsen et al. 2006, 2007). Thus, Tl isotopes may have
potential to distinguish between different admixtures to arc lavas. Lavas from the
Mariana arc, however, overlap with MORB basalts in Tl isotope composition
(Prytulak et al. 2013a, b); thus, no external input can be detected.

2.29.2 Fractionations in the Ocean

No significant Tl isotope fractionations occur during weathering. Dissolved and
particulate components in river water do not differ from those of the continental
crust (Nielsen et al. 2005). The oceans, however, are depleted in 203Tl compared to
the continental crust. A systematic 2 ‰ difference between Fe–Mn crusts enriched
in 205Tl and seawater has been observed by Rehkämper et al. (2002), which seems
to be due to a fractionation effect during adsorption of Tl onto Fe–Mn particles
(Rehkämper et al. 2004).

Variations of Tl concentrations and isotope compositions of seawater over time
may depend on different rates of Tl removal via scavenging on Fe–Mn oxyhyd-
oxides and via uptake during low temperature alteration of oceanic crust (Nielsen
et al. 2009, 2011a, b, c). Nielsen et al. (2009) observed that growth layers of two
Fe–Mn crusts from the Pacific Ocean show a systematic change Tl isotope
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Fig. 2.36 δ205Tl-values of important geological reservoirs
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composition with age, which they explained by time-dependent changes in
Tl-isotope composition of seawater. Low Tl isotope ratios during the age range
between 55 and 45 Ma might be explained by a fourfold increase of Fe–Mn oxide
precipitation compared to present day.

The potential to use Tl isotopes as a paleoredox proxy has been shown by
Nielsen et al. (2011a, b, c). Early diagenetic pyrite deposited in an oxic water
column display Tl isotope ratios heavier than seawater, whereas pyrite deposited
under euxinic conditions have a Tl isotope composition close to seawater, due to
reduced precipitation of Fe/Mn oxides in a sulfidic water column.

2.30 Uranium

Natural uranium is mainly composed of two long-lived radioactive isotopes:

235U 0:72%
238U 99:27%

In the past uranium isotopes have been widely used as a chronological tool.
Present day isotope fractionation between 235U and 238U has been considered to be
insignificant. The ratio 238U/235U has been assumed to be a constant with a value of
137.88. However, precise measurements by Hiess et al. (2012) on a suite of
uranium-bearing minerals commonly used for U-Pb geochronology, e.g. zircons,
exhibit isotope variations in δ238U values larger than 5 ‰.

Uranium exists in two oxidation states having different solubilities. Under oxi-
dizing conditions, U is typically present as soluble hexavalent uranyl ion UO2

2+,
under reducing conditions U occurs in the tetravalent state, forming relatively
insoluble complexes. These properties favor natural isotope variations. Fractiona-
tions occur due to mass-independent nuclear volume fractionations, resulting from
the differences in nuclear size and shape (Schauble 2007; Abe et al. 2008). Schauble
(2007) showed that as a function of oxidation state enriched δ238U values occur in
reduced species, opposite to fractionations generally observed.

Using MC-ICP-MS techniques, Stirling et al. (2007), Weyer et al. (2008), Bopp
et al. (2009), Montoya-Pino et al. (2010) reported δ238U variations of more than 1
‰ in various rock types (see Fig. 2.37). Several standards are in use, δ-values
measured with a precision better than 0.1 ‰ are given relative to the SRM 950a
standard.

2.30.1 Fractionation Processes

Uranium isotope fractionations mainly are attributed to biogenic or abiogenic
reduction of U(VI) to U(IV). Basu et al. (2014) determined experimentally uranium
isotope fractionations of up to 1 ‰ during microbial U(VI) reduction. Diverse
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microorganisms are capable of reducing U(VI) to U(IV) inducing isotope fractio-
nations that is opposite in direction observed during reduction of nitrate, sulphate
and chromate: 238U preferentially partitions into U(IV) phases, whereas 235U is
enriched in U(VI) phases. Thus, heavy δ238U values are observed for black shales,
which contain the reduced form of U, and light isotope values are observed for
Fe/Mn oxides.

Another process causing significant U isotope fractionation occurs between
seawater and Fe–Mn oxides. Brennacka et al. (2013) postulated that U fractionation
is due to coordination changes during absorption. As the redox change of U does
not change during absorption, a difference in the coordination environment between
dissolved and absorbed U is obviously responsible for the isotope fractionation.

2.30.2 Characteristic U Signatures

Uranium in the ocean occurs mainly in the soluble U(VI) form with a δ238U-value
of −0.4 ‰ (Weyer et al. 2008). Under oxic conditions U may be removed through
adsorption on Fe/Mn oxides depleted in 238U, shifting oceanic U to heavier values.
Under anoxic conditions, sediments enrich 238U shifting ocean water to lighter U
isotope values.

The potential of uranium isotopes as a paleo-redox tracer has been investigated
by Montoya-Pino et al. (2010), Brennecka et al. (2011), Kendall et al. (2013) and
Noordmann et al. (2015). Montoya-Pino et al. (2010) demonstrated that U isotope
variations in black shales can be used to quantify the extent of marine anoxia. Black
shales from the Cretaceous (Oceanic Anoxic Event 2) are systematically lighter in
238U than modern Black Sea shales which corresponds to a threefold increase of
oceanic anoxia relative to the present ocean.
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Ocean water

Fe/Mn oxides
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Measurements by Stirling et al. (2007) and Weyer et al. (2008) on recent and
fossil corals suggested that carbonates might record the isotope composition of
seawater of the geologic past. On the other hand, as argued by Romaniello et al.
(2013), δ238U values of ancient carbonates, affected by diagenetic processes, may
be enriched in 238U due to U accumulation under anoxic pore water conditions.

Large differences of nearly 2 ‰ have been observed between uranium ores
formed at low and at high temperatures (Bopp et al. 2009; Uvarova et al. 2015;
Murphy et al. 2014): magmatic ores vary from −0.7 to −0.3 ‰ whereas sandstone-
type low temperature ores have δ238U-values around +0.4 ‰. Isotope variations
seem to be controlled by the isotope composition of the U source and the efficiency
of U reduction. Up to 5 ‰ fractionations have been observed in U mineralised
sediment—groundwater systems (Murphy et al. 2014). 238U preferentially enriches
in the sediment, leading to depletions in the groundwater.
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