
Chapter 2
Heat Conduction and Thermophysical
Parameters

Abstract This chapter presents the basic equations for conductive heat transfer and
the main thermal parameters of the rocks, in particular the thermal conductivity and
radiogenic heat. Also, it outlines the most commonly used techniques for measuring
these parameters. Models involving the application of mixing laws for a mineral
aggregate are discussed together with techniques for estimating the in situ thermal
conductivity and volumetric heat capacity. Finally, methods for determining the
radiogenic heat in the crust are introduced.

Keywords Thermophysical properties � Radiogenic heat � Heat conduction
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2.1 Thermophysical Parameters

It is well known that the heat transfer by conduction prevails in the lithosphere. The
equations governing heat conduction include physical parameters such as thermal
conductivity, thermal diffusivity and radiogenic heat. In a steady-state thermal
regime, i.e. when temperature does not vary with time, thermal conductivity
expresses how early heat is transported due to a spatial variation in temperature.
Under transient heat conduction, thermal diffusivity describes the rate at which heat
flows. Radiogenic heat is produced by naturally occurring radioactive elements,
whose decay involves the conversion of mass into energy.

2.1.1 Thermal Properties of Rocks

Fourier’s law states that in isotropic solids the thermal conductivity k is a constant
of proportionality between heat-flow density q and temperature gradient ∇T
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q ¼ �krT ð2:1Þ

where the minus sign indicates that heat propagates in the direction of the
decreasing temperature. Since q is the amount of energy flowing through a unit area
per unit time, k is expressed in W m−1 K−1. In the lithosphere, there are three
mechanisms which contribute to thermal conductivity: (i) the diffusion of heat by
phonon propagation (lattice conductivity kl), (ii) the transfer of heat through
emission and absorption of photons (radiative conductivity kr) and (iii) the transport
of energy by quasiparticles composed of electrons and positive holes (exciton
conductibility ke). The latter contribution, however, is negligible in the lithosphere.
Thus, k is the sum of the lattice conductivity and radiative conductivity.

At low temperature, the diffusion of thermal vibrations is the mechanism that
essentially contributes to the rock thermal conductivity. In this case, for a single
isotropic crystal, at temperature above the Debye temperature, kl is given by
Lawson (1957)

kl ¼ adK3=2

3c2Tq1=2
ð2:2Þ

where ad is the interatomic distance, K is the bulk modulus, T is the temperature in
kelvin, q is the density and c is the dimensionless Grüneisen parameter. The Debye
temperature #D is directly related to the maximum frequency of vibration of the
solid mm as

#D ¼ hmm=kB ð2:3Þ

where h is the Planck constant (= 6.626 � 10−34 J s) and kB is the Boltzmann
constant (= 1.381 � 10−23 J K−1). For silicate minerals, Horai and Simmons (1970)
found an empirical relation between thermal conductivity and Debye temperature

#D ¼ 61:2kl þ 385 ð2:4Þ

with kl in W m−1 K−1 and #D in kelvin. The Grüneisen parameter is weakly
dependent on pressure and temperature (for most minerals it varies between 1.0 and
1.5) and expresses the ratio between thermal pressure and thermal energy per unit
volume. It is defined as

c ¼ aKS

qcp
¼ aKT

qcV
ð2:5Þ

where cp and cV are the specific heats at constant pressure p and volume V, KS and
KT are bulk moduli at constant entropy S and temperature T, and a is the expansion
coefficient.

In most rocks, kl ranges from 1 to 7 W m−1 K−1, with a few notable exceptions.
Experiments confirm the inverse proportionality between kl and T, and show for

18 2 Heat Conduction and Thermophysical Parameters



temperature up to about 700 °C the validity of the empirical relation (Schatz and
Simmons 1972; Balling 1976)

kl ¼ 1= aþ bTð Þ ð2:6Þ

where T is in °C, a = 0.33 m K W−1 and b = 0.33 � 10−3 m W−1 for the upper
crust, a = 0.42 m K W−1 and b = 0.29 � 10−3 m W−1 for the lower crust.
Thermal conductivity decreases from 3.0 W m−1 K−1 at the surface to about
2.0 W m−1 K−1 at 400 °C, and then decreases only slightly at higher temperature.
In the lithospheric mantle, kl is 2.0–2.5 W m−1 K−1.

The lower crust and mantle temperature is so high that the contribution of
thermal radiation to conductivity must also be considered. At great depth, the heat
transport through thermal radiation becomes important, and depends on the mineral
opacity e given by

e ¼ lnðIo=IÞ=x ð2:7Þ

where Io is the intensity of the incident radiation and I the intensity of the radiation
transmitted by a medium of thickness x. If opacity is independent from the
wavelength, the radiative conductivity kr is defined by (Clark 1957)

kr ¼ 16n2rT3

3e
ð2:8Þ

where n is the refractive index and r the Stefan-Boltzmann constant
(= 5.6705 � 10−8 W m−2 K−4); with n = 1.74, a typical value of ferromagnesian
silicates, one has

kr ¼ 9:2� 10�7T3�e ð2:9Þ

The radiative contribution has been measured on very few minerals. For olivine, by
far the best studied, the experimental estimates are highly variable. According to
Hasterok (2010), the radiative contribute is negligible at T < 600 K and in the
lithospheric mantle it can be described by

kr ¼ 0:56 1þ erf
T � 1150

370

� �
ð2:10Þ

with T in kelvin. Equation (2.10) gives values that significantly differ from previous
estimates (Schatz and Simmons 1972; Hofmeister 2005; Hasterok and Chapman
2011). At temperature 1600 K, kr is 1.1 W m−1 K−1.

Finally, we must take account of the effect of pressure on thermal conductivity.
By excluding sedimentary rocks with large porosity (see Sect. 2.4 for the effect on
k), the correction on k for igneous and metamorphic rocks at a pressure up to
100 MPa is positive (on average about 10%). Under a higher pressure, there is a
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slight increase of k, on average by 0.002 W m−1 K−1 per 100 MPa, due to the
crystal lattice deformation up to the elastic limit (Schloessin and Dvořák 1972).

Another physical property that influences the rate at which heat dissipates
through the material is the thermal diffusivity j, which is defined as

j ¼ k
qcp

ð2:11Þ

For most minerals and rocks, j is of the order of 1.0 � 10−6 m2 s−1. Diffusivity
values of bituminous coal and rock salt are 0.2 � 10−6 and 3.0 � 10−6 m2 s−1,
respectively. Grough (1979) derived a diffusivity of 0.33 � 10−6 m2 s−1 for the
upper mantle. For nonporous rocks, specific heat ranges from about 0.7 to
1.1 kJ kg−1 K−1 and, at constant pressure, it is given by

cp ¼ 0:75ð1þ 6:14� 10�4T � 1:928� 104T�2Þ ð2:12Þ

where T is in kelvin. In case of saturated porous rocks, specific heat can be cal-
culated as a weighted average of the specific heat of the rock matrix and the
pore-filling fluid. The water specific heat is 4.2 kJ kg−1 K−1 at room temperature
and pressure and it doubles at 350 °C and 20 MPa. Under high pressure and
temperature, the specific heat at constant volume, cV, is related to cp as

cp=cV ¼ 1þ acT ð2:13Þ

The thermal inertia IT is the ratio between thermal conductivity and the square
root of thermal diffusivity

IT ¼ k=
ffiffiffi
j

p ¼
ffiffiffiffiffiffiffiffiffiffi
kqcV

p
ð2:14Þ

which is a measure of the rock responsiveness to temperature variations. For typical
value of k = 2.3 W m−1 K−1 and j = 0.8 � 10−6 m2 s−1, we may determine a
thermal inertial of 2.6 kJ m−2 K−1 s−1/2. The higher specific heat the higher thermal
inertia. If temperature variations occur with a characteristic thermal time s, they will
propagate to a distance of the order of

ffiffiffiffiffi
js

p
. Similarly, a lapse of time l2/j is

required for temperature variations to propagate to a distance l.

2.1.2 Radiogenic Heat

On a geological time scale, more than 98% of the heat now being produced in rocks
is yielded by the radioactive decay of 238U, 232Th and 40K. These radioelements
have half-lives which can be compared to the age of the Earth and are still suffi-
ciently abundant to be an important source of heat. Their abundance, half-lives and
energy release are given in Table 2.1.
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The nuclei of these radioactive elements are unstable, i.e. they transform into
other elements, typically by emitting (sometimes by absorbing) particles. This
process, known as radioactive decay, generally results in the emission of alpha or
beta particles from the nucleus. It is often also accompanied by the emission of
gamma rays of different energies. In the natural uranium, 238U is the most abundant
isotope (99.28%). The other uranium isotopes are 235U (0.71%), which has a shorter
half-life than 238U, and 234U, which is of negligible importance (0.01%). 238U
undergoes a series of 14 radioactive decays (8 alpha and 6 beta emission) until it
becomes 206Pb, a stable non radioactive element. 235U decays instead through
eleven steps (7 alpha and 4 beta emission) and its final product is 207Pb. Natural
thorium is primarily formed by 232Th. All the decay products of 232Th have a
comparatively short half-life and each nucleus decays through ten steps (6 alpha
and 4 beta emission) to reach the final state as the stable isotope 208Pb. 40K is only
0.0118% of the potassium found in nature. It presents a single-step decay, either
transforming in 40Ca (by beta-emission) or 40Ar (by electron capture). The electron
capture accounts for only the 10.7% of decay events, but it produces the 1.46 meV
gamma-ray emission that is used for measuring the level of activity.

The energy radiated during the decay process is converted into heat by
absorption. The radiogenic heat, A, can be calculated from the concentration c of
uranium, thorium and potassium as

A ¼ q
X

PAsc ð2:15Þ

where q is the rock density, P the abundance and As the rate of heat generation per
kilogram of radioelement. By using the parameters of Table 2.1, (2.15) becomes
(Chiozzi et al. 2002)

Table 2.1 Naturally occurring, long-lived radioelements

Radioelement Abundance
(wt%)

Decay mechanism Half-life
(years)

Final
daughter
product

Heat
generation
(lW kg−1)

238U 99.28 8a + 6b−

5.4 � 10−5% fission
4.47 � 109 206Pb 91.7

235U 0.71 7a + 4b− 7.04 � 108 207Pb 575.0
232Th 100 6a + 4b− 1.40 � 1010 208Pb 25.6
40K 0.0118 89.3%b− 1.25 � 109 40Ca 30.0

10.7%K 40Ar

0.001b+ 40Ar

Half-life = ln 2=decay constant. 238U and 235U abundances do not add to 100% because 234U
(0.01%) occurs in the decay series of 238U. Short-lived thorium isotopes, 227Th, 228Th, 231Th and
234Th, also occur in the decay series of 238U, 235U and 232Th
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A ¼ q 9:51cU þ 2:56cTh þ 3:50cKð Þ � 10�5 ð2:16Þ

where A is in µW m−3, q in kg m−3, the uranium and thorium concentrations cU and
cTh in ppm (mg kg−1) and potassium cK in %.

In general, uranium and thorium occur as trace elements, while potassium
possibly as a mineralizer. Uranium and thorium are enclosed in the crystal lattice of
minerals, in inclusions or ionic exchange positions incorporated or built into the
mineral structure, and their amount increases with the silica concentration. The
soluble part of these lithophile elements, absorbed at the surface of the crystal or
found in pore spaces, becomes mobile as soon as water migrates through the rocks.
Such a redistribution, especially of uranium, takes place not only during weather-
ing, but also within the crust during magma cooling and in metamorphic processes.
Metamorphism may even lead to redistribution of the less soluble part, enclosed in
the crystal lattice.

2.2 Heat Conduction Equation

In the previous section, we saw that Fourier’s law correlates the heat-flow density
with the temperature gradient. By assuming appropriate boundary and initial con-
ditions, this law can be used to determine the temperature distribution in solids, but
only if heat is transferred through conduction. The heat-conduction equation can be
obtained by considering a small element of volume dV of parallelepiped shape, with
edges dx, dy, dz parallel to the coordinate axes (Fig. 2.1). If the amount of heat
entering the volume element is smaller than the heat flowing out, in the x axis
direction we have

qx þ @qx
@x

dx

� �
dydz� qxdydz ¼ @qx

@x
dV

Fig. 2.1 Heat-flow density qx
in a small volume
dV (= dxdydz) in the direction
of axis x
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Similar expressions are obtained for the other two directions, and the amount of
heat removed from the volume element is

@qx
@x

þ @qy
@y

þ @qz
@z

� �
dV ð2:17Þ

By indicating with A the heat production rate per unit of mass (for the lithosphere it
corresponds to the radiogenic heat) and with ∂Q/∂t the heat variation within dV, we
can write

@qx
@x

þ @qy
@y

þ @qz
@z

� �
dV ¼ � @Q

@t
þAdV ð2:18Þ

where the minus sign means that the heat loss, greater than the heat internally
produced, causes a decrease of heat content in the element. As the variation of heat
content with time t is related to the temperature variation as

@Q
@t

¼ qcp
@T
@t

dV ð2:19Þ

where q and cp are the density and the specific heat at constant pressure, (2.18)
becomes

@ �kx @T@x
� �
@x

þ
@ �ky @T@y

� 	
@y

þ
@ �kz @T@z

� 	
@z

2
4

3
5dV ¼ �qcp

@T
@t

dV þAdV

Thus, by dividing by dV and by assuming that thermal conductivity k is constant in
the three directions and independent from temperature and pressure, for a homo-
geneous isotropic solid we have in terms of the Laplacian operator ∇2

kr2T ¼ qcp
@T
@t

� A ð2:20Þ

For steady state conditions (∂T/∂t = 0), from (2.20) it is possible to obtain
Poisson’s equation

kr2T ¼ �A ð2:21Þ

which in the absence of internal heat production (A = 0) is reduced to Laplace’s
equation

r2T ¼ 0 ð2:22Þ
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In the case of transient regime and negligible heat production instead, the Fourier’s
equation is obtained

r2T ¼ 1
j
@T
@t

ð2:23Þ

The assumption of uniform conductivity is only an approximation, and in some
cases it is necessary to keep k in the differential operator. The general equation of
heat conduction, which gives the temperature within a heterogeneous solid, is then
given by

qcp
@T
@t

¼ rkrT þ kr2T þA x; y; z; tð Þ ð2:24Þ

which for a steady-state regime becomes

rkrT þ kr2T þA x; y; zð Þ ¼ 0 ð2:25Þ

where the nabla symbol ∇ is used for the gradient operator. By using the vector
identity

rk ¼ dk
dT

� �
rT

equation (2.25) can be modified as

dk
dT

rTð Þ2 þ kr2T þA x; y; zð Þ ¼ 0 ð2:26Þ

For a semi-infinite half-space defined by z > 0, the solution of (2.26) with
k = ko/(1 + bT) and A = Aoexp(−z/d) is (Pasquale 1987)

T zð Þ ¼ 1
b
exp ln 1þ bToð Þþ qob

ko
z� Aobd

ko
d exp � z

d

� 	
þ z� d

h i
 �
� 1
b

ð2:27Þ

where ko is thermal conductivity at room temperature, b and d are constants, To, qo
and Ao are temperature, heat-flow density and heat production at depth z = 0 (for
b ! 0, k is constant; for d ! ∞, A is constant). For a plane-parallel multilayered
model, with Ai and Ai+1 the heat production at zi (upper) and zi+1 (lower) depth of
the ith layer, the temperature is given by

TðzÞ ¼ 1
bi
exp ln 1þ biTið Þþ qibi z� zið Þ

ki
� Aibidi

ki
di exp

zi � zð Þ
di

þ z� zi � di

� 

 �
� 1
bi

ð2:28Þ
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where bi and ki are the parameters (as defined above) of the layer, di = (zi+1 − zi)/ln
(Ai/Ai+1), qi = qi+1 + Aidi{1 − exp[(zi − zi+1)/di]}, Ti and qi are, respectively, the
temperature and heat-flow density at the depth zi.

2.3 Thermal Conductivity Measurements

Methods for measuring thermal conductivity of soil and rocks may be classified into
two categories: steady state and transient. They both may give absolute or relative
values, compared to standards, but in practice the steady-state methods are used in
the comparative mode, whereas the transient methods in the absolute mode.
Normally, transient methods give thermal diffusivity, however, under certain
experimental conditions, they can measure directly thermal conductivity (see e.g.
Tye 1969; Parrott and Stuckes 1975; Beck 1988, for a review).

Steady-state measurements on rocks are usually made by means of the
divided-bar method, first described by Benfield (1939) and Bullard (1939). There
are various modifications to this method, depending on the temperature and pres-
sure needed as well as the rock specimen size (Birch 1950; Beck and Beck 1958;
Sass et al. 1971; Blackwell and Spafford 1987).

The most commonly used method for soft rocks is the needle probe, first
described by De Vries and Peck (1958) and Von Herzen and Maxwell (1959). It is a
transient method based on the theory of an infinite line heat source. For hard rocks,
measurements under transient conditions are usually made by means of a plane or a
circular heat source (Beardsmore and Cull 2001).

The developed of new electronic tools for data acquisition allowed the
improvement of some classical methods, such as the line source (see Pribnow and
Sass 1995; for a review) and the pulsed line source (Lewis et al. 1993). A further
implementation of electronic data acquisition is the scanning of the rock specimen
surface with a focused, mobile and continuously operated, constant heat source, in
combination with a temperature sensor (Popov 1983; Popov et al. 1999). Pasquale
(1983) revised the transient divided-bar method by Ioffe and Ioffe (1958) which was
designed for determining the thermal conductivity of semiconductors, making it
suitable for routine measurements on rocks. A synthesis of some classical and
recently implemented methods is presented in the following sections.

2.3.1 Divided Bar

The divided bar uses a comparative technique in which the temperature drop across
a disk of rock specimen (or of a cylindrical cell containing water-saturated material)
is compared with the temperature drop across two glass disks of known thermal
conductivity (Fig. 2.2). Glass is chosen as the reference material since its thermal
resistance (ratio of the temperature difference to the associated rate of heat transfer
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per unit area) is of the same magnitude as that of the specimen. Since these glass
disks cannot be adapted to allow for the inclusion of temperature sensors, brass
disks are inserted on both sides of each glass disk. The ends of the bar are kept at
constant temperature by means of a thermostatic bath. The top bath is held about
five degrees above room temperature and the bottom bath is five degrees below
room temperature.

From each trial, four equilibrium temperature readings are performed. The
relationship for thermal conductivity is based on the principle that the temperature
drop is proportional to thermal resistance. The basic equation is

hg
DT2

DT1 þDT3
¼ hs

kg
ks

þRkg ð2:29Þ

where ks and hs are the thermal conductivity and thickness of the rock specimen, kg
and hg are the thermal conductivity and total thickness of the two glass disks, and
R is an estimate of the total thermal resistance associated with the components of
the divided bar

R � R2 � R1 þR3ð Þ hskg
hgks

ð2:30Þ

R1, R2 and R3 are the thermal resistances of the first glass disk, of the rock specimen
and of the second glass disk, respectively, and DT1, DT2, DT3 are the temperature
differences across these elements. These resistances include the various contacts
involving the baths, glass disks, rock specimen and brass disks.

If the thermal conductivity of the glass is known, it will be possible to deduce the
thermal conductivity of the rock specimen from the ratio kg/ks, obtained as the linear
slope of hgDT2/(DT1 + DT3) plotted against hs for a set of specimens of the same
rock with varying thickness. The value of R can be inferred from the intercept.
Generally, only one rock specimen is measured and a value of

Temperature controlled
water bath

Specimen

T
TermistoreBrass

Glass

T

T

1

2

3

Temperature controlled
water bath

Fig. 2.2 Scheme of the
divided bar method
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1.0 � 10−4 K m2 W−1 is assumed for R. A rock specimen of average conductivity
and thickness (e.g. a 10 mm disk of sandstone) will give the bar an overall thermal
resistance of about 1.0 � 10−2 K m2 W−1. Since the resistance R is only 1% of the
total thermal resistance across the bar, the approximation of R does not introduce a
relevant error into the calculation. In practice, this steady-state method is accurate to
2–4%.

2.3.2 Needle Probe

The needle probe method is based on the theory of an infinite line heat source
embedded within a infinite material. The thermal response is detected by a tem-
perature sensor located on the heat source. Typically, the needle probe has a
diameter of 1–3 mm and is designed so as to package both the heat source and
temperature sensor closely within the probe. A schematic diagram showing the
components of a needle probe is in Fig. 2.3a.

For an infinite line source with constant power per unit length Q, the thermal
conductivity k is given by (Carslaw and Jaeger 1986)

k ¼ Q
4p

@ ln t
@T

ð2:31Þ

where t is time and T is temperature. If Q is known, k can be determined directly
once ln t versus T attains linearity. This is usually within 30 s, although a minimum
of 200 s is generally required to establish unambiguous gradients. Experimental
results show that the probe is able to measure thermal conductivity within a range of
0.1–16 W m−1 K−1 with an uncertainty lower than 5%.

This method provides a two-dimensional value for thermal conductivity for a
plane perpendicular to the needle axis. The result obtained from a measurement of
an anisotropic sample is related to the orientations of the principal axes of the
thermal conductivity tensor (kx, ky and kz)

Typical thermocouple
junction location

Sheath

Sample

High temperature
insulation

Needle probe containing
heating element and
temperature sensor

Time

(a) (b)
M

tm

Te
m

pe
ra

tu
re

Te
m

pe
ra

tu
re

 ra
te

Fig. 2.3 a Scheme of the needle probe method. b Temperature (thick line) and temperature rate
(thin line) versus time at a distance r from the heat source
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k ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
kxky cos2 cþ kxkz cos2 bþ kykz cos2 a

q
ð2:32Þ

where a, b and c are angles between the line-source axis and the principal axes of
thermal conductivity x, y and z, respectively (Popov et al. 1999). Due to layering,
many sedimentary rocks are transversally isotropic (kx = ky). The thermal con-
ductivity tensor can then be defined by two principal components that are per-
pendicular (kper = kz) and parallel (kpar = kx = ky) to layering. When the needle is
parallel to the bedding (a = 0 and b = c = 90°), (2.32) can be simplified into

k ¼ ffiffiffiffiffiffiffiffiffiffiffiffiffiffi
kparkper

p ð2:33Þ

i.e. the measured thermal conductivity is the geometric mean of the parallel and
perpendicular components.

As the temperature gradient may induce convection within rock specimen with
large porosity, the maximum gradient technique has been developed (Cull 1975).
The rate of the temperature increase at a distance r from the line source can be
expressed as

@T
@t

¼ Q
4pkt

exp � r2

4jt

� �
ð2:34Þ

where j is the thermal diffusivity. At time tm, this equation has a maximum value of
M (Fig. 2.3b). For ∂2T/∂t2 = 0 we obtain j = r2/(4tm), which substituted back into
(2.34) gives

k ¼ 0:0293Q= Mtmð Þ ð2:35Þ

Since M and tm can be determined and Q is known, thermal conductivity can thus
be calculated.

This technique is put into practice using a dual-needle probe with one needle
housing the heating wire and the other the temperature sensor at a distance of about
3 mm. Nevertheless, the dual-needle configuration may be unsuitable for mea-
surements in coarse-grained material. For such rock specimen, measurements are
better made with a circular heat source (ring) with a temperature sensor at the
centre. In this case, (2.35) becomes

k ¼ 0:0771Q= M1t1mð Þ ð2:36Þ

where t1m = r2/(6j) and M1 is the maximum value of the rate of temperature
variation at the center of the ring of radius r1 (= 0.50–0.75 cm) expressed as
(Somerton and Mossahebi 1967)
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@T
@t

¼ Qr

4
ffiffiffiffiffiffiffiffiffi
pjt3

p exp � r2

4jt

� �
ð2:37Þ

Q is heat per unit length of wire per unit of time.

2.3.3 Transient Divided Bar

A thermal stack is arranged, consisting of a rock cylindrical specimen, of height
h and cross-sectional area S, placed between two cylindrical blocks of copper of
known thermal capacity (Fig. 2.4a). The upper block acts as a heat source and the
lower block, more massive, as a heat sink. The heat flowing through the specimen is
equal to the heat absorbed by the sink; in this way thermal conductivity can be
found by measuring the variation in temperature at the source and sink (Pasquale
1983; Pasquale et al. 2015).

The experiment begins when the stack of elements reaches the room temperature
To. The lower block is then cooled by immersing it into a thermostatic bath whose
temperature is 10–15 °C lower than To. The temperature of the upper block, Tu, and
the lower block, Tl, is recorded by using thermocouples placed as close as possible
to the specimen. After a few minutes a uniform temperature gradient (Tu − Tl)/h is
established (Fig. 2.4b).

On the base of the Fourier’s law, the amount of heat removed from the upper
block, in a given time step Dt, is given by

(a) (b)

Fig. 2.4 a Scheme of the transient divided-bar method. UB upper block, LB lower block. b Tu and
Tu − Tl curves recorded during the experiment
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CuDTu ¼ k0S
h

Zt2
t1

Tu � Tlð Þdt ¼ k0S
h

Tu � Tl
� �

Dt

from which

k0 ¼ CuDTuh

S Tu � Tl
� �

Dt
ð2:38Þ

where k′ is thermal conductivity of the rock specimen, Cu is the thermal capacity at
constant pressure of the upper block, DTu is the variation of Tu during time step
Dt = t2 − t1, Tu � Tl is the difference between the average values of Tu and Tl
during Dt.

Theoretical analysis of this method (Kaganov 1958; Swann 1959; Drabble and
Goldsmith 1961) showed that two additional thermal processes can take place while
measuring. The first has to do with the heat coming from the rock specimen, the
second with the heat transferred from the surrounding environment to the upper
block. Thus, two corrections must be introduced.

The heat flowing from the specimen is taken into account by considering the
quantity Cu + Cs/3 instead of Cu, where Cs is the specimen thermal capacity. In
order to estimate the correction for the heat transmitted from the environment, it is
necessary to operate under steady-state conditions, when Tu and Tl are constant, i.e.
about 2 h after the experiment begins. The upper block absorbs heat from the
environment, whose temperature To is kept constant during the measurement. The
heat Qs transmitted from the upper block, at constant temperature Tus, to the lower
block, at constant temperature Tls, will be equal to

Qs ¼ F To � Tusð Þ ¼ k0 Tus � Tlsð ÞSDt=h ð2:39Þ

from which it is possible to calculate the quantity F. During the experiment, the
relation

Q ¼ F To � Tu
� � ð2:40Þ

holds, which for each Tu allows the calculation of the amount of heat coming from
the environment. By taking into account the foregoing corrections, the effective
thermal conductivity k is then given by

k ¼ Cu þCs=3ð ÞDTu þF To � Tu
� �� �

h

Tu � Tl
� �

SDt
ð2:41Þ

A main source of error on thermal conductivity determinations with this method
lies in the difficulty of eliminating the thermal contact resistance between the blocks
and the rock specimen. Particular care should be taken in preparing the specimen
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base surfaces, making them flat to within 0.1 mm (no wedge shape), smoothed and
mutually parallel to within 0.03 mm throughout (no dome or concavities). A film of
silicone paste is smeared on the contact surfaces and a light pressure is exerted on
the upper block in order to improve the contact. The thermal resistance of the
silicon film, about 0.01 mm thick, is equivalent to a rock sheet of a few hundredths
of a millimeter. Such a resistance, for an adopted standard height of the specimen
(about 2 cm) is less than 2% of the total thermal resistance of the rock specimen.

If the lateral heat loss is neglected, the time range for which the temperature data
should be reliable and a reasonable accuracy achieved falls within the limits of the
following inequality (Kaganov 1958)

ln 2h2

p2j
� t� Cuh2

Csj
ð2:42Þ

where j is the rock thermal diffusivity. The order of magnitude of t is of a few
minutes. For k ranging from 1 to 10 W m−1 K−1, the experimental error is less than
5% and the reproducibility of about 3%. This method is unaffected by thermal
convection within the specimen as, similarly to the divided-bar method, the lower
block is kept at a lower temperature. The upper block and the specimen are housed
in order to minimize air current effects on the environment temperature. The best
performances are obtained when the specimen radius is equal to that of upper block.
The specimen height has an effect only if the radius is smaller than the optimal one.

2.3.4 Data Compilation

Thermal conductivity of a variety of water-saturated isotropic sedimentary rocks
obtained with the transient divided-bar method is given in Table 2.2. In addition to
thermal conductivity, porosity and density are listed. Rock porosity is calculated as
the ratio of the difference of grain and bulk densities to the grain density. The
difference of mass between dehydrated and water-saturated conditions is accounted
for by the influx of water into the pore spaces (this procedure yielded a direct
measurement of porosity). The solid volume of argillaceous and evaporitic rocks is
inferred with a helium pycnometer. Closed interstices, i.e. the pores that are not
connected to the rock surface, are included in the measured volume.

The mean thermal conductivity ranges from 1.5 to 4.6 W m−1 K−1, corre-
sponding to gypsum and dolostone, respectively. Besides dolostone, large values of
conductivity characterize argillaceous limestone, anhydrite and radiolarite. Porosity
varies from about 3% (radiolarite, gypsum, mudstone and anhydrite) to 30%
(calcareous marl and calcarenite).

Table 2.3 shows thermal conductivity values measured on samples of igneous
and metamorphic rocks, macroscopically homogeneous and isotropic. Due to the
low porosity (mainly below 1.5%), thermal conductivity is very close to that of rock
matrix, and it ranges from 1.8 to 4.1 W m−1 K−1.
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Data presented in Tables 2.2 and 2.3 are of course additional to several earlier
compilations (Birch 1942; Clark 1966; Desai et al. 1974; Kappelmeyer and Häenel
1974; Roy et al. 1981; Čermák and Rybach 1982; Robertson 1988; Zoth and
Haenel 1988; Clauser and Huenges 1995). In general thermal conductivity values of
igneous and metamorphic rocks are comparable for all datasets, because they
depend mainly on mineral composition. For sedimentary rocks, instead thermal
conductivity strongly depends on porosity. Within a particular lithotype, there may

Table 2.2 Average values of bulk thermal conductivity k (water-saturated), porosity and dry
density of isotropic sedimentary rocks (Pasquale et al. 2011)

Lithotype n k (W m−1 K−1) Porosity (%) Density (kg m−3)

Anhydrite 5 3.39 (0.22) 2.7 (1.8) 2730 (52)

Argillaceous limestone 3 3.60 (0.03) 9.3 (2.4) 2520 (80)

Argillaceous sandstone 6 3.00 (0.29) 15.1 (6.2) 2330 (222)

Calcarenite 3 2.34 (0.16) 29.0 (3.6) 1917 (82)

Calcareous marl 6 2.17 (0.13) 30.8 (5.0) 1801 (123)

Dolostone 5 4.60 (0.49) 3.8 (2.4) 2735 (73)

Grainstone 5 3.12 (0.16) 8.8 (2.5) 2480 (73)

Gypsum 5 1.54 (0.09) 2.4 (2.6) 2350 (61)

Marl 19 2.77 (0.23) 15.1 (8.4) 2278 (240)

Mudstone 5 3.30 (0.16) 2.7 (2.1) 2630 (59)

Packstone 4 3.23 (0.18) 4.3 (1.3) 2620 (59)

Radiolarite 4 3.37 (0.14) 2.4 (2.2) 2600 (48)

Silty marl 18 3.16 (0.26) 12.8 (5.5) 2359 (156)

Wackestone 5 3.16 (0.04) 6.0 (3.0) 2590 (75)

In brackets, the standard deviation; n is number of specimens

Table 2.3 Average thermal
conductivity k and density of
igneous and metamorphic
rocks (Pasquale et al. 1988)

Lithotype n k (W m−1 K−1) Density (kg m−3)

Anorthosite 4 1.76 (0.07) 2730 (60)

Dacite 4 3.73 (0.18) 2610 (102)

Diorite 14 1.89 (0.11) 2840 (60)

Dunite 3 4.11 (0.06) 3340 (20)

Gabbro 12 1.94 (0.19) 2940 (80)

Granite 22 2.88 (0.26) 2620 (20)

Granodiorite 16 2.52 (0.24) 2690 (40)

Harzburgite 3 3.60 (0.07) 3090 (20)

Hornblendite 5 2.71 (0.08) 3130 (70)

Lherzolite 11 3.70 (0.25) 3110 (50)

Syenite 3 2.25 (0.08) 2720 (40)

Tonalite 10 2.16 (0.07) 2720 (20)

In brackets, the standard deviation; n is number of specimens
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be a wide variation in porosity, which may consequently cause big differences in
thermal properties. Thus, knowledge of sedimentary rock porosity is essential for an
appropriate comparison of datasets.

2.4 Estimates of Thermal Properties

2.4.1 Mixing Models

Besides laboratory techniques, indirect approaches have been developed to estimate
thermal conductivity and volumetric heat capacity of isotropic rocks (e.g. Schärli
and Rybach 2001; Wang et al. 2006; Abdulagatova et al. 2009). Thermal properties
can be inferred from information on volume fraction and conductivity of
rock-forming minerals. This approach requires the modelling of the distribution of
the various constituents. Literature values of thermal conductivity, density and
specific heat of the main rock-forming minerals are summarized in Table 2.4.
Thermal parameters for potassium feldspar, plagioclase and sheet silicates corre-
spond to the most abundant minerals, i.e. microcline, oligoclase and the
smectite-illite mineral group.

Provided that the mineral composition and physical properties of minerals are
known, the volumetric heat capacity of a dry rock (qc)r can be computed as the

Table 2.4 Thermal conductivity, density and specific heat of rock-forming minerals, air and
water at standard laboratory conditions

Material Thermal conductivity
(W m−1 K−1)

Density
(kg m−3)

Specific heat
(J kg−1 K−1)

Quartz-a 7.69a 2647a 740b

Dolomite 5.51a 2857a 870b

Anhydrite 4.76a 2978a 585b

Quartz
microcrystalline

3.71a 2618a 735b

Calcite 3.59a 2721a 815b

K-feldspar 2.40a 2562a 700b

Plagioclase 1.97a 2642a 837b

Sheet silicates 1.88c 2630c 832d

Gypsum 1.30e 2320b 1070b

Water 0.60 1000 4186

Air 0.026 1.225 1005
aHorai (1971), bWaples and Waples (2004a), cBrigaud and Vasseur (1989), dHadglu et al. (2007),
eClauser and Huenges (1995)
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weighted average of the volumetric heat capacity of the rock matrix (qc)m and the
air (qc)a in the voids

qcð Þr¼ 1� /ð Þ qcð Þm þ/ qcð Þa ð2:43Þ

where qcð Þm¼
Pn

j¼1 vjqjcj,
Pn

j¼1 vj ¼ 1, / is porosity, vj, qj and cj are the volume
fraction, density and specific heat of the jth mineral, respectively, and n is the
number of mineral components.

Among the several models involving the application of mixing laws for a
mineral aggregate, the model by Hashin and Shtrikman (1962), which was origi-
nally proposed to study the magnetic permeability of macroscopically homoge-
neous and isotropic materials, is currently the most used to calculate thermal
conductivity. The matrix conductivity of the rock kmo is given by

kmo ¼ kU þ kLð Þ=2 ð2:44Þ

where kU is the conductivity upper bound defined as

kU ¼ kmax þ Amax

1� amaxAmax
ð2:45Þ

kmax is the maximum thermal conductivity of the mineral phases, amax = 1/(3 kmax)
and

Amax ¼
Xn
j¼1

vj
1

kj � kmax
� � þ amax

for kj 6¼ kmax ð2:46Þ

where kj is the thermal conductivity of the jth mineral, and vj and n are as in (2.43).
By replacing the minimum thermal conductivity of the mineral phases and the index
‘max’ with ‘min’ in (2.45) and (2.46), a similar expression can be obtained for the
lower conductivity bound kL.

In order to determine the bulk conductivity, it is necessary to take into account
porosity. According to Zimmerman (1989), pores can be modelled as isolated
spheroids and their shape is defined by the aspect ratio, a, i.e. the ratio of the length
of the unequal axis to the length of one of the equal axes. Thus, pores have
spherical, oblate and prolate shape for a = 1, a < 1 and a > 1, respectively. In
extreme cases, i.e. when pores consist of thin cracks, spheroids assume a
needle-like, tubular shape (a ! ∞) or thin coin-like shape (a ! 0). For an iso-
tropic rock, an average orientation of the unequal axis of the spheroid with respect
to the temperature gradient is considered. If the pores are randomly oriented and
distributed spheroids, the computed thermal conductivity kHZ is
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kHZ ¼ kmo
1� /ð Þ 1� rð Þþ rb/½ �
1� /ð Þ 1� rð Þþ b/½ � ð2:47Þ

where kmo is the rock matrix thermal conductivity of (2.44), / the porosity and r the
ratio of thermal conductivity of the pore-filling water and the matrix thermal
conductivity. The parameter b is given by

b ¼ 1� rð Þ
3

4
2þM r � 1ð Þ þ

1
1þ r � 1ð Þ 1�Mð Þ

� 


where for a < 1

M ¼ 2h� sin 2h

2 tan h sin2 h
; with h ¼ arccos a

and for a > 1

M ¼ 1

sin2 h
� cos2 h

2 sin3 h
ln

1þ sin h
1� sin h

� �
; with h ¼ arccos 1=að Þ

For a ¼ 1;M ¼ 3ð1� rÞ= 2þ rð Þ.
Another technique to infer thermal conductivity is the geometric mixing model

(see e.g. Jessop 1990)

kG ¼
Yn
j¼1

kmjj ð2:48Þ

where symbols are as in (2.46). This method provides a less satisfactory estimate as
the difference between computed and measured values is on average of 5–10%.

2.4.2 In Situ Thermal Properties

The assessment of thermal properties at depth is of paramount importance in
geothermal studies. For sedimentary rocks, the problem can be approached with a
technique based on mineral composition or, alternatively, lithostratigraphic data
available from drilling reports (Pasquale et al. 2008, 2011).

The in situ thermal conductivity kin can be obtained with the geometric mixing
model

kin ¼ k 1�/ð Þ
m k/w ð2:49Þ
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where km and kw are the rock matrix and water thermal conductivity, respectively.
Porosity is assumed to decrease with depth z as

/ ¼ /o exp �bzð Þ ð2:50Þ

where b is the compaction factor and /o is the surface porosity. By expressing
depth in kilometers, values suggested by Pasquale et al. (2011) of /o and b are
0.180 and 0.396 km−1 for carbonate rocks, 0.298 and 0.461 km−1 for marl and silty
marl, 0.284 and 0.216 km−1 for sandstone and calcarenite, and 0.293 and
0.379 km−1 for shale and siltstone, respectively.

Carbonate, marl and sandstone are considered as isotropic, whereas in case of
clay-rich lithologies (siltstone and shale) thermal anisotropy must be taken into
account. In anisotropic rocks, the vertical matrix conductivity, which decreases with
depth due to the orientation of the clay and mica platelets during burial, can be
estimated by using the relation

km ¼ 2:899� 0:251z ð2:51Þ

The variation of water thermal conductivity kw with temperature can be
described as suggested by Deming and Chapman (1988)

kw ¼ 0:5648þ 1:878� 10�3T � 7:231� 10�6T2 for T � 137 	C ð2:52Þ

kw ¼ 0:6020þ 1:309� 10�3T � 5:140� 10�6T2 for T [ 137 	C ð2:53Þ

whereas the temperature dependence of the rock matrix conductivity is given by the
expression (Sekiguchi 1984)

km ¼ 1:8418þ ko � 1:8418ð Þ 1
0:002732T þ 0:7463

� 0:2485
� �

ð2:54Þ

where ko is the matrix conductivity at 20 °C. The total uncertainty in thermal
conductivity, which takes into account the errors in the corrections for anisotropy,
temperature and porosity, is 10%.

The in situ volumetric heat capacity (qc)in can be computed as the weighted
average of the volumetric heat capacity of the rock matrix (qc)m and the water (qc)w
in the voids

qcð Þin¼ 1� /ð Þ qcð Þm þ/ qcð Þw ð2:55Þ

The specific heat of both water and matrix increases with temperature. Somerton
(1992) proposed an expression for the specific heat of pure water as a function of
temperature, which is proven valid in the 20–290 °C range
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cw ¼ 4245� 1:841Tð Þ � 103=qw ð2:56Þ

where qw is the density of liquid water, whose temperature dependence is

qw ¼ qw20
1þ T � 20ð Þaw ð2:57Þ

with qw20 the water density at 20 °C, and aw the expansion coefficient of water
given by

aw ¼ 0:0002115þ 1:32� 10�6T þ 1:09� 10�8T2 ð2:58Þ

As long as the pressure is high enough to keep the water in a liquid phase, the
volumetric heat capacity of water (qc)w, under subsurface (high pressure) condi-
tions, can be estimated with good accuracy from (2.56) to (2.58), without including
pressure dependence (Somerton 1992; Waples and Waples 2004b).

Since the expansion coefficient of rocks is very small (about 10−5 K−1), in a
region of normal geothermal gradient, density can be considered as constant for a
wide range of depths. Thus, the temperature dependence of the rock matrix volu-
metric heat capacity is controlled by the increase of the specific heat as a function of
temperature. The temperature dependence of volumetric heat capacity for any
mineral matrix can be computed with the equation (Hantschel and Kauerauf 2009)

qcð Þm¼ qcð Þm20 0:953þ 2:29� 10�3T � 2:835� 10�6T2 þ 1:191� 10�9T3� �
ð2:59Þ

where (qc)m20 is the volumetric heat capacity of the rock matrix at 20 °C.

2.5 Determination of Heat-Producing Elements

Among the different analytical techniques used to determine the concentration of
heat-producing elements (see e.g. Ryback 1988, for a brief review), gamma-ray
spectrometry is the only one that allows the simultaneous assessment of U, Th and
K. Although germanium semiconductor detectors are finding an increasing appli-
cation in the determination of heat-producing elements, sodium iodide scintillation
detectors offer fast and accurate results in ordinary crustal rocks. These detectors are
versatile tools for a wide range of geophysical applications, including not only
ground radiometric surveys for uranium, vehicle investigations for hydrocarbon and
small airborne prospecting, but also laboratory data analysis and core logging
services.
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2.5.1 Laboratory Techniques

A typical scintillation spectrometer is shown in Fig. 2.5. The analyzer is usually
equipped with a spectrum stabilizer for automatic gain shift compensation. The
detector is surrounded by a 5–10 cm thick lead shield, which reduces the amount of
background gamma radiation. The sample preparation requires grinding the rock
and encasing it in polyethylene Marinelli beakers. If a 500 ml beaker is adopted, the
investigated rock samples approximately range in weight from 650 to 850 g
(Chiozzi et al. 2000a).

The gamma-ray energy spectrum emitted from a rock is the sum of the indi-
vidual characteristic spectra of each radiogenic component (Fig. 2.6). The total
signal can thus be analyzed to determine the amount of each element. The system
is calibrated by means of three reference materials for K, U and Th activity (IAEA
1987). Usually, the method of the three energy windows described by Rybach
(1971, 1988) is adopted. Windows are set on the three characteristic energy
photo-peaks, i.e. at 1.46, 1.76 and 2.62 MeV, corresponding to 40K, 214Bi (238U
series) and 208Tl (232Th series), respectively (Fig. 2.7). The gamma-ray count rate
for each spectrum within each energy window depends primarily on (i) the con-
centration and interference of the radioactive elements; (ii) Compton scattering and
the linear attenuation coefficient appropriate to the rock material and the energies
of the transmitted gamma rays; (iii) the detector sensitivity and background count
rate.

Besides the method of the three energy windows, the radioelement concentra-
tions can be inferred from the total energy spectrum by means of the response
matrix method (Matsuda et al. 2002). This technique consists of 22 � 22 elements
with unequal energy and pulse height intervals and is applicable to an energy range
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Fig. 2.5 A block diagram of a typical system for gamma-ray spectrometry that uses a
thallium-activated sodium iodide scintillation detector, coupled to a photomultiplier (PM) tube and
a multi-channel (usually 256 or 1024) pulse-height analyzer for storage of the energy spectrum
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of 0–3.2 MeV for an isotropic field. Moreover, as the matrix is normalized at the
ratio of the count rate to the incident photon fluence rate, one can obtain the flux
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Fig. 2.6 Principal gamma rays (only energies >0.100 MeV) during the decay of 238U and 232Th
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Fig. 2.7 Gamma-ray spectrum obtained for a shoshonitic lava flow and energy windows utilized
for data processing (Chiozzi et al. 2003). The counts in each energy channel are represented with a
solid line
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densities directly from the pulse height distribution if the measured fields are
isotropic.

Several factors may affect the accuracy of the determinations of 40K, 238U and
232Th concentrations. Self-absorption due to the density variation in the rock
samples seems of negligible importance, and tests on the energy calibration reveal
good stability (a maximum drift of 3–4 channels only). Therefore, the main cause of
error should lie in the uncertainty of the net count rate. In common rocks the
relative standard uncertainty is minimum for potassium (1.2%), maximum for
uranium (3.5%) and amounts to 2.4% for thorium. For ultrabasic rocks with
exceptionally low radioelement content the error increases to 20%. The experi-
mental standard deviations in carrying out repeated measurements are of the same
order of magnitude (Watt and Ramsden 1964; Rybach 1988; Chiozzi et al. 2000a).
In a 5400 s time lapse, a typical detection limit is estimated to be of 0.1 ppm for
uranium, 0.2 ppm for thorium and 0.02% for potassium.

2.5.2 Secular Equilibrium

Secular radioactive equilibrium in the decay series (see Faure 1986) is necessary to
achieve reliable gamma-ray spectrometry measurements. This condition generally
holds in the 40K and for 208Tl in the 232Th series, while problems may arise for
214Bi in the uranium series, where a minimum age of 0.3 Myr is required for 226Ra
to be in equilibrium. In young rocks, this problem can be overcome by investigating
the gamma-ray spectrum region comprised between 0.03 and 0.10 MeV, instead of
the higher energy photo-peak of 214Bi (1.76 MeV) (Ketcham 1996). Chiozzi et al.
(2002) tested this approach on young volcanic rocks by comparing results from the
NaI(Tl) spectrometer with a germanium detector, which uses the photon emission
of 234Th and 234mPa to avoid 226Ra secular equilibrium problems. They found out
that the use of the low energy window can remarkably reduce the uncertainty in the
uranium determination. In this low-energy region, there are a number of gamma
rays produced by the decay of 234Th. This radioelement can be safely assumed to be
in secular equilibrium with 238U as its half-life is of only 24.1 days, and therefore
could have a different activity from post-226Ra daughter products, like 214Bi. As the
scintillation detector does not have a sufficient resolution to distinguish reliably
individual peaks in this low-energy region, it is necessary to operate with a rela-
tively wide window, ranging from 0.010 to 0.123 MeV.
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2.5.3 Ground Spectrometry

Hand-held gamma-ray spectrometry is widely used in mapping surveys aiming at
estimating concentrations of U, Th and K of surface rocks (Fig. 2.8). The instru-
ment usually consists of a thallium-activated sodium iodide scintillation detector of
about 440 cm3 together with a photomultiplier tube, a high-voltage supply and a
signal preamplifier. The probe is connected to a multichannel analyzer. Like in
laboratory measurements, the determination of these elements is based on the
method of the three energy windows (Chiozzi et al.1998, 2000b).

Field instruments are calibrated by means of standard spectra acquired on three
concrete pads enriched in K, U and Th, and with highly unbalanced K/U, Th/U and
K/Th ratios. Ideally, calibration pads should simulate a geological source of radi-
ation and should be kept dry, as variation in moisture content may lead to a
variation in radiation output. Pads are usually of cylindrical shape, with a diameter
of 2–3 m and thickness of 0.5 m (IAEA 1989). A fourth, low-radioactivity cali-
bration pad of lead is customarily used to measure the background.

Practically, the calibration procedure consists of measuring the net count rate at
each window for each pad, which has finite dimensions and may differ from the
recommended size. Grasty et al. (1991) showed that smaller transportable pads are
also suitable for calibrating portable gamma-ray spectrometers, provided that a
geometrical correction factor, derived from these calibration experiments, is applied
to the instrument sensitivity. Furthermore, the detector must be set at a few
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centimeters from the surface. In such conditions, the count rates are lower than
those expected for a 2p infinite geometry. Therefore, the recorded spectra must be
corrected for a geometric factor G = 1 − (2 h/d), where h is the height of the
detector to the pad surface and d is the diameter of the standard pad. Usually the
determination of the spectrometer sensitivity (with h = 63 mm) is based on stan-
dard pads of 2 m in diameter (see e.g. Chiozzi et al. 2000b, for details). Under these
conditions, the recorded gamma rays are those emitted from a rock volume of about
1 m3. In subsurface measurements, such as a in mine gallery, gamma rays emitted
from the walls and the vault are also revealed by the detector. This implies an
increase in the count rate and, consequently, in concentrations. For a homogenous
and isotropic medium and a 4p geometry, measured radioelement concentrations
are expected to double (Bochiolo et al. 2012).

The sampling time required for a measurement depends on the radioactivity of
the rock and on the precision required. Lovborg and Mose (1987) derived equations
giving the counting time for assays of each radionuclide with a 10% error at various
K, U and Th ratios. In practice, for NaI(Tl) detectors, IAEA (2003) recommends a
sampling time of 120 s for highly radioactive rocks and 360 s for low radioactivity
outcrops. This implies detection limits of 0.2 and 0.3 ppm for U and Th, respec-
tively, and of 0.03% for K.

Several factors may affect accuracy in the determination of radioelements.
Sources of bias could be inherent to the instrument itself (e.g. drift of energy
calibration, calibration of the reference materials, K contamination of the photo-
multiplier tube) and of geological nature (self-absorption due to variations in rock
density, outcrop alteration and geometry). Based on counting statistics, in common
rocks the relative combined standard uncertainty of the measured concentrations is
of about 3% for K, 5% for Th and 8% for U.

2.5.4 Background Radiation

The net count rate and, consequently, the concentration results depend on the
background, i.e. the gamma radiation that does not originate from the rock.
Background radiation may be due to the internal radioactivity of the instrument,
cosmic radiations—which vary with the geomagnetic latitude and elevation—and
the atmospheric radon. Therefore, before starting a field radiometric survey, it is
important to assess the local background.

Besides on the lead pad, the background can also be estimated by taking mea-
surements on a small boat (preferably of fibreglass) over a lake or sea, at a few
hundred meters from a possibly flat shore (Chiozzi et al. 2001; IAEA 2003). Since
artificial sources are not always available and, of course, differ from natural con-
ditions, outcrops with energy distributions of gamma spectra similar to those typ-
ically emitted from the standards and as close as possible to a 2p geometry can
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represent an alternative calibration site. Also serpentinitic rocks are a suitable
source of background radiation, as their content of K, U and Th is nearly negligible
(below the detection limit) (Chiozzi et al. 2000b). The background count rate
generally increases with elevation. This is particularly evident in the 40K window.
The overall effect is relatively small, but a correction for elevation is often incor-
porated to improve accuracy (Verdoya et al. 2001).

2.5.5 Alteration Processes

Secular disequilibrium in the U decay series can also be a consequence of alteration
processes. On altered rocks, using the low-energy region of the gamma-ray spec-
trum allows to bypass this problem (see Sect. 2.5.2). Frequently, young volcanics
are characterized by hydrothermal activity, which often implies kaolinisation. This
process yields a group of clay minerals dominated by kaolinite Al2(OH)4Si2O5 (in
oxides Al2O3 � 2SiO2 � 2H2O), a mineral which belongs to the group of aluminum
silicates. Highly-altered argillic zones are often associated with sulphate-acid
thermal springs.

The presence of hydrothermally altered zones, where strong remobilization of
radioelements is to be expected, conditions the procedure of the radiometric survey,
which thus requires both field and laboratory measurements. The detailed study of
the spatial distribution and ratios of the radioelements provides a baseline for
evaluating the depletion/enrichment processes, which may have affected altered
rocks. Field spectrometry can put into evidence low radioactivity levels near the
altered zones. The lowest values of K usually occur at kaolin deposits and near hot
springs. This is due to the K-depletion process which transforms feldspars and
feldspathoids into kaolin.

Kaolinization takes place in presence of H2O, CO2 and high temperature. In
particular, H2O makes possible, by hydrolysis, the substitution of the alkaline and
terrous-alkaline cations in the form of base. At the same time, CO2, soluble in H2O,
facilitates the transformation of the bases in soluble carbonates that are taken away
definitively. Because of these reactions, feldspars and feldspathoids are transformed
into colloidal silica and micaceous minerals of the sericite group; the latter can, in
turn, lose other silica, and transform by oxidation into clayey minerals, such as illite
and kaolinite. When the anhydrous aluminum silicates, which are found in
feldspar-rich rocks, are altered by weathering or hydrothermal processes, kaolin is
formed (Boulvais et al. 2000; Tourlière et al. 2003; Chiozzi et al. 2007).

Uranium and thorium are commonly fractionated during surface processes due to
the oxidation of U into the soluble uranyl ion. The relatively immobile Th tends to
concentrate and consequently the Th/U ratio should increase in altered rocks.
However, in volcanic areas subject to hydrothermal processes such a ratio shows
small variations, giving evidence for a proportional depletion of U and Th.
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2.5.6 Radioelement Concentrations and Heat Production

Table 2.5 shows a compilation of concentrations of U, Th and K of a wide of
sedimentary and crystalline rocks, and the radiogenic heat calculated from (2.16).
Lherzolite, prasinite and serpentinite show the lowest concentrations of radionu-
clides (U and Th � 0.5 ppm, K � 1.2%). The highest U, Th and K concentrations
are found in migmatite and orthogneiss. In sedimentary rocks, the average U
content is maximum in dolomite (abnormally enriched), whereas the largest con-
centrations of Th and K are found in shale. Th concentration is below the detection
limit in lherzolite, prasinite and serpentinite. Apart from dolomite, prasinite and
serpentinite, the Th/U ratio is close to the value expected for a normal continental
crust, ranging from 1.5 to 4.3. The estimated radiogenic heat is of course lower in
the rocks with lower uranium and thorium concentrations.

Table 2.6 shows an example of the radiogenic heat of rocks belonging to a
young volcanic arc and the relative contribution of U, Th and K. The contribution
due to U is about one half (44–52%), whereas that of Th varies from 38 to 44%.

Table 2.5 U, Th and K average concentrations, ratio Th/U and radiogenic heat A in rocks (after
Chiozzi et al. 2001; Verdoya et al. 2001)

Lithotype n U (ppm) Th (ppm) K (%) Th/U A (lW m−3)

Amphibolite 31 0.5 1.2 0.69 2.40 0.30

Dolomite 15 5.6 0.5 0.17 0.09 1.49

Lherzolite 10 <0.2 <0.3 <0.03 1.50 0.08

Limestone 27 2.4 4.5 1.18 1.89 1.04

Marl 10 2.7 5.5 1.37 2.04 1.21

Migmatite 6 6.1 16.8 3.83 2.75 3.13

Orthogneiss 94 4.1 17.6 4.23 4.29 2.65

Phyllite 20 2.9 10.6 2.52 3.36 1.73

Prasinite 12 0.4 <0.3 0.51 0.75 0.18

Serpentinite 41 0.5 <0.3 0.08 0.60 0.16

Shale 37 3.4 12.6 2.61 4.07 1.99

n is the number of specimens

Table 2.6 Radiogenic heat A of volcanic rocks and the contribution supplied by each
radioelement (after Verdoya et al. 1998a; Chiozzi et al. 2002)

Lithotype AU (%) ATh (%) AK (%) A (lW m−3)

Andesite 45.7 39.4 14.9 1.3

Basalt 43.7 38.4 17.9 0.6

Basaltic andesite 44.9 39.0 16.1 1.1

Basaltic trachyandesite 48.2 43.2 8.6 4.3

Rhyolite 50.3 44.3 5.4 6.6

Trachyte 52.0 43.0 5.0 7.1
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The largest contribution yielded by K (15–18%) is observed in mafic rocks. Basalt
and andesite present typically low radiogenic heat values (0.6–1.3 lW m−3),
whereas trachytic and rhyolitic rocks denote values larger by a factor from six to ten
(6.6–7.1 lW m−3). Basaltic trachyandesite is characterized by an intermediate
value (4.3 lW m−3).

2.6 Radiogenic Heat in Depth

Experimental results on volcanic rocks show that the radioelement concentration
and, consequently, the radiogenic heat are related to magmatic differentiation
processes, thus implying a decrease with depth within the crust. The most widely
accepted model is the exponential model by Lachenbruch (1970)

A zð Þ ¼ A0 exp �z=Dð Þ ð2:60Þ

where Ao (in lW m−3) is the radiogenic heat at the surface and D (in km) is the rate
of heat decrease, which realistically explains the differences in the radiogenic heat
of surface rocks in a region with a given tectonothermal history through the
superficial erosion of radioelements. Factor D, which ranges from 5 to 15 km and is
on average 10 km (Pasquale 1987), derives from the well-known linear relationship

qo ¼ qa þAoD ð2:61Þ

where qo is the geothermal flow, and qa is a constant component of heat flow from
the mantle (see Sect. 3.3.1). It is widely accepted that the surface radiogenic heat in

Table 2.7 Radiogenic heat A of sedimentary rocks from gamma-ray log (GRL) and gamma-ray
spectrometry (GRS) (after Pasquale et al. 2012). In brackets, the standard deviation

Lithotype A (µW m−3) GRL A (µW m−3) GRS

Acid tuff 2.19 (0.15)

Argillaceous limestone 0.63 (0.14)

Argillaceous sandstone 1.39 (0.23)

Basaltic tuff 0.47 (0.05)

Dolostone 0.46 (0.32)

Marl/Silty marl 0.92 (0.14) 1.30 (0.14)

Mudstone/Wackestone 0.45 (0.22) 0.34 (0.25)

Radiolarite 0.43 (0.09)

Sand 0.74 (0.13)

Sandstone 1.05 (0.02)

Shale/Silty shale 1.33 (0.24)

Siltstone 1.13 (0.12)
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the continental areas is of the order of 3 lW m−3, as radioactivity measurements of
igneous and metamorphic rocks restrict the actual range of radiogenic heat to 2.5–3.
5 lW m−3. Pasquale et al. (1990) suggested that radiogenic heat is related to the
geological age t according to the empirical relation

Ao ¼ 3:2 expð�0:3tÞ ð2:62Þ

where t is in Gyr and Ao is in lW m−3.
Surface radiogenic heat within sediments has not been thoroughly investigated.

Information on sediment radiogenic heat can be inferred from petroleum wells
(Table 2.7). After applying a correction for well diameter, drilling mud density and
logging tool eccentricity, gamma-ray logs make possible to estimate A in lW m−3

by means of the relationship (Bucher and Rybach 1996)

A ¼ 0:0158 GR� 0:8ð Þ ð2:63Þ

where GR is the log scaled in American Petroleum Institute (API) units.
Equation (2.63) may be used for GR values lower than 350 API units and gives
A within an acceptable error (<10%).

At crustal depth, Rybach (1979) and Rybach and Buntebarth (1984) argued that
radiogenic heat can be estimated from compressional wave velocity tP, as the
gradient in seismic velocity is accompanied by gradient in radiogenic heat. By
taking into account the geological age, the relationship between tP in km s−1 and
A in lW m−3 is

Table 2.8 Compositional model of the Variscan crust as inferred from the tP(z) structure and the
corresponding radiogenic heat A deduced from petrographical data (after Verdoya et al. 1998b)

Depth range (km) Lithotype Percentage of rock type A (lW m−3)

Upper crust 0–12 Granite-granodiorite 100 3.0

12–18 Granitic gneiss 55 1.6

Granite-granodiorite 20

Tonalitic gneiss 25

Lower crust 18–22 Amphibolite 60 0.4

Mafic granulite 40

22–30 Mafic garnet granulite 65 0.3

Amphibolite 35

30–32 Mafic garnet granulite 100 0.2
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lnA ¼ B� 2:17tP for 6:0\tP\8:2 km s�1 ð2:64Þ

where B = 12.6 for the Precambrian and 13.7 for the Phanerozoic crust. However,
(2.64) takes for granted a simple lithological model of the crust, varying from acid
to basic with depth, in agreement with the geochemical constraints. In crustal layers
dominated by metamorphic rocks of complex evolution, such a relationship can
lead to unreliable results (Kern and Siegesmund 1989).

Other possible models of vertical distribution of radiogenic heat rely on both
geophysical and petrographical constraints. Verdoya et al. (1998b) proposed an
approach that allows the inference of a compositional model by combining crustal
seismic profiles with compressional wave velocity data of rocks from laboratory
experiments (Fountain and Christensen 1989). A radiogenic heat value is assigned
to each crustal layer on the basis of the compositional model (Table 2.8), and the
A depth-distribution is obtained (Fig. 2.9). Equation (2.60) is applied to the
granitic-granodioritic component down to a depth of 12 km, for values of
D = 10 km and surface radiogenic heat of 3.0 lW m−3. Below the uppermost
granitic-granodioritic layer, the radiogenic heat is considered uniform with depth.
Figure 2.9 also shows a comparison of the compositional model with a model based
on (2.62) and (2.64). The radiogenic heat decreases versus depth according to
D = 10 km. In the lower crust, D was fixed by considering the A value at the top
and the bottom of the layer. Below the Moho, A is assumed to be constant
(0.01 lW m−3).

A ( W m   )

D
ep

th
 (k

m
)

0 1 2 3

-3

0

10

20

30

Fig. 2.9 Radiogenic heat
A versus depth in the Variscan
crust based on a
compositional model (grey
line) and the A-tP relationship
(black line)
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