Chapter 2
General Physical and Chemical Models
of the Earth’s Lower Mantle

Abstract The most popular model of the lower mantle is the Preliminary
Reference Earth Model (PREM), derived from seismic observations assuming the
pyrolitic composition of the lower mantle. The uppermost part of the lower mantle
(~660-770 km deep) has a steep velocity gradient, reflecting the mineral structure
transformation from ringwoodite to bridgmanite and ferropericlase, after which
gradual increase in both the compressional velocity (V,) and shear velocity (V)
reflects the near adiabatic compression of mineral phases. The adiabatic geothermal
gradient within the upper mantle decreases with increasing depth without phase
transitions. Subducting lithospheric slabs may significantly cool temperature pro-
files, particularly in the upper part of the lower mantle. However, results of
experiments on the density of natural peridotite, performed within the range of
entire lower-mantle pressures along the geotherm, demonstrated their significant
mismatch with the PREM density model. This implies that the upper and the lower
mantle must have different chemical compositions, i.e. the mantle is chemically
stratified, with the inference of a non-pyrolitic composition of the lower mantle. The
diapason of oxygen fugacity within the entire sequence of lower-mantle region may
reach ten logarithmic units, varying from below the IW buffer to the FMQ buffer
values.

2.1 General

In one of the first geophysical models of the Earth, Bullen (1942) proposed a
spherically symmetric ‘shell model’ of the Earth’s interior and distinguished eight
layers labelled alphabetically from A to G, with the crust as the A layer, the upper
mantle as the B layer, the transition zone as the C layer, the entire lower mantle as
the D layer, the outer core as the E layer, its lower part as the F layer, and the inner
core as the G layer. Later, Bullen found the D layer to be made from two different
layers: the upper part of the D layer, about 1800 km thick, was renamed D'; and the
lower part (the bottom 200 km) was named D" (Bullen 1950). To date, only the
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Fig. 2.1 General structure of
the Earth. Borders of the
major Earth’s regions and
corresponding pressure
values, accepted in this work,
are shown at the bottom
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latter name is in use to refer to the lowermost 200 km of the mantle, which may be
considered to be a boundary transitional layer from the lower mantle to the outer
core (Fig. 2.1).

Later seismic studies revealed more complex regions of the Earth and the fol-
lowing principal regions were identified within the Earth, based on seismic
parameters (Dziewonski and Anderson 1981).

. Ocean layer.

. Upper and lower crust.

. Region above the low velocity zone (LVZ), starting at a depth of 220 km.

. LVZ (80-220 km depth).

. Region between the LVZ and 400 km discontinuity.

. Transition zone (TZ), spanning the region between the 400 and 670 km
discontinuities.

7. Lower mantle, subdivided into three parts by second-order discontinuities at
770, 2740 and 2740 km. The lowermost part corresponds to the D" layer.

. Outer core (2890-5150 km).

9. Inner core (5150-6371 km).
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These depth estimates are slightly corrected in modern petrological constructions
(e.g., the upper and lower borders of the TZ at 410 and 660 km, respectively, with
the borders of the D" layer at 2700 and 2900 km). The generalized structure of the
Earth accepted in this work is presented in Fig. 2.1.

2.2 Seismic Velocities in the Lower Mantle

The decision to distinguish the boundary at ~660-670 km between the lower
mantle and the transition zone is based on seismologic data, according to which
remarkable changes (6—11%) in the velocities of seismic waves occur at this depth
(Preliminary Reference Earth Model or PREM; Dziewonski and Anderson 1981).
The exact position of this seismic discontinuity varies depending on the tectonic
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position of the area. It is located deeper than 670 km under subduction zones and
shallower at ‘hotspot’ areas, such as Iceland, Hawaii and others (e.g., Shen et al.
1998). The increasing proportion of the basaltic component within the lower mantle
in these areas may stimulate depth of this border to increase to 720 km (Deuss et al.
2006). In some areas, it bifurcates to 520 and 670 km boundaries (e.g., Deuss and
Woodhouse 2001). In addition, undulation of the upper boundary of the lower
mantle may be caused by the presence of high proportions of volatile components
(such as water) and Mg-Fe partitioning between coexisting mineral phases in the
constituent materials. The most popular 1D Earth model, PREM, is presented in
Fig. 2.2.

The uppermost part of the lower mantle (~660-770 km deep) has a steep
velocity gradient, reflecting the mineral structure transformation from ringwoodite
to bridgmanite and ferropericlase. After that, there is a gradual increase in both the
compressional velocity (V,) and shear velocity (Vy), reflecting the near adiabatic
compression of mineral phases (Dziewonski and Anderson 1981). In the normal
lower mantle, three major minerals are present: bridgmanite, ferropericlase and
CaSi-perovskite; stishovite can also be present. The velocities of each mineral
phase vary with pressure and equilibrium composition in response to partitioning of
components among phases. Comparison of the sound velocities of these phases
shows that the fastest mantle phase is stishovite; however, the lowermost part of the
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Fig. 2.2 Pyrolite mantle seismic wave velocity and density profiles as a function of depth. V,
compressional wave velocity, blue; V; shear-wave velocity, red; velocities of the major
lower-mantle minerals, black; p density of pyrolite in g/cm®, green. Data from Dziewonski and
Anderson (1981) and Stixrude and Litgow-Bertelloni (2012)
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mantle shows CaSi-perovskite to be faster (Stixrude and Litgow-Bertelloni 2012;
Fig. 1.2). Since the seismic wavelength is much greater than the size of the mineral
grains, seismic waves see an averaged aggregate of constituent materials. However,
lattice preferred orientations of the minerals due to the flow patterns of the mantle
can cause seismic heterogeneities. The relative proportions of phases and their
compositions may vary; in this case, one should expect additional variations in
seismic velocities. However, in the PREM, seismic parameters are distributed
homogeneously through the lower mantle, suggesting that the constituent minerals
are gravitationally, almost adiabatically compressed, with the exception of the
lowermost part of the lower mantle (the D" layer), where a number of seismic
anomalies have been identified (Dziewonski and Anderson 1981; Kennett et al.
1995).

Since the publication of the PREM in 1981, a number of other seismic models
have been reported including isp91 (Kennett and England 1991), AK135 (Kennett
et al. 1995), STW105 (Kustowski et al. 2008), GyPSuM (Simmons et al. 2010), and
SPani (Tesoniero et al. 2015), amongst others; some of these models mainly focus
on specific regions. Furthermore, some of these models deviate from PREM,
showing that a re-evaluation of the PREM or a non-pyrolitic lower-mantle com-
position is needed.

One of most serious challenges to the one-dimensionally homogeneous seismic
models such as the PREM has been the consequences of the spin crossover of iron
in two major lower-mantle mineral phases, ferropericlase and bridgmanite, which
were discovered in the early 2000s (Badro et al. 2003). These minerals have sig-
nificant iron contents, which can undergo a high-spin to low-spin transition and, as
a result, change iron partitioning at relevant pressure—temperature (P-7T) conditions
of the lower mantle that can affect the physics and chemistry of the host minerals
(e.g., Irifune et al. 2010; Lin et al. 2013) (see Chap. 8 for details). Shahnas et al.
(2011) evaluated the influence of the iron spin crossover in the lower-mantle
minerals on the PREM and found out that spin crossover in the lower mantle above
the 1800 km depth does not influence mantle layering significantly. Below this
horizon, there is a hot layer, which acquires spin-induced positive buoyancy and
which assists in preventing the cold downwelling from penetrating through the
1800 km depth horizon (Shahnas et al. 2011).

2.3 Density Profile

The density profile within the lower mantle, according to the PREM, after jumps
related to the olivine — wadsleyite — ringwoodite — bridgmanite + ferroperi-
clase phase transitions, becomes ~4.4 g/cm® at the top of the lower mantle, and
then increases gradually to ~5.5 g/cm® at the mantle/core boundary (Fig. 2.2),
mostly because of the compression of the mantle material (assuming the homo-
geneity of the material and adiabatic character of the process). However, even the
early calculations demonstrated that the model composition of the lower mantle is at
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least 2.6% less dense than the observed lower-mantle density over the depth range
1000-2000 km; hence, the mantle should be stratified with the layers possibly
intermixing (Jeanloz and Knittle 1989). The results of later experiments with a
natural peridotite performed entirely within the range of lower-mantle pressures of
up to 112 GPa along the geotherm, demonstrated the significant mismatch of
density with the PREM density model, particularly in the slopes between the two
profiles (Ricolleau et al. 2008, 2009). This implies that the upper and the lower
mantle must have different chemical compositions, i.e.,. the mantle is chemically
stratified, if one uses the PREM as a reference. In that case, the data favour a Si-
enriched, less dense lower mantle.

Ricolleau et al. (2009) calculated that, in order to match their experimentally
determined density profile of a pyrolite mantle composition to PREM, the tem-
perature at the top of the lower mantle has to be ~ 1500 £ 60 K, which is
~ 400 K lower than the estimated temperature at a depth of 660 km (Hirose 2002;
Katsura et al. 2010) with a superadiabatic geotherm of gradient 0.60 K/km through
the lower mantle, which is in disagreement with the adiabatic geotherm (see
Sect. 2.5). The measured density for an ultramafic mantle along the geotherm
shows a significant mismatch (2%) with the PREM derived from seismic obser-
vations assuming pyrolitic composition of the lower mantle. This points to the
likelihood of a non-pyrolitic composition of the lower mantle.

2.4 Compositional Models and Chemical
Homogeneity/Heterogeneity of the Lower Mantle

Knowing the composition of the lower mantle heavily depends on our under-
standing of the evolution and dynamics of the planet. The Earth’s lower mantle is
clearly layered with distinct seismic features that separate it from the overlaying
upper mantle and transition zone, as well as the underlying outer core. Geochemical
studies of the upper mantle materials (especially from xenoliths) show that the
upper mantle is mostly made of peridotite with olivine, pyroxene and garnet being
the abundant minerals. Together with petrological experiments, Ringwood (1975)
proposed that the mantle is made of pyrolite, a hypothetical rock made of peridotite
and basalt in a ratio of approximately 3:1. The question for the lower-mantle
composition is whether or not the whole mantle remains chemically homogeneous
or whether it is layered?

One key parameter in categorizing the composition of the mantle is the Mg/Si
ratio that varies from approximately 1 in the chondritic composition model to 1.3 in
the pyrolitic model (e.g., Ringwood 1975; Anderson 1983; Hart and Zindler 1986;
Javoy 1995). As a simple reference, the Mg/Si ratio is 2 for forsterite (Mg,SiO,4)
and 1 for enstatite and bridgmanite (MgSiO3). Petrological evidence obtained from
the compositional trends in upper mantle peridotites suggests that the Mg/Si ratio of
the bulk silicate Earth is close to 1.27, indicating that the upper and lower mantle
are homogeneous in composition (Ringwood 1975; Anderson 1983). In the
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pyrolitic compositional model of the mantle, the lower mantle is suggested to be
made of 75 vol.% bridgmanite [(Mg, Fe) (Al, Si)O3], 17 vol.% ferropericlase [(Mg,
Fe)O], and approximately 8 vol.% CaSiOj-perovskite (Ringwood 1975). If the
Earth was accreted from chondritic meteorites such as the CI chondrites, which
have the Mg/Si ratio of approximately 1.074, the lower mantle should be chemi-
cally distinct from the upper mantle (e.g., Morgan and Anders 1980; Bass and
Anderson 1984; Hart and Zindler 1986; Javoy 1995; McDonough and Sun 1995;
Williams and Khnittle 2005). The lower mantle in a chondritic compositional model
is expected to be enriched in bridgmanite and CaSi-perovskite, with an Mg/Si ratio
close to 1 (Anderson 1989).

From a geophysical prospective, a comparison of the seismic profiles with
velocity and density profiles of candidate mantle minerals at relevant P-T condi-
tions provides another means by which to evaluate the composition and mineralogy
of the lower mantle. For example, Irifune et al. (2010) obtained the velocity profiles
of pyrolite and piclogite compositions in a multi-anvil apparatus in transition zone
conditions, showing that the velocity and density profiles of the region are most
consistent with a pyrolite composition, instead of more pyroxene and garnet-rich
piclogite. For the lower mantle, experimental results are rather more scattered
because of the technical difficulties in reaching extreme P-T7 conditions and
simultaneously measuring the elasticity of candidate minerals in the region (e.g.,
Murakami et al. 2012). Theoretical studies using first-principle methods to model
the density and velocities of the lower mantle in various compositions conclude that
lower mantle with a pyrolitic composition has density and velocity profiles
matching the seismic PREM (Wang et al. 2015). Matas et al. (2007) studied the
problem of obtaining the thermal structure and bulk chemical composition of the
lower mantle from its seismologically determined velocity and density profiles,
using the results on the elastic properties of the lower-mantle phases (including, of
particular importance, shear moduli). They show the reverse that these properties
do not match the uniform chemical composition model of the lower mantle. In order
to satisfy the 1D seismic profiles, the averaged lower-mantle Mg/Si ratio should be
lower than would be usually accepted in the pyrolite model. Instead, there should be
a depth-dependent bulk composition with an Mg/Si ratio decreasing from
1.18 & 0.14 to 1.03 % 0.16 (i.e., the increase of Si component to a more chondritic
composition) between 800 and 2700 km. Murakami et al. (2012) measured shear
wave velocity and density profiles of bridgmanite and ferropericlase at high P-
T using Brillouin spectroscopy and X-ray diffraction, concluding that the lower
mantle is mostly made of bridgmanite, named the perovskitic lower mantle.

On the other hand, recent modelling of the shear wave velocity profile, utilizing
the third-order Eulerian finite-strain equation, demonstrated that the lower mantle
shear wave velocities can resolve PREM for a pyrolitic composition to within 1%.
In addition, isotopic fractionation modelling of the '**Nd/'**Nd and '"°Hf/"""Hf
systems led to the conclusion that an Si-enriched lower mantle, if crystallized from
the ancient magma ocean, was not preserved throughout the Earth’s history and no
longer exists (Hyng et al. 2016). In this model, which supports the idea that the
Earth’s lower mantle is pyrolitic, the mantle as a whole needs to be chemically
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stratified. However, the compositional heterogeneity of the mantle on the basis of
modelled seismic velocity profiles were comprehensively studied by Stixrude and
Lithgow-Bertelloni (2012). They demonstrated that chemical heterogeneity may
survive in the mantle for as long as the age of the Earth because chemical diffusion
is inefficient. Estimates of the rate of subduction and mantle processing over
geologic history indicate that almost the entire mantle may be composed of litho-
logically heterogeneous material. The fastest lithology is silica, the presence of
which causes the increase in the velocity within the lower mantle (see Sect. 4.6).

However, it should be noted that considering limited experimental constraints on
the elasticity and sound velocity of lower mantle minerals at P-T conditions rele-
vant to the lower mantle, recent theoretical models using new p and V,, profiles
concluded that predictions for a pyrolitic composition of the lower mantle have
seismic properties in agreement with the PREM (Wang et al. 2015; Sun et al. 2016;
Zhang et al. 2016).

2.5 Geotherm

Temperature distribution in the Earth’s interior reflects the energy balance between
heat generation and dissipation. The heat source in the mantle is believed to be
mostly primordial and radiogenic, while the dissipation is most dominant through
convection, but radiative conduction can also play a certain role. However, there is
no direct way to measure temperature in the Earth’s deep interior, except with some
drilled boreholes as deep as approximately 10 km. A combination of indirect
methods was used to estimate the temperature distribution in the deep mantle
(Brown and Shankland 1981; Ito and Katsura 1989; da Silva et al. 2000; Stacey and
Davis 2008; Katsura et al. 2010).

In most geotherm models of the Earth, conductive and radiative heat transfer is
considered to be negligible because of the small thermal conductivity of mantle
minerals, and heat should be effectively transported by convection into most parts
of the mantle (Katsura et al. 2010). Therefore, the temperature gradient is consid-
ered to be nearly adiabatic in the Earth’s mantle. The adiabatic temperature gradient
(0T/az), is expressed as:

(0T/0z), = 0gT/Cyp;

where T is temperature, z is depth, g is gravitational acceleration, « and C,, are the
thermal expansion coefficient and isobaric heat capacity of the constituent materials,
respectively (Turcotte and Schubert 2002). Using this equation, one can calculate
the temperature gradient and geotherm if the aforementioned thermodynamic
parameters and a reference temperature at a given depth are known.

Based on the estimated maximal temperature of the olivine—wadsleyite transition
at the 410 km seismic discontinuity of 1830 £ 48 K, Katsura et al. (2010) calcu-
lated the adiabatic temperature profile for the entire mantle using experimentally
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measured thermal expansion coefficients of the mantle minerals with the known
gravity accelerations and the assumption that the whole mantle has a constant
pyrolitic composition based on the whole mantle convection model (Stacey and
Davis 2008). The thermal expansion coefficient is the most critical parameter for the
adiabatic geotherm. In the lower mantle, it gradually decreases in pyrolitic com-
position from 3 x 107°/K at the topmost lower mantle to 1 x 10~/K to lowermost
lower mantle. The adiabatic geothermal gradient within the upper mantle shows the
same tendency as the thermal expansion coefficient. It decreases with increasing
depth without phase transitions, but can potentially increase across phase transi-
tions. The geothermal gradient is 0.47 K/km at the top of the lower mantle, and
decreases to 0.24 K/km at 2600 km in depth (Katsura et al. 2010). In earlier works,
it has been suggested to be 0.3 K/km (Brown and Shankland 1981; Turcotte and
Schubert 2002), 0.4 K/km and rather constant (Stacey and Davies 2008) and 0.5—
0.9 K/km and increasing with depth (Matas et al. 2007).

The temperature profile for the mantle calculated by Katsura et al. (2010) is
shown in Fig. 2.3. The temperature at the top of the lower mantle is found to be
1960 + 50 K, which coincides with earlier estimates by Hirose (2002). The tem-
perature at 2700 km depth is 2630 + 60 K, if the convective heat transfer still
dominates in this region. This temperature profile is 70-110 K higher than that of
Ito and Katsura (1989) and Brown and Shankland (1981) because the temperature
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Fig. 2.3 Profiles of temperature, solidus and liquidus in the mantle. Data from Kirby et al. (1996),
Katsura et al. (2010), Fiquet et al. (2010) and Andrault et al. (2011)
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Table 2.1 Reference Authors 660-km phase transition
temperature at the 660 km temperature
depth used in the literature
geotherm modelling Brown and Shankland (1981) 1873
Stacey and Davis (2008) 1931
Katsura et al. (2010) 1980

at the 660 km discontinuity was estimated to be lower in those studies (Table 2.1).
Da Silva et al.’s (2000) temperature profiles are much steeper in the whole lower
mantle because the temperature profiles in this study were obtained by matching the
modelled elastic wave velocities of the lower mantle minerals with the seismic
profiles, under the assumption that the heat must be mainly transferred not by
convection, but by conduction.

Subducting lithospheric slabs may significantly cool temperature profiles, par-
ticularly in the upper part of the lower mantle. The profiles of both old, faster
subducting ‘cold’ slabs and younger, slower subducting ‘hot’ slabs after Kirby et al.
(1996) are shown in Fig. 2.3.

Experimental data demonstrated that an electronic spin transition in iron, which
occurs at mid-mantle depths, results in changes to the physical properties of the
ferropericlase, comprising a significant part of the bulk lower mantle. The
numerical model demonstrated that as the result of this electronic transition, the
lowermost region of the mantle is slightly warmed, whereas the upper mantle is
slightly cooled by spin-induced effects (Shahnas et al. 2011).

2.6 Liquidus and Solidus of Mantle Material

The eutectic or peritectic melting of mantle materials consisting of phases with
constant and changeable solid solution compositions is characterized by solid and
liquid phase relations. Sometimes, the phase relations can be significantly affected
by the addition of a small amount of volatiles. Solidus and liquidus profiles within
the mantle were mostly established on the basis of high P-T laser-heated
diamond-anvil cell (LHDAC) experiments on representative compositions using
in situ synchrotron X-ray diffraction measurements and/or quenched sample anal-
ysis. Various criteria for detecting melting include diffuse X-ray scattering, melt
textures and X-ray microtomographs via edge absorption have been adopted in this
area of research (e.g., Fiquet et al. 2010; Andrault et al. 2011; Nomura et al. 2012).

Natural anhydrous fertile lherzolite KLB-1, a natural analogue of the upper
mantle (spinel lherzolite from the Kilbourne Hole crater in New Mexico, USA;
Davis et al. 2009) was studied to establish its solidus line in the lower mantle
(Fiquet et al. 2010). The results show that the solidus line is approximately 900—
1200 K higher than the expected adiabatic geotherms, suggested by Brown et al.
(1981), within the mid-mantle region at depths of 1300-1700 km and ~ 1400 K
higher at the bottom of the lower mantle at a depth of 2700 km. The melting
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temperature at the core—mantle boundary (CMB) was established to be at
4180 £ 150 K (Fiquet et al. 2010). These data are in good agreement with the
mantle solidus inferred at the CMB conditions from shock wave experiments on
Mgo.oFeq.1)2Si0,4 (Holland and Ahrens 1997) and from first principles molecular
dynamics simulations (Stixrude et al. 2009).

Andrault et al. (2011) investigated the melting properties of a synthetic chon-
dritic primitive mantle up to the CMB pressure and found a similar solidus profile;
however, the solidus and liquidus chondritic temperatures of 4150 + 150 K and
4725 4+ 150 K, respectively, at the CMB at 2900 km were much lower than for
lIherzolite. Nomura et al. (2012) indicated that the solidus temperature of a pyrolite
composition, which represents an upper boundary for the melting of the primitive
lowermost mantle materials, is as low as 3570 K 4+ 200 K at the CMB pressures.
The low solidus temperature also suggests the melting temperature of the outer core
to be much lower than what may have been expected previously.

Although the studied compositions may differ from the real lower-mantle
composition, the obtained results may be used as approximations.

2.7 Okxidation Potential in the Lower Mantle

2.7.1 General

Oxygen fugacity fo, (the chemical potential of oxygen) is a fundamental ther-
modynamic parameter in the growth and stability of mineral phases formed in the
Earth’s mantle. Oxygen fugacity can influence phase relations, the presence and
speciation of a fluid phase, among other things

As an equivalent of the partial pressure of oxygen in a particular environment
(melts, rocks, etc.), oxygen fugacity is measured in pascals (Pa). After recalculation
in logarithmic units, it is usually compared with the value, corresponding (at given
P-T values) to the fo, value of the fayalite-magnetite-quartz (FMQ) or iron-wiistite
(IW) buffer values, corresponding to reactions 3Fe,SiO4 + O, = 2Fe;0,4 + 3SiO,
and 2(1-x)Fe + O, = 2Fe,O, respectively. Usually, mantle values of fo, are
located between or close to FMQ and IW buffer values.

At the top of the upper mantle, the calculated oxygen fugacity is shown to vary
between —3 to +2 logarithmic units of the FMQ oxygen buffer (Frost and
McCammon 2008; Stagno et al. 2013). With increasing depth, fo, decreases rel-
ative to oxygen buffers as a result of elevated pressure controlling Fe’*/Fe**
equilibria (Wood et al. 1990). At approximately 8 GPa (~250 km depth), fo,
should be 5 log units below FMQ, and at the base of the upper mantle (~410 km;
14 GPa) fo, has been suggested to extend to ~ 0.8 log units below the IW buffer,
assuming the precipitation of Ni in bulk silicate Earth at this depth (Frost and
McCammon 2008).

This calculated data is supported by direct analyses of Fe®*/XFe ratios in garnet
grains hosted as inclusions within peridotite xenoliths present in South African
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(Woodland and Koch 2003; Lazarov et al. 2009; Hanger et al. 2014) and Canadian
(McCammon and Kopylova 2004; Creighton et al. 2010) kimberlites. Similar
results were obtained from spinel and garnet peridotites in Siberia, demonstrating
the decrease of fp, with increasing pressure: from +1 to —4Alog fo, (FMQ) at a
depth of 180 km (Goncharov et al. 2012) and from —2.5 to nearly —5.9Alog fo
(FMQ) at a depth of 90-220 km (1.2-7.1 GPa pressure) (Yaxley et al. 2012). Local
variations in oxygen fugacity within the upper mantle are caused by petrological
processes, such as partial melting, mantle metasomatism and the recycling of
oxidized material during subduction (Rohrbach and Schmidt 2011; Berry et al.
2013). Controls relating to the local tectonic environment have also been suggested
(Foley 2011).

Estimates of oxygen fugacity for the deep mantle suggest that at depths in excess
of 250 km (>8 GPa), fo, becomes narrowly constrained. Given equilibrium
between mantle phases with molar Mg/(Mg + Fe") (=Xmg) <0.90 and (Fe, Ni)meal,
Jfo, can only vary from values around the IW equilibrium where the metal would be
Ni-rich, to about 1.5 log units below IW where the metal would be almost pure iron
(Rohrbach and Schmidt 2011). The same range of fo, variations (between IW and
IW-1.5) was supposed for the entire lower mantle, suggesting that the bulk oxygen
content of the lower mantle is similar to that of the upper mantle (Frost and
McCammon 2008).

Direct measurements of lower-mantle redox conditions, which provide crucial
constraints on the real oxidation state of the lower mantle, are scarce. Until recently,
less than 20 grains of ferropericlase, bridgmanite and jeffbenite from Sdo Luiz
(Brazil) and Kankan (Guinea) placer deposits have been analysed by means of
Maossbauer spectroscopy to determine their Fe**/ZFe ratios (McCammon et al. 1997,
2004b). The results demonstrate the small amount of Fe>* in ferropericlase (Fe**/A
Fe = 0.1-6.0%), which is in direct contrast to the high amounts of Fe** in bridg-
manite (9-75%) and, in particular, in jeffbenite (66-74%). These differences are
characteristic even for coexisting phases, and have been considered to reflect dif-
ferences in the crystal structures. For example, large amounts of Fe** in bridgmanite
and jeffbenite were considered due to the presence of Al in their compositions, which
stabilizes Fe'* in the perovskite structure, independent of oxygen fugacity
(McCammon 1997; McCammon et al. 2004a). Based on these results, supported by
experimental data, the overall picture of redox conditions in the lower mantle was
suggested to be a “generally reduced bulk mantle with possibly more oxidised
regions, at least some associated with subducting slabs” (McCammon et al. 2004b).

Otsuka et al. (2013) calculated the redox conditions of earlier studies
(McCammon et al. 1997, 2004b) for lower-mantle ferropericlase inclusions in
diamond. The Alog fo, (IW) values appeared to vary from 4.3-3.3 for Kankan,
Guinea and from 3.2-2.6 for Sao Luiz, i.e. within the total A = 1.6 range. The
estimated oxygen fugacities are close to the upper stability limit of diamond in
mantle peridotite at the top of the lower mantle at adiabatic or slightly superadia-
batic temperatures (Otsuka et al. 2013) and lay within a narrow range from 2.6—4.3
log units above the IW buffer (A = 1.7 log units), which is lower than expected by
Rohrbach and Schmidt (2011), but as ‘narrowly constrained’ as the latter suggested.
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Alternative calculations performed by Ryabchikov and Kaminsky (2013, 2014),
based upon the calculated Ni/Fe partition coefficient, estimated the variation of log
Jfo, values in the lower mantle (at the pressure conditions from 30-70 GPa) within a
much wider range from —1 and —1.5 log units below the IW buffer to +3 and +5 log
units (and even higher, in the presence of carbonates) above the IW buffer (A > 7
log units). The proof of such great variations of fo is the presence (among
inclusions in lower-mantle diamonds) of native iron and iron carbides (Kaminsky
and Wirth 2011) from one side, and magnesite and other carbonate minerals
(Kaminsky et al. 2009, 2013) to the other side. The calculations below are based on
Kaminsky et al. (2015).

2.7.2 Oxygen Fugacity Conditions of the Formation
of Natural Ferropericlase

Recently, oxygen fugacity conditions in the lower mantle were estimated on the
basis of the analysis of ferropericlase inclusions from lower-mantle diamonds,
recovered from Brazil and Guinea (Kaminsky et al. 2015). Values of Alog fo, of
the IW buffer vary from 1.58 to 7.76 logarithmic units (for 7 = 1960 K) (Fig. 2.4).
Samples from Juina kimberlites and S3o Luiz placer deposits form a single set
(except one sample from Sdo Luiz), which is understandable, considering their
close spatial proximity within the same Juina area and an identical genesis of
hosting diamonds. These data demonstrate the linear correlation between Alog fo_
and fe values varying in a wide range (0.150-0.641), while ferropericlase from
Kankan, Guinea, vary almost within the same Alog fo, value range, having almost
constant fe (0.117-0.167).

Fig. 2.4 Oxygen fugacity 10 — :
values versus Fe/(Mg + Fe) @ Juina kimberlites
values in ferropericlase grains B Sao Luiz
(P =25 GPa; T = 1960 K). s-J_:—NE’__a_U.____ % Kankan
Trend line demonstrates linear Py
correlation between log fo, . W -
and fe in Brazilian samples. = 6 ﬂ*
FMQ buffer position = < P
(IW + 7.87) calculated for 25 €
GPa and 1960 K using data 8 4 % L
from Holland et al. (2013). <
From Kaminsky et al. (2015). * B
CElsevier 2 i |
]
W
0 - - T ™ ™ -T T
0 0.1 0.2 0.3 0.4 0.5 0.6 0.7

fe = Fe/(Mg+Fe)at
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2.7.3 Oxygen Fugacity Conditions in the Lower Mantle

These results demonstrate wide variations in oxygen fugacity within the
lower-mantle region where diamonds are formed. The calculated variations are
within a range of more than six logarithmic units (A = 6.2), much greater than that
suggested previously for the lower mantle (A = 1.6-1.7; Rohrbach and Schmidt
2011; Otsuka et al. 2013).

The Alog fo, values are above the IW buffer, demonstrating unexpectedly high
oxidation conditions within the lower mantle (Fig. 2.5). In general, Alog f values
for the lower mantle are similar to those of the upper-mantle (Woodland and Koch
2003; McCammon and Kopylova 2004; Lazarov et al. 2009; Creighton et al. 2010;

1 I
! UPH EF|T MANTLE | |
Sc::.'u‘-"j,ﬂ..'r.f'ltl.-"j (WKO3) | ’-l|
Himberleyl S.Africa|(CO%) ¢ |
Firpsh, B. Aftica (1 6‘9;'.‘ { |
Wessglton, S. Africg (H15) - I:
Lesotho (WKOB) b €:
Slave|Crafon, €anada (McC04)k { :
DiaVik, Canada (C10) |t : |
Udachnaya, Sibena (G12)1 +—
Udgchnaya, [Sibegia (Y12)} i :
1
LOWER MANTLE | !
Kankan, Guinea | :
Sqo Luiz | I
uing kimperlites | {:
|
-2 0 2 4 6 8 10
w FMQ
AlogfO, (IW)

Fig. 2.5 Oxygen fugacity values for lower-mantle ferropericlase compared with the values for
garnet from the upper mantle. /W position of the iron-wiistite buffer. FMQ position of the
fayalite-magnetite-quartz buffer. Data on the Kaapvaal Craton in South Africa from Woodland and
Koch 2003 (WCO03), Lazarov et al. 2009 (L09) and Hanger et al. 2014 (H14). Data on the Slave
Craton in Canada from McCandless and Kopylova 2004 (McC04) and Creighton et al. 2010
(C10). Data on the Siberian Craton in Russia from Goncharov et al. 2012 (G12) and Yaxley et al.
2012 (Y12). EMQ buffer position (IW + 7.87) calculated for 25 GPa and 1960 K using data from
Holland et al. (2013). From Kaminsky et al. (2015).©Elsevier
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Goncharov et al. 2012; Yaxley et al. 2012; Hanger et al. 2014), as has been
suggested before (McCammon et al. 2004b).

These data are in agreement with the recent theoretic calculations based on the
grounds of the calculated Ni/Fe partition coefficient (Ryabchikov and Kaminsky
2013, 2014). They demonstrate that the typical values of oxygen fugacity in zones
of diamond formation in the lower mantle lie between the IW buffer and 3-5
logarithmic units above this level. The processes that operate in the lower mantle
can give rise to variation of within several orders of magnitude above the elevated
values, which are necessary for the formation of diamond, as compared with
common oxygen fugacity levels typical of the lower mantle.

The calculated high oxidation conditions within the lower mantle are confirmed
by the presence, in lower-mantle diamonds, of carbonate mineral inclusions
(Kaminsky et al. 2009, 2013) and by the existence of magnesioferrite/Fe>* cluster
exsolution in ferropericlase with its high concentration of Fe’* (Kaminsky et al.
2015). In addition to carbonates, inclusions of free silica have been identified in
lower-mantle diamonds as an abundant phase for all known localities (Brazil,
Guyana and Canada) (Kaminsky 2012). On the other hand, low oxygen fugacity
conditions may also exist within the lower mantle. They are indicated by the
presence of the metallic iron + iron carbide association found among inclusions in
lower-mantle diamond (Kaminsky and Wirth 2011). Such conditions, with Alog fo,
values at and below the IW oxygen buffer, may occur in the lowermost lower
mantle and D" layer. The performed calculations by Kaminsky et al. (2015)
demonstrate that with an increase in temperature and pressure conditions, the Alog
Jo, values fall and may reach or lie below the IW oxygen buffer. Therefore, the
diapason of Alog fo, values within the entire sequence of the lower mantle may
reach ten logarithmic units, varying from below the IW buffer to the FMQ buffer
values.

2.8 Conclusions

Geophysical models, based on the pyrolitic or chondritic average compositions of
the Earth’s mantle, demonstrate gradual changes in seismic wave velocities, den-
sity, temperature and other physical properties within the lower mantle. However,
so far, none of the lower-mantle model compositions (pyrolite, CI-chondrite,
‘cosmic’) fully fits the data on seismic velocities. They all show a significant
mismatch, particularly in the lower part of the lower mantle, observing composi-
tional differences between the lower and upper mantle.

Of particular interest are indications of the enrichments of the lower mantle in
Si0,, in comparison with the pyrolitic upper mantle. Such indications were
obtained from both re-examination of the seismic profile (Matas et al. 2007) and
analysis of the density profile (Ricolleau et al. 2008, 2009) within the lower mantle.

Despite some uncertainties in the PREM, we used this model in all of our further
constructions. All mismatches, in our opinion, are caused by the non-pyrolitic
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composition of the lower mantle, which is confirmed by data on natural mineral
association from the lower mantle.

The oxygen fugacity Alog Emphasis>0,0, values for the lower mantle are similar
to those of the upper mantle. The entire sequence of the lower mantle may reach ten
logarithmic units, varying from below the IW buffer to the FMQ buffer values.
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